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6 The carbon cycle and climate

6.1 Global carbon cycle

6.1.1 Carbon reservoirs and fluxes

In preceding chapters we have examined the production and fate of carbon-containing compounds, which
provide a background for considering the patterns of carbon flow through the Earth system. A much
simplified summary of the carbon cycle is shown in Fig. 6.1, which gives an idea of the sizes of the
various compartments (or reservoirs) in which carbon is located, the exchange rates (or fluxes) between
these reservoirs and the main forms in which carbon exists in each reservoir. The carbon cycle in Fig. 6.1
is in a steady state, i.e. inputs and outputs from each reservoir are in equilibrium, and under such
circumstances the residence time of carbon in each reservoir can be calculated by dividing the reservoir
size by the total flux either in or out of the reservoir (at equilibrium, these two total fluxes are equal). A
time just before the onset of the industrial revolution is chosen in order to avoid the imbalance to the
system resulting from exploitation of fossil fuels (which is considered in Section 6.5.1). All the reservoir
and flux values are approximate, because many cannot be measured directly and so are inferred from
other measurements; estimates are constantly being revised. Nevertheless, it can be seen that by far the
largest reservoir of carbon, accounting for c. 99.9% of the total, is sedimentary rock, mainly in the form of
carbonates.

It is convenient to consider the carbon cycle as comprising two subcycles. The larger (c. 75 Pt of C)
involves sedimentary rocks and residence times of millions of years, which may be thought of as the
geochemical subcycle. The smaller (c. 40 Tt of C) incorporates dissolved and non-living particulate organic
matter in water bodies (primarily the oceans) and soils, together with the biota biomass. It involves biological
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Fig. 6.1 Simplified summary of the preindustrial global carbon cycle, showing approximate sizes of the main reservoirs
(variously shaped boxes) and annual fluxes (arrows) in Gt (1015 g) of carbon (after several sources, including Bolin et al.
1979, 1983; Kempe 1979; Mopper & Degens 1979; De Vooys 1979; Siegenthaler & Sarmiento 1993; Sundquist 1993;
Arthur 2000; Falkowski et al. 2000). Reactive sediments are capable of exchanging material with the water column.
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recycling and residence times of up to a hundred years or so only, and may be thought of as the biochemical
subcycle. These two subcycles are linked by a small two-way flux. That from biochemical to geochemical
subcycles is the rate of incorporation of carbon into sedimentary rocks, estimated at c. 0.3 Gt yr−1, with a
carbonate-C to kerogen-C ratio of c. 4:1 (and similar to the mean ratio for all sedimentary rocks; Fig. 6.1).
In a steady state there is an equal flux in the opposite direction, primarily through erosion and weathering
of sedimentary rocks. However, human exploitation of fossil fuels has greatly augmented this flux from
the geochemical to the biochemical subcycle.

While the larger, geochemical, subcycle is quantitatively the most important (c. 99.95% of total carbon),
all the organic matter and a large part of the carbonate in this cycle has originated from the biochemical
subcycle (i.e. from living tissues). As was discussed in Section 1.4.2, the quantity of free oxygen in the
atmosphere is controlled by the amount of reduced (organic) carbon compounds preserved in sedimentary
rocks, which is a result of the link between the biochemical and geochemical subcycles.

6.1.2 Biochemical subcycle

In the atmosphere carbon exists mainly as carbon dioxide (Fig. 6.1), which is taken up by plants during
photosynthesis. The amount of solar energy captured by plants during photosynthesis is referred to as
gross primary production and can be measured by the amount of carbon dioxide that has been fixed.
As noted in Section 3.2.3, some of the gross primary production is used to provide the energy needed for
the performance of normal biochemical processes, which are collectively termed respiration. Respiration
can be viewed as the ‘burning’ of organic compounds to release stored energy, and because it releases
carbon dioxide back into the atmosphere it is effectively the opposite of photosynthesis. The part of gross
primary production that is not respired, but is available for growth and reproduction, is called net primary
production.

From Fig. 6.1 it can be seen that the annual net primary production for land plants and marine plants is
similar (c. 60 and 40 Gt, respectively), although the biomass of terrestrial plants is much greater than that
of marine plants. This is an important demonstration of the fact that biomass is not necessarily a guide to
productivity. There is another difference between the marine and terrestrial parts of the biochemical
subcycle: the residence time of C in the main reservoirs. From Fig. 6.1 it can be seen that the residence
time of carbon in the terrestrial biota is c. 5.5 yr (i.e. 600/110 yr), and c. 26 yr (1600/60.6 yr) in soil organic
matter. In contrast, the residence time of C in marine phytoplanktonic biomass is only c. 2 weeks (1.5/40
yr), but c. 338 yr (39000/115.3 yr) in oceanic dissolved carbon.

(a) Terrestrial component of the biochemical subcycle

Net primary productivity on land varies greatly between biomes (Section 3.2.8, Table 3.2). The relatively
large biomass of terrestrial plants is due to the storage of organic matter as woody material during life
spans that are considerably longer than those of the unicellular photosynthesizers in aquatic environments.
The detritus from terrestrial plants makes a large annual contribution to the organic matter in soils, which
in turn supports a considerable decomposer community. The latter respires some 60 Gt C yr−1, mostly as
CO2 but accompanied by CH4. The residence time of C in soil of c. 25 yr is an approximate mean: the
most readily decomposed organic matter in fresh litter being decomposed within a couple of years,
whereas the more recalcitrant material can survive and contribute to peat formation (Section 3.3.3).

Organic matter is quite efficiently recycled in soils, and so preservation of organic matter is confined
mostly to peat formation in moorland bogs and low-lying swamps, but the size of this carbon reservoir (c.
160 Gt) is not known with any accuracy. While the present annual accumulation rate of peat is low
compared with that of organic-rich marine sediments, the presence of large coal deposits in the sedimentary
record suggests that peat formation was of much greater importance in the past (see Section 4.6.1).
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Freshwater environments contribute to the terrestrial biochemical subcycle, but the present-day net
primary production in such environments is relatively minor at <1 Gt yr−1. Carbon-rich deposits are being
formed under certain conditions in some lakes, but lakes contain only a very small volume of water
compared with the oceans and so it is in marine sediments that most of the global preservation of organic
carbon is occurring. The river run-off component of c. 0.6 Gt yr−1 in Fig. 6.1 represents dissolved and
particulate organic carbon together with inorganic C derived from rock weathering. Fluvial particulates
contribute little to the open ocean, because they are mainly deposited in estuaries and deltas as a result
of slackening currents and the flocculation caused by salinity differences.

(b) Marine component of the biochemical subcycle

On a global basis, macroscopic, multicellular algae (seaweeds) make only a minor contribution to marine
primary production; 95% is accounted for by the phytoplankton. Phytoplankton are short-lived compared
with terrestrial plants, especially trees, and do not need to produce supportive structural tissue, which is
mostly photosynthetically inactive. Virtually the whole of the net primary production of phytoplankton is
directed towards reproduction and growth, but much of this is grazed by herbivorous zooplankton. As a
consequence of this efficient grazing, phytoplanktonic biomass is low and the ratio of animal to plant
biomass in the oceans is greater than on land.

The flow of carbon in the marine part of the biochemical subcycle involves buffering by the large
reservoir of dissolved C (39 Tt), most of which is in the form of dissolved inorganic carbon (DIC). Whereas
terrestrial plants take up carbon dioxide directly from the atmosphere in gaseous form, aquatic plants
utilize the CO2 dissolved in water, and it is for this reason that the photosynthesis and respiration flux
arrows in Fig. 6.1 do not point directly to marine biota. A dynamic equilibrium exists whereby CO2 molecules
are constantly exchanging between the atmosphere and oceans (where it forms part of the DIC). In
solution, the CO2 is involved in a sequence of reversible reactions that favour the bicarbonate ion (see
Box 3.12). Consequently, at constant temperature, increasing the level of CO2 in the atmosphere causes
more of the gas to dissolve in the oceans, resulting in an increase in all the chemical species of carbon in
Eqn 3.8, once the dynamic equilibria have been reestablished.

The presence of the permanent thermocline effectively divides the marine carbon cycle into surface-
water and deep-waters compartments, as in Fig. 6.2. The deep compartment contains most of the DIC,
and its residence time can be seen to be c. 1000 yr (37000/37 yr), which equates to the rate of turn-over
of the oceanic water column. The organic remains of organisms and faecal pellets represent a particulate
organic carbon (POC) reservoir of c. 30 Gt (Mopper & Degens 1979). Dissolved organic carbon (DOC; c.
700 Gt; Hedges 1992), therefore, accounts for some 95% of the total marine organic carbon. On average,
only c. 10% of net primary production escapes from the surface compartment, of which at most half
reaches the surface sediments (Fig. 6.2). Some of the recycled POC is converted to DOC rather than
being completely respired to CO2. The small amount of POC that reaches the sediment is mostly recycled
by detrital-feeding benthonic organisms. Carbonate tends to dissolve and, in addition to the CO2 and
DOC produced by decomposition processes, can be leached out of the upper layers of sediments (the
reactive sediments in Fig. 6.1) into pore waters, which are able to exchange with water overlying the
sediments. With increasing sedimentation this exchange process ceases and long-term preservation of
carbon can occur as sediments consolidate and lithify.

Although carbon is chiefly assimilated by phytoplankton as CO2, a significant amount of bicarbonate-
C is removed from seawater by those producing tests of calcium carbonate:

Ca2+(aq) + 2HCO3
−(aq) → CaCO3(s) + CO2 + H2O [Eqn 6.1]

The removal of bicarbonate from the pool of DIC causes a decrease in total dissolved C and a decrease
in alkalinity (the loss of every Ca2+ is matched by two HCO3

−, so the ionic balance is maintained, but at
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a lower bicarbonate contribution to total alkalinity; see
Box 3.12). The decline in alkalinity is double that of
dissolved C: while two negative charges are lost, only
one C atom is removed from the DIC because one of
the bicarbonate C atoms is converted to a molecule
of dissolved CO2 (Fig. 6.3a). Although photosynthesis
effectively removes dissolved C, more CO2 enters
surface waters from the atmosphere. Movement of
CO2 into and out of surface waters does not affect
alkalinity per se (see Box 3.12). The warm and cold
surface waters in Fig. 6.3a have similar alkalinities,
but their different dissolved C content is due to the
declining solubility of CO2 with increasing temperature
(as for all gases) and the balance between
photosynthesis and respiration. The trend from cold
surface water to deep Pacific water reflects the
transport of water towards the deep Pacific and the
associated increasing contributions from dissolution
of CaCO3 and respiration of organic matter. The
solubility of CaCO3 increases with pressure (depth),
and increasing the DIC concentration raises the acidity
of water, further increasing carbonate dissolution.

The influence of DIC concentration and alkalinity
on the partial pressure of CO2 in surface waters (pCO2;
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see Box 1.11) is shown in Fig. 6.3b. When the input of CaCO3 (e.g. from dissolution) is greater than its
output (e.g. by test secretion and ultimately burial in sediments), DIC concentration and alkalinity increase
and pCO2 decreases slightly. The opposite behaviour is observed when CaCO3 input is less than its
output. The effects of exportation of net primary production are also shown for contrasting regimes in Fig.
6.3b. The export of organic matter alone (Corg/CCaCO3 = ∞, Fig. 6.3b) is representative of high-nutrient
polar surface waters, where production is dominated by organic-walled and siliceous phytoplankton, and
it involves a slight increase in alkalinity owing to the extraction of the nutrient nitrate (and hence dissociation
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of additional carbonic acid to restore the ionic balance; Sigman & Boyle 2000). Export of organic-C and
carbonate-C in a ratio of c. 4:1 is characteristic of warm low-latitude surface waters, where calcareous
microalgae are important among the phytoplankton, and it results in decreasing alkalinity. From Fig. 6.3
it can be seen that the export of organic matter out of surface waters results in a decrease in pCO2, so
there is a net draw-down of CO2 from the atmosphere until equilibrium is reestablished for the ocean-
atmosphere CO2 exchange. Consequently, the transfer of carbon from surface waters to the deep ocean
via phytoplanktonic production is known as the biological pump. The export of CaCO3 exerts a relatively
limited influence on the draw-down of CO2 (Fig. 6.3b).

Although the CO2 exchange between atmosphere and oceans is shown to be in equilibrium in Fig. 6.3,
there are latitudinal variations. The major polar areas of deep-water formation (Antarctic Bottom Water
and North Atlantic Deep Water; Box 3.2) correspond to net sinks of atmospheric CO2, because the gas is
particularly soluble in the cold waters that sink in these regions. Regions where deep water upwells, such
as in the equatorial belt, are net sources of CO2 to the atmosphere, because of their high DIC content
and the increase in temperature at the surface in low latitudes. Other regions can be net sinks or sources,
depending upon the patterns of seasonal primary productivity (e.g. Antarctic Divergence; Box 3.5).

6.1.3 Geochemical subcycle

Despite the large quantity of carbon in the geochemical subcycle, the average carbon content of the
Earth’s crust is <0.5% (by wt). The amount of carbon in sedimentary rocks can be calculated from estimates
of the total volume of different types of sedimentary material and their average carbon contents (Kempe
1979). Such approximations give the value of c. 75 Pt C for the sedimentary rock carbon reservoir in Fig.
6.1. Although some 5% of marine net primary production enters sediments, the greater part of it is
recycled, and only a small proportion is preserved in sedimentary rocks. From Fig. 6.1 it can be seen that
the approximate residence time of C in the reactive surface sediments is 1.5 kyr (3000/2 yr), but once
lithification occurs (see Box 1.1) the residence time increases to c. 250 Myr (75x106/0.3 yr). The latter
residence time is of the order of tectonic cycling of lithospheric plates, so it is not surprising that the major
processes involved include volcanism and the weathering of uplifted and exposed sedimentary rocks.
The role of human exploitation of fossil fuels is considered in Section 6.5.

At first sight, the geochemical subcycle appears to play a minor role, but the fact that it involves such a
large reservoir of C indicates its importance over geological time scales. It is slightly more complex than
indicated in Fig 6.1; a more detailed representation is given in Fig. 6.4, with the relatively small fluxes
shown in kt yr−1.

The major sink for atmospheric CO2 involves the subaerial weathering of carbonates and silicates in
sedimentary rocks. Physical weathering (e.g. freeze-thaw and tectonic action) increases the surface area
available for chemical weathering by the carbonic acid formed upon dissolution of CO2 in rain water:

CaCO3(s) + CO2 + H2O → Ca2+(aq) + 2HCO3
−(aq) [Eqn 6.2]

CaSiO3(s) + 2CO2 + H2O → Ca2+(aq) + 2HCO3
−(aq) + SiO2 [Eqn 6.3]

Although simple calcium-containing minerals are shown in Eqn 6.2, other cations are involved [e.g. dolomite,
CaMg(CO3)2; albite, NaAlSi3O8; anorthite, CaAl2Si3O8]. When the bicarbonate produced reaches the
oceans it may be precipitated (mainly by calcareous organisms) as calcium carbonate, as represented
by Eqn 6.1. This reaction is the reverse of Eqn 6.2, so carbonate weathering and subsequent precipitation
and long-term preservation of calcium carbonate does not result in a net change in atmospheric CO2
levels. In contrast, silicate weathering followed by precipitation of calcium carbonate releases back to the
atmosphere only half the amount of CO2 originally drawn down during the weathering process, as can be
seen by adding Eqns 6.1 and 6.3:
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CaSiO3(s) + CO2 → CaCO3(s) + SiO2 [Eqn 6.4]

Silicate weathering resulting from the dissolution of ambient atmospheric CO2 would be slow under
the low carbonic acid concentrations produced at present-day atmospheric CO2 levels. However, much
higher CO2 concentrations are found in soil pore-waters, due to the respiration of plant roots and the
microbial oxidation of organic matter. Organic acids from root exudates and microbial activity also contribute
to the weathering process (Berner 1992).

The weathering of kerogen in sedimentary rocks may be considered as equivalent to aerobic respiration
(Eqn 1.27; Keller & Bacon 1998), and the opposite of photosynthesis, which can be represented simply
by:

The oxidation of coal and kerogen appears to be fast on geological time scales, so uplift and erosion
rates are the limiting factors, as for silicate weathering (Chang & Berner 1999). However, some DOC and
solid oxidation products are formed as well as CO2, so the process of kerogen weathering is not as
simple as implied by Eqn 6.5 and the arrow to dissolved C in Fig. 6.4. As can be seen from Eqn 6.5, the
oxidative weathering of kerogen has an impact on atmospheric O2 levels, as does pyrite weathering (Eqn
1.26); both processes consume oxygen.

Oceanic basalts can be carbonated by the CO2 escaping from the mantle and by dissolved CO2 during
hydrothermal circulation in the vicinity of mid-ocean ridges, as shown in Fig. 6.4. Volcanism leads to CO2
from the mantle dissolving in seawater or escaping directly to the atmosphere (only the first route is
shown in Fig. 6.4 for simplicity). Volcanism, metamorphism and deep diagenesis can all release CO2 by
reactions that are effectively the reverse of Eqn 6.4.

There are various feedback mechanisms that can control some of the processes in Fig. 6.4, some of
which are summarized in Fig. 6.5 in terms of the overall controls on atmospheric CO2 and O2 levels. Any
combination of pathways forming a closed loop can be followed in Fig. 6.5, and the overall feedback is
negative (i.e. stabilizing) if there is an odd number of negative feedback pathways in the loop. The loop
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ahrc, which stabilizes atmospheric O2 levels by the negative feedback involving phosphate availability to
phytoplankton, has already been examined simply in Fig 3.10 (Box 3.6; Holland 1994; van Capellen &
Ingall 1996). Other important negative feedbacks are represented by the following loops:

(a) blg: weathering of silicates draws down CO2 from the atmosphere, causing a decrease in
greenhouse warming (see Box 6.1), lower temperatures and less atmospheric moisture, and
hence slower weathering rates (Berner & Caldeira 1997).

(b) ntg: plant growth draws down CO2, accelerates silicate weathering, decreasing atmospheric
CO2 levels and slowing plant growth (Volk 1987).

(c) dec: higher atmospheric O2 levels lead to more vegetation fires, which limit terrestrial net primary
production and reduce O2 levels (Kump 1988); although the charcoal formed from woody tissue
is resistant to decay and so may limit the extent of the negative feedback.

(d) dfprc: increased O2 levels cause more vegetation fires, decreasing the standing crop, so leading
to less weathering of phosphate minerals, a decreased supply of phosphate to the oceans,
decreased marine net primary production, less organic C burial and so lower O2 production
(Berner 1998, 1999).

(e) bjprs: higher atmospheric CO2 levels result in a warmer and wetter (owing to increased
evaporation) climate, which increases weathering of phosphate minerals, increasing phosphate
availability in the oceans, increasing net primary production and hence burial of organic C, which
reduces atmospheric CO2 levels (Berner 1999).

Fig. 6.5 Important feedback mechanisms operating in the long-term carbon cycle (after Berner 1999).
Letters refer to feedbacks in various loops discussed in the text. The weathering of silicates infers
subsequent precipitation and long-term burial of carbonate. Processes in boxes are regulated by
tectonic activity and are not subject to feedbacks from the other processes depicted.
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Box 6.1 Greenhouse effect

The mean surface temperature of the Earth is primarily the result of a balance between the energy
it receives from the Sun and the energy it radiates back into space. There is also a contribution
from heat flow from the Earth’s interior (c. 8 x 10−2 W m−2), but this amounts to c. 0.02% of the
Sun’s contribution. The high surface temperature of the Sun (equivalent to a black body temperature
of c. 6000 K) means that solar energy is confined to the short wavelength region of the
electromagnetic spectrum, with a maximum in the visible region (Fig. 6.6). Of the solar energy
incident at the top of the atmosphere (or insolation, which totals c. 343 W m−2), some is reflected
back into space by clouds, atmospheric dust and the Earth’s surface (land, plants and water), but
the remainder heats up the Earth’s surface (c. 240 W m−2). The reflected portion is c. 30% (Trenberth
et al. 1996), so the average reflectivity of the Earth, its albedo, is 0.3. Ice is particularly reflective,
with an albedo of up to 0.9.

The Earth is warmer than than surrounding space, so it radiates energy back into space, at
wavelengths dictated by its black-body temperature (c. 255 K, or −18˚C). The relatively cool surface
temperature means that the emitted radiation is at longer wavelengths than the incoming radiation,
in the infrared region of the electromagnetic spectrum (like heat emission from an electric fire). An
exact balance between this back radiation and absorbed insolation would maintain a constant
mean surface temperature at the Earth’s surface.

Although the gases in the atmosphere cause only minor attenuation of the incoming energy at
short wavelength, they can absorb significant amounts of the longer wavelength outgoing energy.
This is because infrared wavelengths correspond to the resonant energies associated with vibration
(stretching, compression and rotation) of chemical bonds, each type of bond having its own
characteristic resonant frequencies. The energy absorbed by gas molecules is re-emitted, but
equally in all directions, and so roughly half of this energy (c. 148 W m−2) is trapped and travels
back to the Earth’s surface. The trapping of this back radiation by molecules of various gases is so
effective that only a narrow window (c. 8–12 µm; Fig. 6.6) exists by which radiation can escape to
space. This effect has be likened to that caused by the glass in a greenhouse, and it causes the
effective average surface temperature of the Earth to be 15˚C (c. 288 K).

Quantitatively the most important greenhouse gas is water vapour, followed by carbon dioxide.
Methane, ozone and nitrous oxide all have greater warming potentials than CO2 on a molecule to
molecule basis (see Box 6.5), but their overall greenhouse effects are smaller because of their low
concentrations. Although absorption of radiation by CO2 appears to be almost 100% efficient, an
increase in atmospheric CO2 results in an increase in trapped radiation because band broadening
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An even number of (or zero) negative feedback steps results in an overall positive feedback loop, examples
of which include:

(a) dfm: higher atmospheric O2 levels result in more fires and hence fewer land plants, leading to
less weathering of organic matter and hence lower O2 draw-down (Berner 1999).

(b) bjk: higher atmospheric CO2 levels result in greenhouse warming, increasing precipitation, which
increases weathering of organic matter and production of CO2 (Berner 1999).

The potential negative feedbacks tend to stabilize atmospheric CO2 and O2 concentrations in the long
term. However, the processes represented by boxes in Fig. 6.5 are the result of tectonic activity and so
are not controlled by feedbacks. They have the potential to disrupt the carbon cycle severely, as is
considered in Section 6.3. As indicated in Fig. 6.5, oceanic circulation can influence the C cycle in complex
ways via its influence on climate, through its impact on heat distribution over the surface of the Earth and
the rate and net direction of CO2 exchange with the atmosphere. Similarly, continental relief and distribution
has an effect on the climate through its influence on winds and currents. All these factors are investigated
in Section 6.3.1.

6.2 Changes in carbon reservoirs over geological time

6.2.1 Sedimentary preservation of organic carbon

In Section 1.4.2 it was seen how the oxygen content of the atmosphere is linked to primary production
and the long-term burial of organic matter in sedimentary rocks (see Eqn 6.5). However, the amount of
carbon in the kerogen reservoir cannot always have been c. 15 x 106 Gt, as shown for the preindustrial
steady state represented in Fig. 6.1. The presence of kerogen is attributable to the appearance and
evolution of life. We can estimate the amount of organic C in sedimentary rocks and investigate the
importance of photosynthesis throughout the history of life on Earth by examining the δ13C record of
kerogen and carbonates. The mean isotopic signature for the Earth as a whole can be assumed to be
that inherited from the parent solar nebula, which is represented by the isotopic signature of the mantle
(δ13C c. −5‰) in Fig. 6.7. The different isotopic signatures of the various surficial (atmospheric, hydrospheric
and lithospheric) reservoirs of carbon are attributable to a range of isotopic fractionation processes.

As reviewed in Section 5.8, biological processes discriminate in favour of the lighter isotope, with C3
photosynthesis exerting the major influence on the isotopic signature of organic matter. As a result, the
average δ13C value for organic matter (living and dead) in the crust is c. −25‰. The two surficial reservoirs
of the CO2 used in photosynthesis (atmosphere and ocean) are correspondingly depleted in the lighter

occurs (a widening of the adsorption wavelength window shown for CO2 in Fig. 6.6), causing an
increase in the Earth’s surface temperature. As temperature rises so does the level of back radiation
from the Earth’s surface so that, if atmospheric CO2 levels were allowed to stabilize at a constant
higher value, an equilibrium would once again be established between incident and emitted energy
fluxes, but at a higher mean surface temperature. The instantaneous heating caused by a doubling
of atmospheric CO2 concentration from 300 to 600 ppm is estimated to be 4.0–4.5 W m−2 (Cess et
al. 1993) but once the Earth system has adjusted, the heating effect (or radiative forcing) is c.
3.5–4.0 W m−2, for which the associated temperature rise has been modelled at 1.5–4.5˚C (Harvey
2000; Houghton et al. 2001). Based on observed increases in ocean-water temperature (see Section
6.5.1), the temperature increase caused by such a doubling of atmospheric CO2 concentration
could be towards the higher end of this range (c. 3˚C; Kerr 2000).
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isotope. The atmospheric reservoir, used by terrestrial plants, has a δ13C value of −7‰. The oceanic
reservoir, used by phytoplankton, is dissolved CO2, which rapidly equilibrates with bicarbonate (δ13C
1‰), the isotopic signature of which is broadly preserved in sedimentary carbonate (δ13C c. 0‰). All the
carbon in the surficial reservoirs is ultimately derived from outgassing from the mantle (Fig. 6.7), so on
average it must retain the primordial δ13C signature of c. −5‰:

where f is the fraction of C in each of the surficial reservoirs.
From Eqn 6.6 it can be seen that the geological record of δ13C for kerogens and carbonates reflects

changes the sizes of C reservoirs, in addition to changes in the relative importance of the various
fractionation processes (such as C3 photosynthesis). Because the kerogen and carbonate in sedimentary
rocks dominate the shallow reservoirs (>99.9%), the isotopic mass balance in Eqn 6.6 can be written
simply as:

δ13Cprimordial = forganicδ13Corganic + (1−forganic)δ13Ccarbonate [Eqn 6.7]

where forganic is the fraction of C in kerogen (relative to kerogen + carbonate). Inserting the approximate
δ13C values from Fig. 6.7 into Eqn 6.7 gives a value of 20% for forganic.

The carbon isotopic records of sedimentary carbonate (+0.5‰ ± 2.5‰) and organic matter (mainly
−26‰ ± 7‰) appears fairly constant for at least the past 3.5 Gyr (Fig. 6.8), and possibly longer, if allowance
is made for metamorphism affecting the δ13C values of the 3.8 Ga samples from Isua, Greenland
(carbonate-C become slightly lighter and organic-C heavier; Schidlowski 1988). The carbon isotopic
record has not been entirely uniform throughout geological time. Some excursions have occurred, which
can be attributed to natural perturbations that were followed by a relatively rapid return to the mean
isotopic levels described above. For example, unusually heavy carbonates (having δ13C values >+5‰)
have been recorded for two periods in the Precambrian (2.7 and 1.8–1.9 Ga; not shown in Fig. 6.8),
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coinciding with the two most powerful stages of magmatism and granitization (Rhodesian and Belomorian)
in the Earth’s history (Galimov 1976). The heightened tectonic activity caused injection into the atmosphere
and ocean of huge quantities of metamorphogenic CO2, relatively rich in 13C, which was incorporated in
biogenic carbonates until levels once again returned to their equilibrium values. Enhanced methanotrophic
activity may be involved in two negative spikes in δ13Corganic at c. 2.7 and 2.1 Ga (Schidlowski 1988).

The residence time of carbon in the DIC reservoir (mainly bicarbonate) is relatively short (c. 1 kyr from
Fig. 6.2), so any changes in processes affecting the δ13C signature of bicarbonate (such as the amount
of net marine primary production) would be preserved in the sedimentary carbonate record. In view of
this, it might be thought that the broadly constant δ13C records for kerogen and carbonate indicate that
forganic has remained at 0.2 for the past c. 4 Gyr and that net photosynthetic production rapidly reached a
limiting level and then remained more or less constant (Schidlowski 1988). However, the data in Fig. 6.8
do not take into account any thermally induced increase in the δ13C values of kerogen due to the loss of
isotopically light volatiles (Section 4.5.4a). This effect is more likely to have been experienced by Archaean
and Proterozoic than Phanerozoic samples, but it can be taken into account. As can be seen from Fig.
4.15, the atomic H/C ratio of a kerogen decreases with increasing thermal maturity, and can be correlated
with the increase in δ13C (McKirdy & Powell 1974):

δ13Coriginal = δ13Cmeasured − 4.05 + 3.05r – 0.785/r – 0.0165/r2 + 0.000879/r3 [Eqn 6.8]

where r = measured atomic H/C ratio. Applying this correction to Proterozoic data, after discarding data
for samples that have experienced the most extreme thermal alteration, provides the plot in Fig. 6.9b,
which is significantly different from the plot of the raw data (Fig. 6.9a).

Clearly, δ13Corganic increased during the Proterozoic. Equation 6.7 can be rearranged to:

The δ13Ccarbonate record has remained fairly constant, and δ13Ccarbonate values do not appear to be
affected by post-depositional alteration (Veizer et al. 1992). So if it is assumed that δ13Corganic has likewise
remained reasonably constant (i.e. controlled largely by C3 photosynthesis), the changes in (δ13Ccarbonate
− δ13Corganic), which we can call εsedimentary, are primarily due to changes in forganic (Des Marais et al.
1992). The resulting changes in forganic are shown in Fig. 6.9c. If it is assumed that the value of forganic at
2.6 Ga can be applied to all previously buried carbon, and that the crust contained c. 8.2 Pt Corganic at 2.6
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δ13Cprimordial − δ13Ccarbonate δ13Ccarbonate + 5

δ13Corganic − δ13Ccarbonate δ13Ccarbonate − δ13Corganic
forganic = = [Eqn 6.9]

Ga (based on data from Schidlowski 1988), changes
in crustal Corganic can be estimated as shown in Fig.
6.9d (Des Marais et al. 1992).

There appear to have been two main increases in
forganic and the total amount of organic C buried, at c.
2.1–1.8 and c. 1.0–0.7 Ga. The likely agent is tectonic
activity, because these two periods correspond to major
episodes of rifting and orogeny, resulting in enhanced
erosion and weathering of rocks, which delivers more
nutrients and clastic material to the oceans. The
combined effect is to promote marine primary
production and increase the rate of burial of organic
matter. During the earliest Proterozoic, forganic is
predicted to be low (c. 0.1; Fig. 6.9c), which is consistent
with the low amounts of organic matter present in early
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Proterozoic stromatolitic carbonates (Des Marais 1991). This may reflect efficient remineralization of
organic carbon similar to that seen in modern microbial mats (Des Marais et al. 1992). Major rifting
commenced at 2.2–2.1 Ga, producing basins suitable for large-scale preservation of organic matter (see
Box 3.11). There is evidence for enhanced continental erosion and silicate weathering in the form of a
sustained rise in seawater 87Sr/86Sr (Veizer & Compston 1976; Box 6.2). The associated draw-down of
CO2 and climatic cooling may account for the glaciations of the time (Harland 1983). The opening and
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closing of major ocean basins seems to have reached maximum intensity at 2.1–1.7 Ga, and the predicted
high rate of organic burial may be reflected in the formation of 13C-rich carbonates (Baker & Fallick 1989).
With the increase in crustal organic carbon content, the atmosphere would have become more oxidizing,
possibly accounting for increased iron(III) retention in palaeosols (Holland & Beukes 1990) and the
occurrence of extensive redbeds (Eriksson & Cheney 1992), as discussed in Section 1.4.2. Tectonic and
orogenic activity declined 1.7–1.2 Gyr ago, but then increased at 1.2–0.9 Ga (Grenvillian orogeny) during
the assembly of the supercontinent Rodinia (see Section 6.3.2). The general trend in burial of organic
carbon appears to parallel these major fluctuations in tectonic activity (Fig. 6.9d).

The declining difference in δ13C values between carbonate and kerogen during the Proterozoic (Fig.
6.9b) suggests a decreasing isotopic discrimination during photosynthesis as a consequence of falling
atmospheric (and hence dissolved) CO2 concentration (see Section 5.8.2). The largest declines in
εsedimentary coincide with the most intense phases of global rifting and orogeny, consistent with enhanced
draw-down of atmospheric CO2 during silicate weathering (Berner et al. 1983).

Major changes in forganic appear to have occurred during the Neoproterozoic (c. 900–545 Ma), but
since the Early Devonian, when vascular plants had completed their colonization of the land, this parameter
appears to have remained at c. 0.25 (Fig. 6.10d; Hayes et al. 1999). Two sharp drops in forganic can be
seen in Fig. 6.10d during the Sturtian and Varangerian ice ages. As can be seen in Section 6.3.2, primary
productivity was probably very low during these glaciations, but the cold episodes were terminated by
pronounced warming, which caused the precipitation of carbonates directly from solution (Fairchild 1993;
see Box 1.1).

Box 6.2 Strontium isotope record of continental weathering

The ratio of two of the stable isotopes of strontium, 87Sr/86Sr, can be used to determine the
relative importance of weathering of continental rocks. The oceans are the ultimate repository of
the products of weathering, and strontium ions can replace calcium ions during the formation of
calcite, so carbonate tests provide a record of variation in the 87Sr/86Sr of seawater over geological
time (Burke et al. 1982; Koepnick et al. 1988). The 87Sr/86Sr ratio of seawater can be considered
to represent mixing of two end-members with characteristic 87Sr/86Sr values (Palmer & Edmond
1989). That with the lower value of 0.703 is derived from the mantle and enters the oceans primarily
via the hydrothermal circulation through oceanic crust. The higher value of c. 0.715 derives from
the weathering of continental crust and is transported to the oceans via rivers. Continental crust
contains greater concentrations of the radionuclide 87Rb than oceanic crust, the decay of which
yields 87Sr. Continental crust does not have uniform composition, and its 87Sr/86Sr ratio can vary
between 0.71 and 0.72. About 75% of the Sr input to the oceans derives from weathering of
ancient marine carbonates, which bear the isotopic signature of the oceans prevailing at the time
of their original deposition (Brass 1976).

Changes in the 87Sr/86Sr ratio of marine carbonates reflect variations in the relative rates of
continental weathering and hydrothermal activity. Consequently, independent evidence of tectonic
activity (i.e. the total length and spreading rates of mid-ocean ridges) is required for accurate
assessment of continental weathering rates. The 87Sr/86Sr ratio decreased at the beginning of the
Jurassic, coincident with the onset of rifting of the supercontinent Pangaea and increased sea-
floor spreading (see Fig. 6.14a,b). In contrast, the 87Sr/86Sr ratio has risen over the last 25 Myr,
and is apparently attributable primarily to the uplifting and weathering of the Himalayas (Edmond
1992).
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The value of εsedimentary varies significantly in Fig.
6.10c, the implications of which can be evaluated using
the much simplified expression in Eqn 5.36. The
interplay between εsedimentary, εphotosynthesis (allowing
for heterotrophic alteration, εhet) and temperature
(which has a significant influence on εcalcite−CO2(aq);
Section 5.8.5) can be represented by the plot in Fig.
6.11. As described in Section 5.8.2, the maximum
value for εphotosynthesis−εhet is c. 25‰, assuming that
chemoautotrophy is insignificant, and so few data
points are expected to lie above the uppermost,
inclined solid line (passing through 25‰) on the
εphotosynthesis−εhet axis. During the period 800–750 Ma
and most of the Phanerozoic up to the Neogene
(excluding the Carboniferous-Permian and mid-
Jurassic), εsedimentary is within the range 28–32‰ in
Fig. 6.10c, corresponding to the warm zone in Fig.
6.11. Conditions were generally warm and likely to
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result in significant photosynthetic fractionation, because slow growth (low µ), high CO2 concentrations
(high c) and small phytoplankton (low V/S) result in maximal εphotosynthesis values in Eqn 5.34. In contrast,
εsedimentary values down to 23‰ are generally associated with cooler periods (cold zone in Fig. 6.11),
such as during the Sturtian and Varangerian ice ages, and in the Neogene cooling.

Just prior to each of the Varangerian and Sturtian glaciations, εsedimentary rises to >32‰. These periods
were associated with flourishing sulphur-oxidizing bacteria (Canfield & Teske 1996) and generally low
oxygen levels in the deep ocean (Canfield 1998). A large contribution from chemosynthetic bacteria to
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the sedimentary organic matter is likely to have resulted, the influence of which upon εsedimentary is
shown in Fig. 6.12. Degradation of sinking organic detritus in the water column leads to a build-up of the
CO2 respired by degraders in the region of the chemocline (see Section 3.4.3b), where chemosynthersizers
congregate. This CO2 is enriched in 12C relative to its source, phytoplanktonic remains (DeNiro & Epstein
1978), which is itself isotopically light compared with the dissolved CO2 in the euphotic zone above.
Because εchemosynthesis ≈ εphotosynthesis (Table 5.7) and the CO2 source for the chemosynthesizers has a
lower δ13C value than that for the photosynthesizers, the kerogen derived from chemosynthesizers is
isotopically lighter than that from the photosynthesizers (Fry et al. 1991). Consequently, a significant
chemosynthetic contribution to the kerogen increases the value of εsedimentary. This effect can be allowed
for in Eqn 5.36 by modifying the fractionation term that incorporates reworking of organic matter (εhet),
which may require negative values (the other terms are little affected).

6.2.2 Atmospheric levels of carbon dioxide

In Section 1.4.2 the increase in atmospheric O2 levels during the Proterozoic was described (Fig. 1.8).
Because this was a consequence of photosynthesis, it is to be expected that atmospheric CO2 levels
correspondingly declined. In addition, the long-term burial of carbonates must also draw down atmospheric
CO2. However, from Eqn 6.1 it can be seen that carbonate precipitation acutally liberates CO2 locally, in
the short term, until the ocean-atmosphere system readjusts to compensate for the depleted total dissolved
C in the affected surface waters. Estimated changes in atmospheric CO2 concentration since the formation
of the Earth are shown in Fig. 6.13 (Kasting 1993). If all the carbon present in the crust now had been in
the atmosphere as CO2, it would have exerted a partial pressure of 6–8 MPa (60–80 bars; see Box 1.11).
If a more modest 15% existed in the Hadean atmosphere, the partial pressure would have been c. 1 MPa,
and climatic modelling suggests an associated mean surface temperature of c. 85˚C (Kasting 1993).
After the heavy bombardment period (Section 1.3.1) a weakly reducing atmosphere, comprising mainly
CO2 and N2 (but with traces of CO, H2 and reduced sulphur gases), would have contained c. 0.02 MPa (c.
600 PAL) of CO2.

Some constraints on CO2 levels can be applied during climatic modelling in order to reproduce changes
from unglaciated to glaciated conditions (i.e. whether the mean surface temperature was above or below
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0˚C) and to permit oceans to be present from at least the beginning of the Archaean (i.e. <100˚C; see
Section 1.3.1). For modelling purposes, it has been assumed that CO2 and H2O vapour were the major
greenhouse gases and that changes in cloud cover (which influence albedo and hence the Sun’s warming
influence; Box 6.1) were insignificant (Kasting 1993). Other factors that must be taken into consideration
include the lack of continental crust on the young Earth, which affects the planet’s albedo, and the fact
that the Sun was some 30% less luminous 4.5 Gyr ago (Newman & Rood 1977; Gilliland 1989). All the
preceding factors constrain the upper and lower limits of the CO2 content of the early atmosphere in Fig.
6.13. A dimmer Sun would result in lower temperatures and hence less silicate weathering, allowing CO2
from volcanic activity to accumulate in the atmosphere, increasing greenhouse warming. This provides a
stabilising negative feedback. There is no geological evidence for glaciations prior to c. 2.5 Ga, suggesting
temperatures were ≥0˚C, but atmospheric CO2 levels probably fell to 1–10 PAL near the end of the
Proterozoic (Fig. 6.13).

There are no direct means of determining palaeo-CO2 levels, but support for the modelled changes is
provided by the δ13C values of marine kerogens (Des Marais et al. 1992). It is possible that CO2 levels
could have been lower than those shown in Fig. 6.13 if greenhouse contributions from methane are
considered (Kasting 1993). Methanogens may have dominated the mineralization of organic matter during
the Archaean, potentially releasing large amounts of methane to the atmosphere (Pavlov et al. 2001b;
Habicht et al. 2002), a topic to which we return in Section 6.3.2. Palaeosol evidence has been used to
suggest that atmospheric CO2 levels must have been <100 PAL between 2.75 and 2.2 Ga, which is lower
than indicated in Fig. 6.13 and may be consistent with the presence of other greenhouse gases (Rye et
al. 1995). However, once O2 became abundant in the atmosphere between c. 1.0 and 0.6 Ga (see Section
1.4.2), concentrations of reducing gases (e.g. methane and ammonia) would have fallen dramatically.

Over geological periods, atmospheric CO2 levels are controlled by the geochemical cycle. Various
models have been constructed to permit changes in atmospheric CO2 concentrations to be estimated
throughout the Earth’s history. They are constructed using estimates (often based on proxy measurements)
of carbon reservoir and flux sizes for successive time intervals, generally working back from the present
(and the only precisely known) atmospheric CO2 concentration. Modelling is most accurate for the
Phanerozoic, because of its plentiful and relatively well-preserved sedimentary rock record. One such
model is GEOCARB, which has been refined over time, and we consider here the latest version (GEOCARB
III; Berner & Kothavala 2001) in some detail. Most of the other models give comparable results to those of
GEOCARB in Fig. 6.14c (e.g. Wallmann 2001b; Hansen & Wallman 2003), although there are exceptions
(e.g. Rothman 2002; Fig. 6.14c). GEOCARB balances the major sinks for CO2 – burial of organic matter,
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and silicate weathering combined with subsequent
burial of carbonates (Eqns 6.1–6.4) – with the
major sources of the gas – oxidative weathering
of kerogen and the thermal breakdown of both
kerogen and carbonates (including volcanic
emissions). Climate is an important variable and
its effects are incorporated into GEOCARB in the
form of a general circulation model (GCM; Kiehl et
al. 1998; Harvey 2000). The feedbacks within the
GEOCARB model are critical because, as seen
from Fig. 6.5, temperature and atmospheric CO2
levels are linked. For example, weathering of C-
containing rocks affects CO2 levels and hence
temperature, but is itself influenced by temperature
through the rate of weathering and
palaeogeography (the elevation of land and its
location relative to warm, humid zones).

In constructing the GEOCARB model, two or
more independent measurements of geological
processes were used where possible in order to
constrain estimates of reservoirs and fluxes. For
example, the rates of burial of kerogen and
carbonates were estimated from volumes of
sedimentary rocks of given age ranges as well as
from δ13C mass balance calculations. Similarly,
weathering was estimated from the amounts of
terrigenous sediments for each time period as well
as by interpretation of strontium isotopic ratios (Box
6.2). Among the least well constrained parameters
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are those related to weathering caused by plants, which was modelled to start at 380–350 Ma, with
angiosperms dominating the process by 80 Ma (Berner 1998). The rate of plant-induced weathering
varies with atmospheric CO2 levels and may be greater for angiosperms than gymnosperms (Volk 1989),
but these influences are poorly quantified at present. Other factors that influence modelled CO2 levels
significantly are land uplift (leading to erosion and weathering), volcanic degassing rates (particularly
during increased tectonic activity in the Cretaceous; Larson 1995). All these factors generate the envelope
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surrounding the main trend in Fig. 6.14c. However, it appears that CO2 concentrations were very high
during the Palaeozoic, fell sharply during the Devonian (when plants colonized the land), rose moderately
during the Mesozoic and then gradually declined throughout the late Mesozoic and Cainozoic.

The model used time-averaged data over 10 Myr or greater intervals, so abrupt changes in CO2
concentrations are not represented. The model would clearly benefit from improved understanding of
plant-induced weathering and a more detailed description of the palaeogeographic influence on weathering
(Otto-Bleisner 1995). For example, the centre of the supercontinent of Pangaea (see Fig. 6.19) was dry,
but there were continental fragments within the tropical precipitation zone where weathering would have
been enhanced (see Section 6.3.3 and Fig. 3.12). It might be expected that an increase in the weathering
rate of continental rocks would cause 87Sr/86Sr to rise and atmospheric CO2 concentration to decrease.
Conversely, an increase in mid-ocean ridge volcanicity would cause 87Sr/86Sr to fall and atmospheric
CO2 concentration to increase. Clearly, there is no simple relationship of this type between the strontium
isotopic record and CO2 concentrations in Fig. 6.14a,c. However, the Late Ordovician-Early Silurian and
Carboniferous-Permian glaciations followed periods of enhanced weathering, indicated by elevated 87Sr/
86Sr in Fig. 6.14a, as might be expected (Raymo 1991). The Quaternary glaciation has also followed a
significant (and continuing) rise in 87Sr/86Sr (see Box 6.2).

The rate of chemical weathering appears to have been relatively constant since the mid-Proterozoic
(Holland 1984), which suggests that the absence of plant-induced weathering prior to land plants becoming
widespread in the Devonian must have been compensated for by higher levels of atmospheric CO2
(Berner 1990, 1991). However, the degree of elevation of atmospheric CO2 levels may have been offset
by contributions of the gas from microbial respiration in pre-Silurian soils (Keller & Wood 1993), and by
the fact that temperature may be a more important control on silicate weathering than soil CO2 levels
(Brady & Carroll 1994).

 In Fig. 6.14c, CO2 concentrations show a generally positive correlation with volcanic activity (Fig.
6.14d), the major source of the gas, and a negative correlation with oxygen (Fig. 6.14e), which is a proxy
for the major sink of CO2 (relating to production and burial of organic matter). Atmospheric O2
concentrations during the Phanerozoic have been modelled using a similar approach to that for CO2
(Berner & Canfield 1989; Berner 2001), involving the balance between the rate of O2 generation (from
estimates of the burial of organic matter and pyrite) and the rate of O2 consumption (from estimates of
the oxidative weathering of kerogen and pyrite) (see Eqns 1.26, 6.5). Confidence in the model is gained
from the reasonable agreement between independent evaluations of reservoir and flux sizes [e.g. burial
rates for successive time intervals estimated either from rock volumes combined with C and S content
(Berner & Canfield 1989) or from C and S isotopic mass balance calculations (Berner 2001)]. The model’s
predictions appear particularly sensitive to the mean C concentration assumed for coal deposits (Berner
& Canfield 1989).

6.3 Palaeoclimatic variations

6.3.1 Factors affecting climate

(a) Solar energy variations

In the preceding sections we have touched upon some of the factors that affect climate, but there are
many others, which are summarized in Table 6.1. The amount of energy reaching the surface of the Earth
is a key parameter, and is primarily contributed by the Sun (Box 6.1). However, the Sun’s luminosity has
been increasing steadily (some 30% since the Earth’s formation; Gough 1981), and it also varies throughout
the sun-spot cycle (but by <1% of its mean luminosity; Eddy et al. 1982; Hoffert et al. 1988). In addition,
there are variations in the Earth’s orbit, collectively termed Milankovich cycles (Box 6.3), which primarily
affect seasonal contrasts. The period over which each factor varies is important in terms of its climatic
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influence. For example, sun-spot activity exhibits c. 11 and 90 yr cycles (Friis-Christensen & Lassen
1991), whereas the orbital eccentricity cycle has a major period of c. 100 kyr (Box 6.3). For a link to exist
between a particular astronomical cycle and a climatic oscillation, the two cycles must share the same
periodicity.

Modelling suggests that a change in insolation (i.e. radiative forcing) of 1 W m−2 causes a mean
surface temperature change of c. 0.27˚C (Harvey 2000), so the relatively small changes in total insolation
over time periods of 100 Myr or less seem incapable, on their own, of causing the large changes between
greenhouse and icehouse worlds that have occurred throughout the Phanerozoic (Fig. 6.14f). However,
other factors can amplify the astronomical energy variations, such as the latitudinal distribution of continents
and oceans and their varying albedos (Barron et al. 1980; Zachos et al. 2001). The expansion and retreat
of polar ice caps is subject to a strong positive feedback because of the high albedo of ice.

(b) Lithospheric and hydrospheric processes

Low latitudes receive more solar energy than high latitudes over a year, because of the greater angle of
incidence at high latitude, which presents a greater effective thickness of atmosphere to be penetrated
and spreads out the radiation over a larger surface area. There is a net deficit between incoming short-
wave radiation and outgoing long-wave radiation above c. 60˚ latitude, but a net surplus at lower latitudes.
This difference in energy supply drives the meridional circulation patterns of the oceans and atmosphere
that redistribute the energy (with a net transfer polewards). The atmosphere accounts for the greater part

Table 6.1 Factors influencing climate and their associated

time scales (after Wilson et al. 2000).

factor time scale (yr)

astronomical

solar luminosity 10, 100, 109

orbital (Milankovich) cycles 2x104, 4x104, 105

lithospheric

tectonic processes 106–108

isostatic response to ice 104–105

volcanic emissions (e.g. CO2) 1–108

cryospheric

ice-sheet life 102–105

hydrosphenic

sea-level change (land ice) 104–105

deep-water circulation 103

surface-water circulation 10–100

atmospheric

long-term composition 107–108

glacial-interglacial 103–105

circulation 1–10

methane hydrate destabilization 1–10

biospheric

marine primary production 10–100

peat-forming environments 100

anthropogenic

fossil-fuel burning, land use 10–100

of this transfer above 30˚ latitude, but the oceans
are the more important heat-transfer agent in the
tropics. The position of the continents can
significantly affect atmospheric and oceanic heat
transfer and hence the effective temperature
gradient between equator and poles (Barnes 1999).
For example, a concentration of land at the poles
provides suitable conditions for polar ice caps to
form, insulated against the relatively warming
influence of the oceans during the winter (Worsley
& Kidder 1991; Crowley et al. 1993). An example of
this regime is the presence of a large land mass at
the south pole during the Late Carboniferous, when
there was extensive glaciation (see Section 6.3.3).
A supply of moisture is the key to ice-sheet growth,
and requires a suitable regime of ocean currents
and related atmospheric circulation to transport
warm moist air from low-latitude evaporation zones
to high-latitude precipitation sites (Zachos et al.
2001). Continental reconfiguration operates on the
time scale of ocean-basin growth and destruction
(i.e. hundreds of millions of years).

Major orogenies cause uplift, increasing the
amount of land above the snow line, and increasing
silicate weathering, which draws CO2 out of the
atmosphere. Both processes have the effect of
promoting climatic cooling (Raymo & Ruddiman
1992), although latitudinal effects are important (e.g.
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Fig. 6.15 Summary of the orbital characteristics underlying the Milankovich cycles and their combined effect upon
insolation at 65˚N during summer in the northern hemisphere (after Berger et al. 1984).

Box 6.3 Milankovich cycles

The variations in the Earth’s orbit around the Sun can be grouped into three major cycles –
eccentricity, obliquity and precession – each associated with one or more characteristic frequencies
(Hays et al. 1976, Berger et al. 1984):

Eccentricity cycle
At present, the orbit is almost circular, but it has been much more eliptical in the past. The eccentricity
cycle has periods of 95, 123 and 413 kyr, the first two combining to impose an approximately 100
kyr cycle between successive eccentricity maxima (or minima). The weaker 413 kyr cycle is
associated with how the degree of eccentricity varies over successive maxima. Eccentricity affects
the mean distance of the Earth from the Sun, and so it is the only one of the three cycles that
causes a variation in the total insolation. It also contributes to seasonal variations; at maximum
eccentricity the difference in insolation between perihelion and aphelion (the orbital points of smallest
and greatest distance between Earth and Sun, respectively) has been c. 30% during the last 5 Myr
(Wilson et al. 2000).

Obliquity cycle
The tilt of the axis of rotation of the Earth relative to the plane of its orbit varies over a period of 41
kyr. It has oscillated between 21.8˚ and 24.4˚ over the last 800 kyr or so. This variation determines
how insolation is distributed over the face of the Earth, and hence the strength of seasonal variations,
but does not affect the total insolation.

Precession cycle
The rotational axis of the Earth gradually precesses like that of a spinning top, and the elipitical
orbit of the Earth also precesses. The periods of these two precessions are 19 and 23 kyr,

(continued)
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faster weathering rates in warm humid zones, and greater winter cooling of land masses at high latitudes).
The circulation of surface and deep waters in the ocean and their rate of exchange can have a significant
impact on the meridional redistribution of heat, as well as the exchange of energy and CO2 between
atmosphere and ocean. The oceanic and atmospheric circulation systems operate over significantly shorter
periods than lithospheric processes (Table 6.1). As the Earth warms, sea level rises because of the
melting of ice sheets and the thermal expansion of surface waters (the latter tends to have a positive
feedback on ice-sheet melting).

(c) Greenhouse gases and aerosols

Volcanoes produce lava, pyroclastic material (ranging from sizable rocks to fine ash and dust) and volatiles
(comprising gases, including water vapour, CO2, SO2, HCl and CO). Their eruption styles depend upon
the volatiles content of the magma. A low volatiles content results in the relatively gentle effusion typical
of basaltic lava (e.g. at mid-ocean ridges). However, in magmas of higher silica content the viscosity is
greater, trapping volatiles, which expand explosively when pressure falls in the rising magma. Such magmas
produce more acidic lavas (e.g. rhyolites and andesites) and are typically associated with subduction
zones; they are also likely to have higher water content than basaltic magmas (from the water associated
with subducting sediments). Eruptions of basaltic magma are not confined to mid-ocean ridges, under
considerable depths of water that prevent volatiles entering the atmosphere directly. Unusually big plumes
of hot rising mantle (superplumes) can cause large-scale eruptions termed flood basalts, under the
oceans or within the continents, as occurred during the Cretaceous (see Section 6.3.4). Subaerial volcanism
leads to volatiles entering the atmosphere directly, which can result in a major climatic impact.

Increased tectonic activity may result in more CO2 reaching the atmosphere from increased volcanism,
causing greenhouse warming (Williams et al. 1992; Box 6.1). Subaerial volcanoes also emit sulphur
dioxide into the atmosphere, which is oxidized to sulphate, and forms aerosols that reflect insolation,
leading to cooling (Rampino 1991; Gagan & Chivas 1995; Ramanathan et al. 2001). Airborne volcanic
ash has a similar cooling effect, but it also absorbs and reradiates long-wave radiation (a greenhouse
warming effect). Overall, the cooling effect may dominate, although the climatic implications are complex
(Kerr 1993). The largest known eruption of the late Quaternary, involving the Toba super-volcano (Sumatra)
73.5 kyr ago, appears to have resulted in pronounced cooling (Rampino & Self 1992; Zielinski et al.
1996).

 The products of such subaerial, effusive volcanism are usually confined to the lowest layer of the
atmosphere (the troposphere; see Box 7.1 and Fig. 7.1), and the sulphate aerosols and ash last for a few

respectively, yielding an average of c. 21 kyr. Precession controls the distribution of insolation
over the Earth’s surface by varying the timing of the seasons relative to the perihelion, but, like
obliquity, it does not affect the total insolation.

Insolation variation
The combined effect of the Milankovich cycles on summer insolation at 65˚N over the last 600 kyr
is shown in Fig. 6.15. The maximum variation in insolation is c. 20% of the mean value (equivalent
to a shift from 65˚ to 77˚N). The total annual variation in insolation caused by the eccentricity cycle
is only 0.03%, so the maximum change in the Sun’s radiation reaching the Earth’s surface is c. 7
W m−2. This could cause a temperature change of c. 5˚C (using a radiative forcing factor of c. 0.8˚
W−1 m2).
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months only, because they are washed out by rain. In contrast, the products of explosive volcanism (such
as the Toba eruption) can be propelled higher into the atmosphere and reach the stratosphere in significant
amounts. The volcanic volatiles have a more widespread and longer-lasting climatic influence in the
relatively dry stratosphere, because removal by wash-out is slow (Skelton et al. 2003). The initial cooling
effects of sulphur dioxide and ash during large-scale subaerial volcanism may be superseded by longer-
term greenhouse warming from the associated CO2 emissions.

The most important greenhouse gas at present is not carbon dioxide but water vapour, simply because
there is so much of it in the atmosphere (Box 6.1). Volcanoes emit large amounts of water vapour (c. 1 Tt
yr−1; Skelton et al. 2003), but even so this flux is minor compared to evaporation from the oceans and
evapotranspiration from plants (c. 0.25%; see Fig. 3.12). In a warmer world, such as during the Cretaceous,
the atmosphere can hold more water vapour. However, the extent of the warming caused by extra
atmospheric water vapour is difficult to predict because clouds also exhibit an albedo effect, and the
balance between the greenhouse and albedo effects varies with cloud type and altitude (Lovelock &
Whitfield 1982).

In Fig. 6.14f it can be seen that the sedimentological indications of hothouse vs. icehouse conditions
(e.g. Frakes et al. 1992) correlate reasonably well with variations in the mean surface-water temperature
for tropical oceans estimated from carbonate δ18O values, and exhibit a periodicity of c. 135 Myr (Fig.
6.14g; Shaviv & Veizer 2003). Clearly, atmospheric CO2 concentration does not vary in the same way,
and so is not an obvious candidate for the driving force behind this climatic oscillation (Veizer et al. 2000),
although it is undoubtedly an important agent in climatic change. In contrast, the cosmic ray flux has a
similar periodicity to the major hothouse/icehouse oscillation, as can be seen from Fig. 6.14h. A physical
basis for this apparent empirical correlation has yet to be established. Maxima in the cosmic ray flux are
related to the passage of our Solar System through the spiral arms of the galaxy, and it has been postulated
that these periods correlate with more low-altitude clouds, which in turn may exert a net cooling effect
because of their high albedo (Shaviv & Veizer 2003).

In addition to CO2 there are two other C-containing gases that merit our attention, one of which exerts
a cooling effect (dimethyl sulphide) and the other a greenhouse effect (methane); they are discussed in
the following subsections.

(d) Dimethyl sulphide

There is a net flux of dimethyl sulphide (DMS, CH3–S–CH3) from ocean to atmosphere (Kiene & Bates
1990). The precursor of DMS, dimethylsulphoniopropionate (DMSP) is produced by certain phytoplankton,
and DMS is liberated mainly during zooplanktonic grazing (Dacey & Wakeham 1986), resulting in
enrichment of DMS in surface waters. DMS transfer to the atmosphere is highest in the tropics, partly due
to the latitudinal distribution of the phytoplanktonic groups that produce most DMS (e.g. coccolithophores;
Charlson et al. 1987). DMS is quantitatively the most important volatile sulphur compound involved in air-
sea transfer processes at present, its flux amounting to c. 30–50 Mt yr−1 (Liss 1983). This corresponds to
c. 15–25 Mt yr−1 of S, which is estimated to account for nearly half the total biogenic input of sulphur to
the atmosphere, and is of comparable size to volcanic emissions (Bolin et al. 1983). Once in the atmosphere,
DMS undergoes oxidation and some of the products, such as sulphur dioxide and methanesulphonic
acid (MSA), form sulphate aerosols and cloud condensation nuclei (CCN; Ayers & Gras 1991). A negative
feedback to greenhouse warming is likely: the initial warming stimulates higher productivity among DMS-
producing phytoplankton, resulting in more sulphate aerosols and increased cloud cover, which in turn
causes a decrease in incident solar radiation levels (through increased albedo), offsetting the warming.
However, the lower light levels caused by increased atmospheric albedo would provide a negative feedback
on phytoplanktonic production, reducing both CO2 uptake and amelioration of the greenhouse effect. It is
not clear, at present, whether these opposing effects are likely to offset or reinforce global warming, or
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whether they have any significant effect at all. For example, without increased cloud cover from DMS
production the Earth’s surface would be warmer, promoting more evaporation of water and so cloud
cover would increase by a different mechanism. However, the combined effects of the negative feedbacks
involving DMS may help maintain an equitable climate for life, as proposed in the Gaia theory (Lovelock
et al. 1972).

(e) Methane

As noted in Section 4.6.2a, two major reservoirs of methane are the methane hydrates in permafrost and
deep-sea sediments, resulting from the activity of methanogenic bacteria. Although they do not appear to
make a major contribution to atmospheric methane at present, their potential for rapidly releasing large
amounts of methane is important. However, it is difficult to incorporate methane into climatic models. The
continental (i.e. permafrost) and marine hydrates do not necessarily respond in the same way towards
global warming, because of the different temperature and pressure regimes involved (Fig. 4.32). Pressure
changes are small for continental hydrates, so temperature fluctuations have the greatest influence on
stability. In contrast, temperature variation at depth in the oceans is relatively restricted, so pressure
variations are likely to govern the stability of marine hydrates. A positive feedback can be postulated for
continental methane hydrates as temperature increases (and pressure decreases slightly owing to melting;
Fig. 6.16a). In contrast, provided deep-water temperatures do not rise too much, the sea-level mediated
pressure variations, caused by the changing size of ice sheets on land, may have a negative, stabilizing
feedback (Fig. 6.16b,c; Kvenvolden 1998). However, hydrates on polar continental shelves are likely to be
more sensitive to climatic change during transgression by a relatively warmer polar ocean. The associated
pressure increase imposed by an increase in water depth of c. 100 m would not offset the destabilizing
effect of a temperature rise of ≥10˚C (see Fig. 4.32).

The major sink for atmospheric methane is oxidation by highly reactive hydroxyl radicals (.OH; formed
by photolytic dissociation of water molecules in the atmosphere; Crutzen 1988; Eisele et al. 1997). The
life-time of methane in the atmosphere is, consequently, relatively short and unlikely to have exceeded
100 yr even during times of potentially higher atmospheric concentrations in the Archaean (Pavlov &
Kasting 2002). High levels of methane in the Archaean could have aided the oxidation of the young Earth,
through photolysis of methane and escape of the resulting hydrogen atoms (which are reducing agents)
to space (Catling et al. 2001).

6.3.2 Neoproterozoic glaciations

During the Proterozoic there was a major glaciation at c. 2.3 Ga (Huronian) in the Palaeoproterozoic
(Evans et al. 1997), but then there seems to have been a long period of nearly 1500 Myr before an

Fig. 6.16 Feedbacks between climatic change and methane-hydrate stability: (a) positive greenhouse warming feedback
for continental hydrates; (b) & (c) negative feedbacks for marine hydrates (after Kvenvolden 1998).
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episode of at least two glaciations between 760 and 580 Ma in the Neoproterozoic (Kennedy et al. 1998;
Hoffman & Schrag 2000). These ancient ice ages are different from their Phanerozoic counterparts in
two major ways: (a) the glaciation extended into the tropics at sea level, possibly resulting in an almost
completely iced-up ‘Snowball Earth’; (b) the glacial deposits are capped by abiotic carbonates (<5 m
thick) with particularly low δ13C values (down to −5‰; Kaufman 1997). The Palaeoproterozoic glaciation
seems to have followed the fragmentation of a supercontinent, and similarly the Neoproterozoic glaciations
followed on from the splitting up of the supercontinent Rodinia. Precise reconstructions of Rodinia are
difficult to accomplish, but the supercontinent started assembling c. 1100 Myr ago and began disintegrating
at c. 850–800 Ma (Dalziel 1997; Hoffman et al. 1998; Meert & Powell 2000; Torsvik 2003; Meert & Torsvik
2003). The first episode of Neoproterozoic glaciation (Sturtian, c. 760–700 Ma) accompanied the opening
of the Pacific Ocean, while the second (Varangerian or Marinoan, c. 620–580 Ma) was associated with
the opening of the Iapetus Ocean (Hoffman et al. 1998).

The continental fragments appear to have been largely confined within the tropics following the
disintegration of Rodinia, but despite the ability of oceanic currents to transfer heat to the the polar
regions with this arrangement of continents, extensive glaciation was able to occur. Once ice had spread
to ≤30˚ latitude, the Earth’s albedo increased rapidly (due to higher insolation at low latitude, resulting
from the Sun’s energy being spread over a smaller area of the Earth’s surface than at high latitude), and
a run-away positive feedback occurred. However, the Earth escaped from the grip of ice and even appears
to have rebounded into a very warm period at the end of each glaciation, because the inorganic precipitation
of the cap carbonates would have required warm surface waters. Various explanations have been proposed
for the mechanisms of the glacial-greenhouse transitions and the formation of the characteristic, isotopically
light, cap carbonates (e.g. Kaufman et al. 1997; Hoffman et al. 1998; Kennedy et al. 2001).

In the original Snowball Earth model (Kirschvink 1992; Hoffman & Schrag 2000), it was thought that
the distribution of continental fragments promoted silicate weathering, leading to a reduction in atmospheric
CO2 and the formation of polar ice packs. The ice-albedo feedback then plunged the Earth into a glaciation,
with an average temperature of c. −50˚C and an average ice thickness of >1 km; only the Earth’s internal
heat preventing complete freezing of the oceans. Carbonate δ13C values were proposed to have fallen
from ≥5‰ to as low as −5‰ just before glaciation, remained similar in the cap carbonates, and subsequently
recovered to c. 0‰. The low δ13C values were believed to reflect the DIC in the oceans approaching the
isotopic signature of mantle CO2 that continued to enter the oceans and atmosphere (this isotopic
equilibration would take >105 yr) and was taken as an indication, together with a paucity of kerogen in the
immediately post-glacial deposits, of an almost complete collapse of primary production. Further support
for this contention appears to be provided by the presence of iron-rich deposits among the glacial debris,
which indicate low oxygen levels in the oceans, due to the ice cover. Dissolved Fe(II) would have built up
in the oceans as hydrothermal activity continued, but would have deposited as Fe(III) when the ice
melted and dissolved O2 levels rose again. The duration of the negative δ13C excursion was estimated to
be of the order of 10 Myr.

During the glaciation, the prevailing cold dry air is assumed to have prevented the growth of glaciers on
the continents. Melting of the ice was accomplished in the model by the build-up of volcanic CO2 in the
atmosphere, which was possible because of the greatly diminished rates of CO2 draw-down by both
primary production and silicate weathering under the dry conditions. It has been estimated that c. 0.12
bar (i.e. c. 120000 ppm or c. 350 PAL) of CO2 would be required to achieve the thaw (Caldeira & Kasting
1992a), the accumulation of which would take c. 4 Myr at the present-day volcanic emission rate (c. 0.24
Gt yr−1). This is a minimum time, because it assumes no air-sea exchange, does not allow for the c. 6%
lower solar luminosity or decreased pelagic carbonate deposition (which would result in lower CO2 content
of volcanic emissions at convergent plate margins). A likely maximum time is 30 Myr. The transition to a
greenhouse climate appears to have been rapid, and the proposed atmospheric CO2 concentration
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suggests the temperature approached 50˚C.
During the glaciation, hydrothermal activity and low-temperature basalt alteration would have increased

the Ca:Mg ratio of seawater, but the river supply of alkalinity (i.e. bicarbonate) would have been drastically
diminished. Carbon dioxide continued to enter the oceans from spreading-ridge volcanism, and so the
net effect was carbonate dissolution (from Eqn 3.9 and Box 3.12, increasing the amount of CO2(aq)
causes the equilibrium to shift in favour of bicarbonate, lowering carbonate concentration and so
encouraging dissolution of previously precipitated carbonate). As melting progressed and temperature
increased, evaporation of water would have contributed to an accelerating greenhouse effect, and further
carbonate dissolution would have been likely initially. However, silicate weathering on unglaciated
continental fragments would have increased rapidly under the high temperatures and vigorous hydrological
cycle, providing bicarbonate to the oceans and resulting in the precipitation of the cap carbonates with an
isotopic signature dictated by the mantle (and average crustal) value. As life and kerogen-formation
recovered, the isotopic fractionation of primary production resulted in the δ13C value of carbonates
increasing once more, over c. 105 yr. A reduction in atmospheric CO2 levels from 12 kPa to typical
Proterozoic levels of c. 0.1 kPa corresponds to a transfer of c. 250 Tt C (or some 8 x 105 km3 of carbonate),
sufficient to account for the cap carbonates.

A summary of the isotopic excursion for the Snowball Earth model is shown in Fig. 6.17. Some objections
have been raised to the model, including the difficulty of climatic models to achieve freezing of tropical
oceans under such large amounts of atmospheric CO2 (Hyde et al. 2000). In addition, an implausibly high
rate of silicate weathering would be required for the deposition of the cap carbonates (Kennedy et al.
2001). Deposition in c. 104 yr would require silicate weathering rates 3–4 orders of magnitude greater
than those preceding the CO2 build-up, for which there is no evidence in the Sr isotopic record (Jacobsen
& Kaufman 1999). These difficulties can be overcome by a model incorporating destabilization of methane
hydrates in terrestrial permafrost during post-glacial warming and the associated marine transgression
(Kennedy et al. 2001; Jacobsen 2001). In this model the continents can be glaciated, as predicted by
climatic models, because there is no need for conditions favouring rapid silicate weathering.

The methane-hydrate model is shown in Fig. 6.17. It fits data suggesting that the greater part of the
negative δ13C excursion occurs in the cap carbonate, over a relatively short time (Kennedy et al. 2001).
The deposition of cap carbonates can be accommodated by large-scale consumption of the released
methane by anaerobic methanotrophes in a consortium with sulphate reducers (see Section 3.3.2b). The
by-products of methane oxidation are passed on to the sulphate reducers (Werne et al. 2002), from
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which isotopically light bicarbonate can be generated
(Boetius et al. 2000):

2CH2O + SO4
2− → H2S + 2HCO3

− [Eqn 6.10]

This stimulates the precipitation of the cap carbonates.
Assuming the DIC (mainly bicarbonate) reservoir was
c. 10 Tt (as at present) with a δ13C value of 0‰, and
that the methane had a mean δ13C value of −60‰, the
minimum amount of methane required to achieve the
required isotopic excursion is c. 5 Tt, which is about the
estimated quantity of the cap carbonates. There also
seem to be sedimentary structures consistent with
methane venting (Kennedy et al. 2001).

It is possible that the Neoproterozoic icehouse to
greenhouse transitions provided the stimulus for the
radiation of metazoa that followed during the Cambrian
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explosion (Hoffman & Schrag 2000). However, the recent discovery of microbial mat communities from
the Sturtian glaciation, that are apparently identical to preglacial communities, raises a question about
the severity of the glaciation (Corsetti et al. 2003). It has been suggested that the glaciations were more
like those of the Pleistocene (see Section 6.3.5), although the ages of the sections upon which this
suggestion has been based are poorly constrained and may not correspond to the original Snowball
Earth sections (Leather et al. 2002). A major difference between the Neoproterozoic and the Phanerozoic
is the absence during the former of planktonic carbonate-secreting organisms and the associated likely
stabilizing effect of pelagic carbonate deposition (Ridgwell et al. 2003).

The absence of glaciations during the greater part of the Proterozoic suggests a strong greenhouse
effect, which has previously been attributed to high levels of CO2 in the atmosphere (Kasting 1993; see
Section 6.2.2). However, methanogens flourished during the early stages of life’s evolution, and methane
is likely to have been an important greenhouse gas while atmospheric O2 levels were low and the major
sink for methane (oxidation by hydroxyl radicals) was suppressed (Pavlov et al. 2001a; see Sections
6.2.2, 6.3.2). If O2 levels were lower than 1 PAL from 2.3 to 0.75 Ga, as discussed in Section 1.4.2,
methane would still have been a major atmospheric component even in the late Proterozoic (Pavlov et al.
2003). Destruction of methane by methanotrophy is likely to have been suppressed because the aerobic
pathway is limited when the atmospheric O2 concentration falls below 0.45%, and the associated low
levels of sulphate in the oceans (Hurtgen et al. 2002) would have inhibited the anaerobic pathway.

270

280

290

300

m
ea

n 
su

rf
ac

e 
te

m
pe

ra
tu

re
 (

K
)

1 10 100

atmospheric methane mixing ratio (ppm by vol.)

seawater freezes

modern mean
surface temp

S/S 0
 = 0.94

(700 Ma)

S/S 0
 = 0.83

(2300 M
a)

Fig. 6.18 (a) Variation of atmospheric CH4 concentration
with input flux (from methanogenesis) for varying O2
levels (controlling oxidative destruction). (b) Influence of
atmospheric methane on mean surface temperature
[assuming constant O2 and CO2 levels, but different
solar luminosity relative to present (S/S0)] during the
Palaeoproterozoic (2300 Ma) and Neoproterozoic
(700 Ma). (After Pavlov et al. 2003.)

0

10

20

m
et

ha
ne

 fl
ux

 r
el

at
iv

e 
to

 p
re

se
nt

0.01 PAL O2

0.1 PAL O2
1 PAL O2

(a)

(b)

Methanogenesis may have been important in the water
column as well as in sediments. It is estimated that the
production of methane was some 10–20 times modern
levels (Pavlov et al. 2003). The life-time of methane in
the atmosphere increases by a factor of 6 for a 10-fold
increase in its rate of input, and it also increases slightly
as the amount of O2 decreases from 1 to 0.1 PAL, but
at 0.01 PAL there is an abrupt decrease in life-time
because ozone shielding declines and hydroxyl radicals
are formed by photolysis of water in the troposphere
(see Fig. 6.18a).

Methane would probably have exerted a positive
feedback on surface temperature, with higher
temperatures promoting rapid growth of methanogens.
However, an increase in dissolved O2 and hence
sulphate concentrations in the oceans just before 750
Ma would have caused a significant decrease in
methane production, resulting in an atmospheric CH4
level similar to today, possibly triggering the late
Neoproterozoic glaciations. Figure 6.18b demonstrates
the modelled effect of varying atmospheric methane
concentration on temperature for the Palaeoproterozoic
(2.3 Ga) and the Neoproterozoic (700 Ma), allowing for
variation in solar luminosity (Gough 1981), but at a
constant CO2 level of 1 PAL. To achieve the present-
day mean surface temperature would have required c.
16 ppm of methane at 700 Ma but c. 380 ppm at 2.3 Ga
(Pavlov et al. 2003).
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6.3.3 Carboniferous-Permian icehouse

From Fig. 6.14f it can be seen that climatic oscillations between hothouse and icehouse conditions have
continued through the Phanerozoic. Two major episodes of glaciation can be discerned spanning the
Ordovician-Silurian and the Carboniferous-Permian boundaries. It has been suggested from studies of
the geological water cycle and the associated variations of δ18O in marine carbonates that there may
have been three icehouse-greenhouse cycles, with an additional cold period near the Jurassic-Cretaceous
boundary and greenhouse maxima occurring near the Cambrian-Ordovician, Devonian-Carboniferous
and Permian-Triassic boundaries (Wallmann 2001a).

The major Carboniferous-Permian icehouse episode at c. 300 Ma is associated with elevated
atmospheric oxygen concentrations (Fig. 6.14d) and so has been attributed to elevated levels of
photosynthesis, which caused atmospheric O2 levels to increase while CO2 was drawn out of the
atmosphere and locked away in the geochemical C cycle (Berner 1990; Crowell 1999). At the time, the
land mass was assembled into a supercontinent, Pangaea, which formed a continuous meridional belt
almost from pole to pole (Fig. 6.19). In the equatorial belt, where the areas now represented by Europe
and North America lay, the warm and humid climate during the Carboniferous was ideal for the growth of
extensive coal-forming rain-forests, dominated by lycopsids. This zone was bounded by deserts, and the
interior of the supercontinent would undoubtedly have been dry (Crowley 1994; see Section 1.5.5). In
low-latitude shelf areas with high evaporation to precipitation ratios (see Fig. 3.12) extensive evaporite
deposits were formed. The Carboniferous-Permian transition was marked by a change in both peat-
forming environments and the dominant plants involved (Gastaldo et al. 1996). The southern ice cap
advanced towards the equator during the Early Permian, but during warmer interglacial episodes coal-
forming environments also developed in the swamps of the southern temperate regions (e.g. Australia;
Fig. 6.19), dominated by deciduous glossopterids.

Of course, factors other than high terrestrial productivity may have contributed to the draw-down of
CO2 and the onset of glaciation, such as elevated silicate weathering rates coupled to carbonate burial in
the oceans. As can be seen from Fig. 6.14a, the Sr isotopic ratio was quite high, consistent with an
elevated contribution from continental weathering. The assemblage of Pangaea involved considerable
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Fig. 6.19 Pangaea in the Early Permian (c. 280 Ma), showing southern ice cap and zones of coal deposition (after
Zeigler et al. 2001; Scotese 2003).
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orogeny (e.g. Carboniferous-Permian Alleghenian and
Hercynian) which would have increased the potential
for weathering (Klein 1994). In addition, solar luminosity
was 3–5% lower than at present (Gough 1981), which
would have aided the cooling caused by decreasing
atmospheric CO2 levels. Prior to 325 Ma (the
Mississippian-Pennsylvanian boundary) there was a
subtropical oceanic gateway between the Panthalassa
and Tethys oceans (Fig. 6.19), the influence of which
on oceanic and atmospheric circulation kept the central
parts of Gondwana cool and arid. However, the closure
of this gateway by the collision of Euramerica and
Gondwana during the final assembly of Pangaea
greatly enhanced poleward transport of atmospheric
moisture, contributing to the growth of the southern
polar ice sheet (Saltzman 2003). Pangaea gradually
moved northwards during the Permian, the glaciers
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retreated and temperatures rose.
The C isotopic record provides support for the greatly diminished CO2 and elevated O2 atmospheric

concentrations (Beerling et al. 2002). The evidence arises from the fact that the enzyme rubisco catalyses
both photosynthetic carboxylation and photorespirational oxidation. Consequently, CO2 and O2 compete
for acceptor molecules of the enzyme. So if pCO2 rises the oxygenase activity of rubisco is suppressed,
and conversely if pO2 rises the carboxylase activity of rubisco is suppressed. In addition, the extent of O2
inhibition of photosynthesis decreases as pCO2 rises. At c. 300 Ma, O2 levels have been modelled at
35% and CO2 at c. 0.03%, resulting in a pO2 /pCO2 ratio of ≥1000, which should have favoured the
oxygenation role of rubisco and caused a decrease in the uptake of CO2 from substomatal cavities in
leaves. A decline in substomatal CO2 uptake causes a rise in the substomatal partial pressure of CO2
relative to atmospheric pCO2 (see Box 1.11). The effect of this on carbon isotopic fractionation during
photosynthesis can be seen by applying the appropriate parameters to Eqn 5.32 (Section 5.8.2):

εphotosynthesis = εdiffusion + (pCO2 substomatal/pCO2 atmospheric).(εrubisco−εdiffusion) [Eqn 6.11]

A rise in (pCO2 substomatal/pCO2 atmospheric) causes an increase in εphotosynthesis, other factors remaining
constant (Berner et al. 2000). The value of εphotosynthesis can be obtained from Eqn 5.28 (Box 5.11), using
measured values of fossil-plant material for δ13Cplant and by assuming that δ13Cair is 7‰ greater than
corresponding marine δ13Ccarbonate values. This simple approach gives the trend for εphotosynthesis shown
in Fig. 6.20, although it does ignore other factors that affect εphotosynthesis (e.g. humidity and temperature;
Farquhar et al. 1989). The εphotosynthesis values can then be used to predict pO2/pCO2 variations, which
are seen in Fig. 6.20 to be in reasonable agreement with the trend obtained from the independent models
described in Section 6.2.2 (and shown in Fig. 6.14c; Berner et al. 2000; Berner & Kothavala 2001).

6.3.4 Cretaceous hothouse

During the Cretaceous the arrangement of the continents was approaching that of the present day,
although an equatorial seaway, the remnant of the Tethys Ocean, was closing and the Atlantic was in the
early stages of opening (Fig. 6.21). The climate warmed through the Early Cretaceous, and from c. 120 to
80 Ma (Aptian to mid-Campanian) greenhouse conditions existed, with arid belts in mid-latitudes
(Chumakov et al. 1995). By the Late Cretaceous there was probably no polar ice at sea level (Spicer &
Corfield 1992). It had been thought that the meridional temperature gradient was low, but diagenetic
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alteration of carbonates may have led to misleading indications of tropical temperatures from δ18O data,
and more recent data from well preserved samples suggest that tropical sea-surface temperatures reached
28–32˚C (rather than 15–23˚C; Pearson et al. 2001; Norris et al. 2002). Towards the end of the Cretaceous
(Maastrichtian) the climate cooled (Barrera 1994). Maximal temperature and sea level were reached
near the Cenomanian-Turonian boundary (c. 93.5 Ma; Jenkyns et al. 1994; Gale 2000). The sea level was
c. 200 m higher than at present, only c. 60 m of which can be accounted for by complete melting of ice, so
the other 140 m is attributable to other causes, primarily the volume of ocean basins. Spreading ridges
were particularly active 125–80 Myr ago, during the break-up of Pangaea, and occupied a greater proportion
of the ocean basins than presently (Gurnis 1990). New oceanic crust was produced 50–75% faster than
at present (Larson 1991a).

Because of low-latitude aridity, there appear to have been no recognisable tropical rain-forests. The
moisture from high evaporation rates at low latitude was transported to high latitude, where the moist and
temperate conditions, with few frosts, provided favourable conditions for the growth of forests near both
poles, and significant deposits of coal were formed (see Fig. 3.14; Saward 1992; Parrish et al. 1982). The
relatively warm climate but shortage of light in the winter months at high latitudes would have presented
the potential problem of excessive photorespiration, but this was solved by the dominant gymnosperms
being deciduous (Spicer & Corfield 1992). Within the tropics there was a large area of shallow water
where carbonate deposition occurred (via calcareous algae, benthic foraminiferans, bivalves and
gastropods). The geographical limits of this warm-water, platform carbonate deposition during the
Cretaceous are shown in Fig. 6.21. Major carbonate deposition also occurred at mid latitudes, in the form
of extensive chalk deposits. They were produced from the remains of coccolithophores and other calcareous
plankton, deposited in waters up to c. 200 m deep on the flooded continental margins (Skelton et al. 2003;
Fig. 6.21).

It might be supposed that the pronounced biological activity and deposition of large amounts of carbonate
and coal would have caused atmospheric CO2 levels to decline and result in an icehouse like that of the
Carboniferous-Permian. However, the high levels of tectonic activity appear to have more than compensated
for the draw-down of CO2, and it is estimated that the atmosphere contained up to 10 times as much of
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Fig. 6.21 Mid-Cretaceous palaeography (Cenomanian, c. 95 Ma), showing zones of coal deposition and shallow seas on
flooded continental shelves (after Parrish et al. 1982; Scotese 2003). Carbonate platforms developed between the broken
lines in warm shallow waters (after Sohl 1987).
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the gas as at present (Berner 1990), which is reflected
in the low δ13C values of marine organic matter (Dean
et al. 1986). The dominant contributor may have been
a mantle superplume under the Pacific (Larson
1991a,b; 1995). It appears to have fed dramatic
eruptions of basalt that formed large submarine
plateaux (e.g. Ontong-Java Plateau, c. 122 Ma) as well
as continental flood basalts (e.g. Deccan Traps, India,
c. 65 Ma). The continental flood-basalt eruptions are
likely to have had a more direct effect on climate
because they evolved CO2 directly into the atmosphere.
Both types of magmatism vented large amounts of CO2
and basalt over relatively short periods: for example,
c. 1 Myr for the Ontong-Java province and periodic
episodes over c. 5 Myr for the Deccan Traps. The
Ontong-Java and Deccan eruptions produced similar
amounts of basalt (c. 106 km3), equating to c. 1–10 Tt
CO2. The estimated rate for the Deccan Traps during
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each of the sporadic eruptions is 0.3 Gt CO2 yr−1 which, although a significant amount in terms natural
fluxes, is only c. 1.5% of present-day industrial emissions (Skelton et al. 2003). It may have caused
atmospheric levels to rise by 75 ppm, resulting in a temperature increase of 1–2˚C, but this rate of CO2
supply is insufficient to account for the scale of global warming during the Cretaceous. However, the CO2
emissions associated with the elevated tectonic plate spreading rates, which lasted for c. 40 Myr, may
have produced the observed greenhouse warming (Skelton et al. 2003).

The effects of increased and reduced CO2 emissions are modelled in Fig. 6.22, at a constant rate of
silicate weathering but in the absence of feedback mechanisms, for simplicity (Berner & Caldeira 1997).
Two initial atmospheric CO2 levels are shown, corresponding to preindustrial (280 ppm) and Cretaceous
(2800 ppm) concentrations, and the rate of CO2 input is allowed to increase or decrease by 25%. Starting
at the Cretaceous high atmospheric concentration but with the reduced rate of CO2 supply, the Earth is
plunged into an icehouse after <2 Myr as the gas is drawn down by silicate weathering. In contrast, at the
increased rate of CO2 supply for preindustrial initial conditions, atmospheric levels of the gas reach those
of the Cretaceous within c. 1 Myr and after c. 40 Myr would result in temperatures too great to sustain life.
That such run-away greenhouse warming did not happen during the Cretaceous indicates the importance
of negative feedback controls on atmospheric CO2 levels.

(a) Cretaceous anoxic events

During the Cretaceous there were episodes (generally ≤1 Myr long) of widespread deposition of organic-
rich black shales on outer shelves and within basins throughout the Tethyan Ocean (which was closing)
and the young Atlantic (in the early stages of opening), which have been termed oceanic anoxic events
(OAEs; Fig. 6.23a; Jenkyns 1980). OAEs are not confined to the Cretaceous; for example there was one
in the Early Jurassic. All the OAEs have cyclic bedding that could reflect Milankovich cyclicity (Kuhnt et al.
1997; Galeotti et al. 2003). The black shales and contemporaneous carbonates are characterized by
positive δ13C excursions, which commonly persist after the end of the OAEs (Jenkyns 1999). Although
the isotopic excursions are not observed in the generalized global δ13Ccarbonate record in Fig. 6.23, they
are readily recognized in Tethyan sections (Fig. 6.23b). Among the OAEs, the most widely distributed are
OAE1a (the C isotopic excursion is actually a doublet; Weissert et al. 1998; Jenkyns & Wilson 1999) in the
early Aptian (c. 120.5 Ma, called the Selli Event) and OAE2 at the Cenomanian-Turonian boundary (c.
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93.5 Ma, called the Bonarelli Event). The other OAEs are more regional in geographical extent (Leckie et
al. 2002). The organic matter in OAEs 1a, 2 and 3 is mostly of marine origin, but that in OAEs 1c and 1d
is dominantly terrestrial (Erbacher et al. 1996). Each C isotopic excursion infers an increase in the burial
rate of organic matter (Jenkyns & Clayton 1997). The associated black shales have exceptionally high
organic C contents, up to 30%, which are considerably greater than the highest recorded in modern
sediments (c. 15%) and of much larger geographical extent (Robinson et al. 2002), so their deposition,
over periods spanning hundreds of thousands of years, appears to have involved unusual conditions.

The precise causes of the OAEs have yet to be established, but a number of factors probably contributed.
Under the warm conditions, the volume of cold oxygen-rich waters sinking at the poles would have been
limited. A more likely source of dense deep water would have been high-salinity brines produced by
evaporation at low latitudes (see Fig. 3.12) in basins with restricted deep-water connections to the main
oceans (Barron & Peterson 1989). Such locations were present in the young Atlantic Ocean and various
parts of the Tethys Ocean. Some cooling of the water by migration to higher latitudes during winter may
have been needed to achieve the necessary density increase for bottom-water formation (Brady et al.
1998). The deep-water circulation would then have been driven primarily by contrasts in salinity
(halothermal) rather than temperature (thermohaline). Because of the higher temperatures in their source
regions, the Cretaceous warm-saline deep water (WSDW) would have had lower oxygen concentrations
than modern deep waters, although the oceanic circulation was probably not sluggish and enough oxygen
would have been present to maintain oxidizing conditions at the sea floor, especially in the large Pacific
Ocean, most of the time. However, conditions were such that oxygen starvation could be triggered in
some areas, resulting in the OAEs.

It is generally assumed that increased marine primary production was a major factor in triggering the
OAEs (Leckie et al. 2002). From δ18O data, the OAEs appear to be associated with warmer (and wetter)
episodes (Fig. 6.23), so a climatic influence on oceanic nutrient availability may have been the trigger for
sea-floor anoxia (Pedersen & Calvert 1990). Under conditions of relatively low oxygen availability, oxygen
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demand during degradation of sinking organic detritus could have exceeded supply when productivity
was high. An intensified and expanded oxygen-minimum layer (over a depth range of up to 3000 m; see
Section 3.3.4a) in areas of high productivity would explain the deposition of organic-rich shales where
the zone intercepted the sea floor: on large areas of continental shelf and slope (and particularly in
restricted basins), and also on seamounts and the flanks of spreading ridges (Jenkyns 1980). Biomarker
evidence for anoxicity is present in many of the black shales (e.g. 28,30-dinorhopane; Farrimond et al.
1990; see Section 5.4.3d). The elevated rates of organic C burial seem to have drawn down a significant
proportion of atmospheric CO2, because the OAEs are succeeded by rapid climatic cooling, suggesting
lower atmospheric CO2 levels.

The OAEs coincided with marine transgressions, and the associated release of nutrients from the
flooded continental margins is likely to have helped fuel primary production (Jenkyns 1999). Increased
tectonic activity would have raised volcanic emissions of CO2, which could also have contributed to
higher productivity in a number of ways associated with the resulting climatic warming:

(a)acceleration of the hydrological cycle, increasing the rate of continental weathering and so
increasing the nutrient flux to the oceans, fuelling higher primary production (Weissert 1989);

(b)enhanced atmospheric circulation, increasing wind strength, which intensified oceanic current
divergence and upwelling (Berner et al. 1983; Pedersen & Calvert 1990; see Boxes 3.2, 3.5), and
more efficient recycling of nutrients into the euphotic zone;

(c) higher evaporation rates at low latitudes increased production of WSDW, which would have to be
counter-balanced by increased upwelling, again increasing the supply of nutrients to surface
waters (Arthur et al. 1987).

Evidence for increased hydrothermal circulation associated with elevated rates of oceanic crust
production appears to be provided by short negative excursions in the 87Sr/86Sr record coincident with
the Cretaceous (and Early Jurassic) OAEs (Jones & Jenkyns 2001). Greater hydrothermal activity could
have increased the iron supply to the oceans, increasing primary production in areas where the nutrient
had previously been biolimiting (Sinton & Duncan 1997; see Box 3.7). However, the OAEs do not persist
throughout the periods spanned by the Sr isotopic excursions (which last 5–13 Myr), so other factors
must have been important.

High productivity per se is not the entire story. Although primary production among the usual algal
phytoplankton may have been stimulated initially, intensifying the mid-water oxygen-minimum layer (OML),
it appears there was a shift in the dominant members of the phytoplanktonic community from algae to
bacteria (Kuypers et al. 2001). Low δ15N values for marine organic matter in black shales from the eastern
North Atlantic suggest that nitrogen-fixing cyanobacteria were dominant (Rau et al. 1987). In addition,
isorenieratane and other biomarkers derived from isorenieratene are generally abundant, and are
unambiguously derived from the green sulphur bacteria (see Section 5.3.3c; Kuypers et al. 2002). These
phototrophic bacteria are obligate anaerobes and require free sulphide (i.e. euxinic conditions) in order to
fix CO2 in the euphotic zone. In addition, nitrogen-fixing cyanobacteria compete best under conditions of
low dissolved oxygen content in the euphotic zone (see Box 3.9). So it seems that an intensified OML
may have extended upwards into the euphotic zone and aided the establishment there of euxinic conditions,
leading to a bacterial domination of primary production, which was sustained over wide areas for prolonged
periods. Clearly, nitrogen limitation would have been irrelevant to nitrogen-fixing cyanobacteria, and
phosphate recycling from organic matter is accelerated under dysaerobic/anaerobic conditions (Filippelli
et al. 2003). The increased freshwater run-off from land, which appears to correlate with black-shale
deposition (Erbacher et al. 2001; Galeotti et al. 2003), is likely to have aided stratification in the upper
water column and development of conditions favouring high bacterial productivity. Mediterranean sapropels
from the Neogene-Quaternary may represent more modern analogues of the Cretaceous black shales,
although favourable conditions for their deposition were of shorter duration (Rohling 1994; Menzel et al.
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2002; Meyers & Negri 2003).

6.3.5 Quaternary ice ages
The climate has cooled considerably since the start of the Neogene. Changes in oceanic currents

related to movement of continental plates appear to have been one of several important factors. Antarctica
split away from South America at c. 35 Ma, opening the Drake Passage and allowing the circum-polar
current to isolate the southern continent, leading to increased cooling and development of a major ice
cap. Another major factor is the enhanced weathering resulting from the onset of major orogenies in the
Tertiary, such as the uplift of the Tibetan Plateau following India’s collision with Asia and continued northward
motion (Raymo 1991). The increased rate of chemical weathering of silicates, reflected in the rising 87Sr/
86Sr ratio in Fig. 6.14a, together with the associated deposition of marine carbonates, would have drawn
down considerable amounts of CO2 from the atmosphere, causing cooling.

The ‘modern’ ice ages began 2.6 Myr ago, at the start of the Pliocene, when northern polar glaciation
intensified. This approximately coincided with the final closure of the seaway between North and South
America, which promoted the formation of North Atlantic Deep Water (NADW; see Box 3.2, Fig. 3.2).
Because this deep-water formation process draws warm, saline, surface water up from low latitudes, a
change in the rate of NADW formation alters heat transfer to high northern latitudes and influences the
extent of the northern glaciers. We are presently in an interglacial period (the Holocene) that has lasted
for about half a Milankovich precessional cycle (c. 20 kyr). The thermal maximum of this interglacial
episode was 4–8 kyr ago, when the mean surface temperature was c. 1˚C higher and the climate was
wetter than today, and lakes and vegetation existed in the Sahara (Wilson et al. 2000). Superimposed on
the long-term glacial-interglacial climatic changes are smaller-scale periods of relative warming during
glacials (interstadials) and cooling during interglacials (stadials). Opinion is divided over whether
reorganization of thermohaline circulation or the equatorial atmosphere-ocean system is the cause of
the major climatic swings during the last glacial (Broecker 2003).

 A major source of information on temperature changes during the Quaternary ice ages is the δ18O
record from pelagic marine carbonates, but δD and δ18O data from ice cores can also be used in the
same way (Jouzel et al. 1994; see Box 5.6 and Fig. 6.24). Data have been obtained from various ice cores
from Greenland (dating back c. 100 kyr) and Antarctica (c. 400 kyr): the Greenland cores are thicker and
more obviously layered, making dating generally easier than for the Antarctic cores. Ice cores can provide
additional information: they contain small air bubbles that provide a record of atmospheric composition
dating from the complete isolation of the bubbles from atmospheric exchange (Blunier & Brook 2001).
Concentrations of the greenhouse gases CO2 and CH4 can be assessed directly from ice cores (Fig.
6.25), although it is thought that some CO2 can be produced by reactions involving mineral impurities in
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Fig. 6.24 Relationship between isotopic composition of
polar ice and annual average surface temperature (after
Jouzel et al. 1994).

the ice, particularly in Greenland cores (Monnin et al.
2001). Methane concentrations can be used to
correlate ages between ice cores, because it can be
assumed that atmospheric exchange occurs rapidly
between the hemispheres (within c. 1 yr; Blunier &
Brook 2001). Based on the adjusted age estimations,
it appears that warming in Antarctica slightly preceded
that in the northern hemisphere during the last glacial-
interglacial transition, and appears to be related to
changes in the thermohaline circulation (Broecker
1998; Peterson et al. 2000; Shackleton 2001).

During the last glacial maximum (c. 18 ka) the mean
surface temperature was some 5˚C lower than at
present, but cooling of this extent cannot have been



Killops & Killops
Introduction to Organic Geochemistry 298

Chapter 6
version 040801

the result of CO2 draw-down alone, because all the CO2 would have had to be removed from the
atmosphere. The c. 30% reduction in atmospheric CO2 concentration during the last glacial maximum
compared to the Holocene preindustrial level (Archer & Maier-Reimer 1994) is typical of the general c.
100 ppm (by vol.) difference between interglacials (260–300 ppm) and glacials (160–200 ppm; Sigman &
Boyle 2000). Such a change in CO2 concentration is estimated to cause a temperature change of 1.4˚C
(Kuo et al. 1990; Wilson et al. 2000; see Box 6.1), so other factors must have contributed to glacial
cooling. For example, during glacials the cooler atmosphere holds less water vapour, causing a decrease
in greenhouse warming. In addition, the increasing size of polar ice sheets results in cooling because of
the albedo effect.

Whether ice sheets grow or contract seems to depend upon the efficiency of melting during the summer
(Wilson et al. 2000), so seasonal changes in insolation are likely to be an important trigger of the ice-
albedo feedback, and the 60–80˚ latitude belt is most sensitive to changes in summer insolation. Despite
the fact that Milankovich orbital forcing (see Box 6.3) is too small on its own to cause the observed
climatic fluctuations (<0.7 W m−2 over the past 160 kyr), it can stimulate various feedbacks. This is
seemingly borne out by the observation that the periodicity of glaciations from c. 2 to 1 Ma was c. 41 kyr
(with approximately equal periods of glacial and interglacial conditions), consistent with obliquity-cycle
forcing. Over the past 800 kyr the precessional and eccentricity cycles have become more important, the
reasons for which are a matter for debate (Wilson et al. 2000; Zachos et al. 2001). The dominant periodicity
has been c. 100 kyr, with rapid warming out of glacials but slow cooling into them, such that the interglacials
represent only c. 10% of the cycle. However, Milankovich cycles cannot explain the timing of all glacial-
interglacial transitions (Lorius et al. 1990; Karner & Muller 2000).

Ice-sheet growth does not appear to be the primary trigger for the onset of glacial episodes, because
increases in ice volume lag behind the changes in Antarctic air temperature, deep-water temperature
and atmospheric CO2 levels, all three of which are in phase with orbital eccentricity (Sowers & Bender
1995; Shackleton 2000, 2001). It may well be that the response of the carbon cycle to the orbital eccentricity

Fig. 6.25 Records of atmospheric CO2 and CH4 concentrations, air temperature just above the Antarctic inversion
layer (derived from water δD values) and water δ18O values from the Vostok ice core (after Petit et al. 1999). [An
atmospheric inversion layer is one in which temperature increases with altitude, rather than the usual decrease (see
Fig. 7.1).]
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cycle is the trigger for glaciations (Raynaud et al. 1993). During glacial periods the climate is generally
more arid and winds are relatively strong (due to enhanced atmospheric pressure gradients), increasing
the supply of dust from the continents to the oceans where there are favourable prevailing winds
(Tiedemann et al. 1994). The dust is iron-rich, and it is likely that the increased supply of the micronutrient
iron resulted in higher phytoplanktonic productivity, drawing down atmospheric CO2 (Falkowski et al.
1998), and increasing the rate of dimethyl sulphide (DMS) production (Turner et al. 1996; see Box 3.7).
The increased production of DMS would have reinforced the positive cooling feedback of decreasing
atmospheric CO2 concentrations (see Section 6.3.1). The extent of cooling stimulated by iron enrichment
is likely to have been limited by the strength of the Trade Winds and their capacity to deliver nutrients to
the remote oceans (Henriksson et al. 2000).

Evidence for increased DMS production during glacials has been found in Antarctic (but not Arctic) ice
cores (Legrand 1997). Figure 6.26 suggests that productivity in the Southern Ocean increased during
glacial periods, possibly fuelled by iron-containing dust blown from Patagonian deserts (Kumar et al.
1995). In Fig. 6.26 the δ18O plot from an Antarctic ice core is a proxy for temperature, and shows the
contrast between the last glacial and the present interglacial stage. The iron content estimated in another
ice core was greater during the glacial episode and corresponded to lower CO2 levels in air trapped in the
ice, as would be expected if increased CO2 draw-down had occurred. This is consistent with an increase
in oceanic primary productivity, as suggested by elevated levels of organic C in a marine sediment core
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and high concentrations of MSA (methane sulphonic
acid) in an Antarctic ice core (Fig. 6.26).

The amount of CO2 trapped in ice cores correlates
with the degree of glaciation, and as we have just seen,
changes in marine primary production seem to be a
major cause of the variation in atmospheric CO2
concentration. However, it is important to examine other
potential causes. The terrestrial C reservoir is likely to
decrease rather than increase during glacial advance
over the continents, if only because of the loss of plant
habitat, probably resulting in a slight increase
atmospheric CO2 levels. The solubility of CO2 increases
as oceanic surface water cools, but it is partially offset
by the reduction in solubility caused by an increase in
salinity resulting from intensified sea-ice formation (via
brine rejection; see Box 3.2), so there would probably
have been only a small (<10 ppm) net decrease in
atmospheric CO2 during glaciations. As shown by Fig.
6.3b, a decrease in alkalinity, from export of CaCO3
from surface to deep waters/sediments, causes a
decrease in dissolved C, permitting more CO2 to enter
solution. This process causes a deepening of the
lysocline (because there is more carbonate at depth;
see Box 5.7), the extent of which is directly related to
the amount of CO2 removed from the atmosphere. The
depth range over which carbonates were deposited
during the last glacial maximum suggests the lysocline
deepening was <1 km (Catubig et al. 1998), which limits
the draw-down of CO2 to <55 ppm (Sigman & Boyle
2000). In low-latitude oceans, nutrients are used
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efficiently by phytoplankton, and there seems little scope for increasing productivity significantly in order
to lower CO2 levels by an appreciable amount. It is possible that nitrogen fixation rates increased with the
elevated influx of iron during glacials, but if phosphate is the limiting nutrient it would be necessary for the
Redfield ratio to change (see Section 3.2.7), allowing N and C to increase relative to P, for enhanced
photosynthetic draw down of CO2 to occur (Falkowski 1997).

The greatest potential for reduction in atmospheric CO2 during glacials probably lies in changes in
primary productivity and deep-water circulation in the Southern Ocean (Sigman & Boyle 2000). At present
in this area, major nutrient utilization is low because iron is biolimiting, primary productivity is dominated
by diatoms and there is strong upwelling (from mixed NADW and AAIW in Fig. 3.2b; see also Box 3.5)
which vents CO2 back into the atmosphere. However, in a cooler glacial climate, the westerlies would
shift towards the equator, suppressing deep-water ventilation around Antarctica (Toggweiler et al. 1999).
Despite the decrease in overall upwelling, the efficiency of nutrient utilization appears to have increased
(Sigman et al. 1999) – possibly associated with dominance of non-siliceous phytoplankton – effectively
increasing the draw-down of CO2 (Sigman & Boyle 2000).

If anything, the atmospheric concentration of methane follows the air-temperature trend in Fig. 6.25
more closely than does the CO2 record. The more direct coupling of methane to air temperature suggests
that terrestrial sources of the gas were probably responsible for the fluctuations in concentration. Increased
humidity in the tropics and active plant growth in high-latitude wetlands can be expected to increase
methane production during interstadials (Brook et al. 1996).

6.3.6 The ultimate hothouse

The Sun is almost half-way through its c. 10 Gyr life as a main-sequence star, converting hydrogen into
helium in its core. Subsequently, it will enter a red-giant phase and expand towards the Earth over another

Fig. 6.27 Modelled potential effects of variation in
atmospheric CO2 concentration (as a function of
weathering and primary production) and solar luminosity
upon relative terrestrial primary productivity and mean
surface temperature (after Caldeira & Kasting 1992b).
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c. 2 Gyr (Hufnagel 1997). However, conditions for life
on Earth will become increasingly hostile long before
that catastrophe. As the Sun converts more hydrogen
into helium, its core will get denser and hotter, the
rate of thermonuclear fusion will increase and so the
Sun’s luminosity will continue to increase (Newman &
Rood 1977). The resulting warming of the Earth is likely
to increase the rate of chemical weathering of silicates,
which will draw down CO2 from the atmosphere
(assuming subsequent deposition of carbonate occurs
in the oceans), minimizing the temperature increase.
However, there is a limit to the amount of CO2 that
can be removed from the atmosphere before another
factor comes into play. Below c. 150 ppm CO2, C3
photosynthesis becomes unviable, assuming that
plants have a limited ability to adapt to lower CO2 levels
(Lovelock & Whitfield 1982). At this point, the rate of
removal of CO2 from the atmosphere would slow, the
Earth would warm rapidly and life would eventually
cease (a critical time would be when liquid water could
no longer exist).

Assuming fair ly conservative limits for the
temperature and C requirements of life, and that
volcanic CO2 emissions and silicate weathering rates
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remain similar to today, it is possible to estimate the minimum amount of time left for life on Earth from the
simple model represented in Fig. 6.27 (Caldeira & Kasting 1992b). Insolation will increase at c. 0.12 W
m−2 Myr−1, so a reduction in CO2 could maintain a constant mean surface temperature for another 0.5
Gyr, at which time the critical concentration of CO2 of c. 150 ppm for C3 plants would be reached (Caldeira
& Kasting 1992b). However, some C4 plants (see Box 1.10) can survive at <10 ppm CO2, a limit that
would not be reached for 0.9 Gyr, which may extend the period of temperature buffering if these plants
became dominant (Cerling et al. 1993).

When the global mean temperature exceeds 300 K (27˚C), silicate dissolution is likely to occur at a
faster rate than volcanism can supply CO2, so not all the Ca2+ and Mg2+ ions supplied to the oceans
would be able to precipitate as carbonates. The global mean surface temperature would exceed 50˚C
after c. 1.5 Gyr, ignoring the possible negative feedback of increased cloud cover as more water vapour
enters the atmosphere. Only prokaryotes and some protozoa can live much above this temperature.
Warming is then likely to accelerate, with atmospheric water vapour levels increasing exponentially with
temperature (at constant relative humidity), adding to the warming. A rise in temperature from 50 to
100˚C is likely to occur in <200 Myr, leaving thermophilic archaebacteria as the only survivors.
Photodissociation of water and escape of the liberated hydrogen into space will accelerate, leading to
complete loss of water after c. 2.5 Gyr. At this stage, life will certainly be eliminated. Silicate weathering
will stop, so volcanic CO2 will accumulate in the atmosphere until the Earth resembles Venus.

6.4 Isotopic excursions at period boundaries

Biotic extinctions of varying magnitudes are associated with many era boundaries (see Section 1.5.5),
and there are often accompanying excursions in the carbon isotopic record. Such isotopic excursions
reflect environmental events of sufficient size to have an impact on the global carbon cycle. However, it is
not always easy to determine whether the excursion was the result of the extinction event (due to biotic
collapse), is attributable to some other consequence of the event leading to the extinction or may even be
largely unrelated to the extinction event. The problems associated with interpretation of isotopic excursions
are demonstrated by three important boundary events in the following subsections.

6.4.1 Cretaceous-Tertiary boundary event

Perhaps the best known of these extinction events occurred at the Cretaceous-Tertiary boundary (KTB),
which left a clear signature in the C isotopic record. As we have seen in Section 5.8, the preferential
assimilation of 12CO2 during photosynthesis leaves surface waters depleted in the lighter C isotope, but
decomposition of sinking organic detritus in the underlying water column releases this isotopically light C,
resulting in a gradient of decreasing δ13C value with increasing depth in the main form of dissolved C,
bicarbonate. The signature of this gradient is preserved in carbonate tests of planktonic and benthonic
organisms such as foraminiferans (Fig. 6.28a). At the KTB the gradient rapidly fell to zero or even reversed
(Fig. 6.28a), with planktonic δ13C values typically decreasing by 2–3‰. This is believed to reflect a
catastrophic collapse in marine primary productivity after the boundary impact event, lasting c. 1 kyr
(Zachos et al. 1989; Kump 1991; Hollander et al. 1993).

An ocean in which the export of organic matter from the surface to deep water has ceased and there
is an associated zero δ13Ccarbonate gradient has been termed a ‘Strangelove ocean’ (Fig. 6.29; Hsü &
McKenzie 1990). In such an ocean, isotopic homogeneity is likely to be reached in no more than a few
hundred years, and in the longer term (c. 100 kyr) the δ13C value would be expected to approach the
mean crustal value (c. −5‰) because of the fluvial input of bicarbonate from weathered rock (Kump
1991). The fact that δ13Ccarbonate values did not approach the crustal mean indicates that global primary
production (and subsequent burial of organic C) did not shut down completely. The trend for δ13Ckerogen
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derived from plankton shows a decrease of 3‰ during the Strangelove ocean period, as expected for a
collapse in primary production, but then increases by 7‰, as shown in Fig. 6.28b and observed at several
KTB sites (Meyers & Simoneit 1990; Hollander et al. 1993). The
∆δ13Ccarbonate−kerogen trend gives an idea of the degree of isotopic fractionation during photosynthesis
(see Section 5.8.2), and it can be seen to increase by 1.2‰ in the boundary clay layer , but decreases by
5.4‰ immediately above, before increasing to more normal values (c. 28‰; Fig. 6.28b). The decrease
has been attributed to phytoplanktonic blooms, which are known to exhibit such decreases in photosynthetic
isotopic fractionation under conditions of low concentrations of dissolved CO2, which result from demand
exceeding the rate of supply from air-sea transfer, organic decomposition and bicarbonate equilibration
(see Section 5.8.2). As the phytoplankton recovered after the boundary catastrophe, blooms are likely to
have been stimulated by the nutrients that had accumulated in surface waters in the intervening period.
Supporting evidence for such blooms is provided by monospecific calcareous nanoplanktonic assemblages
commonly found in the earliest Tertiary of KTB sections (Hollander et al. 1993).
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Although primary production recovered, few
zooplankton appear to have been present, so bacterial
decomposition of organic detritus would have dominated
in surface waters. Because phytoplanktonic (and
particularly picoplanktonic) remains sink much more slowly
down through the thermocline than zooplanktonic faecal
pellets (see Section 3.3.1), it is likely that organic detritus
remained in the surface waters for a considerable time
and that microbial respiration there became an important
control on the C isotopic gradient. The distinctive inverted
(negative) gradients for δ13Ccarbonate that persisted for up
to 1 Myr after the KTB in some regions is believed to reflect
the influence on the overall isotopic fractionation of the
dominance of respiration over photosynthesis. Not
surprisingly, the term ‘respiring ocean’ has been applied
to such conditions (Hsü & McKenzie 1990; Fig. 6.29). The
fact that the C isotopic record of carbonates did not recover
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to pre-extinction levels for >3 Myr probably reflects the relative rate of exportation of detritus to deep
water and hence the recovery period of the oceanic grazing chain (D’Hondt et al. 1998).

Atmospheric pCO2 is likely to have increased as a result of equilibration between the air and Strangelove
ocean, and the terrestrial wild-fires triggered by the bolide impact (Wolbach et al. 1988). However, the
periodic phytoplanktonic blooms would have drawn down significant amounts of CO2. Consequently, it is
likely that there were dramatic climatic swings during the recovery phase, until atmospheric CO2 levels
stabilized (Wolfe & Upchurch 1986).

6.4.2 Palaeocene-Eocene thermal maximum

The late Palaeocene to early Eocene was the warmest interval in the Eocene, with the thermal optimum
being reached 52–50 Myr ago (Bains et al. 1999). Within this interval there was a dramatically rapid
warming – the Palaeocene-Eocene Thermal Maximum (PETM) – at 55.5 Ma. The whole of the water
column warmed by several degrees (Zachos et al. 2001). At the onset of the PETM the δ13C of bulk
carbonate decreased rapidly by 2–3‰ (Fig. 6.30; Kennett & Stott 1991; Bralower et al 1997), with about
two thirds of the excursion occurring over just a few thousand years (Norris & Röhl 1999). Prior to the
excursion, tropical surface waters seem to have warmed slightly, which may have been caused by the
CO2 released during a phase of circum-Caribbean volcanism, the scale of which matched the Toba
eruption (Bralower et al. 1997). Volcanism in the North Atlantic igneous province increased from 56.0 to
55.55 Ma, and intensified considerably c. 50 kyr before the PETM. The latitudinal variation in temperature
trends of surface waters during this time probably reflects a change in oceanic heat transport, with the
formation of warm, saline deep water becoming more important (Kennett & Stott 1991; O’Connell et al.
1996). It is possible that there were rapids changes in the relative importance of high latitude vs. subtropical
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(1984). CIE = carbon isotopic excursion. (b) Generalised trends in carbonate isotopic record for individual genera of
surface (Acarinina) and thermocline (Subbotina) dwelling foraminiferans, together with single (Nuttallides truempyi) and
multiple benthonic species from ODP site 690 (after Thomas et al. 2002).

sl
ow

 w
ar

m
in

g
co

ol
in

g
C

IE
re

co
ve

ry

co
ol

in
g

C
IE

re
co

ve
ry

−2 0420

de
pt

h 
(m

 b
el

ow
 s

ea
 fl

oo
r)

170

171

su
rfa

ce

su
rfa

ce

th
er

m
oc

lin
e

th
er

m
oc

lin
e

bo
tto

m
be

nt
ho

ni
c

ex
tin

ct
io

n

bo
tto

m

(a) (b)



Killops & Killops
Introduction to Organic Geochemistry 304

Chapter 6
version 040801

sources of deep water as a result of variations in continental run-off (Bice et al. 1997). A major benthonic
extinction event occurred during the C isotopic excursion, with c. 35% of benthonic foraminiferal species
disappearing at the onset of the excursion (Kennett & Stott 1991; Kaiho et al. 1996), possibly as a result
of low dissolved oxygen levels and elevated salinity (Bains et al. 1999). There were also changes among
the phytoplankton during the warming leading up to and throughout the PETM (Kelly et al. 1996; Killops
et al. 2000b; Zachos et al. 2001), and also in the terrestrial biota (Koch et al. 1992).

The rapidity (<10 kyr) and amplitude of the C isotopic excursion suggests methane-hydrate collapse
as the most likely cause (Dickens et al. 1995, 1997; Thomas et al. 2002). The hydrate destabilization
could have occurred as a result of warming, which was initially gradual but finally became more rapid
owing to the sinking of warm saline waters (bottom-water temperature increased from 11 to 15˚C; Dickens
et al. 1995). Alternatively, it may have been triggered by seismic activity causing slope failure along
continental margins, which removed overburden and hence lowered the pressure confining the hydrates
(Bains et al. 1999). Apparent evidence for the latter has been found off the coast of Florida (Katz et al.
1999).

A biotic collapse can be ruled out as a cause of the isotopic excursion because of the proportion of the
total marine and terrestrial organic C surface reservoirs (i.e. biota, soil+peat and dissolved components
in Fig. 6.1) that would need to be transferred into the combined ocean/atmosphere inorganic reservoirs,
which would be the only mechanism to account for an excursion over a time interval less than the oceanic
C residence time (39000/0.3 yr = 130 kyr from Fig. 6.1) but greater than the ocean mixing time (c. 1 kyr).
A −2‰ shift in δ13Ccarbonate would require 75–90% of the total marine and terrestrial organic C surface
reservoirs to be transferred, and there would not be sufficient organic matter for a −3‰ excursion.

Similarly, the amount of volcanically emitted CO2 needed to account for the isotopic excursion, which
can be estimated by mass balance, is without precedence. For a transient input of carbon (x) we can
write (Dickens et al. 1995):

(Msurface + Mx)(δ13Cfinal surface) = (Mx)(δ13Cx) + (Msurface)(δ13Cinitial surface) [Eqn 6.12]

where surface = biota, soil+peat, dissolved and atmospheric carbon, and M = mass of carbon. Msurface =
41.803 Tt C from Fig. 6.1, so assuming a mantle signature of −5‰ for δ13Cx, the isotopic excursion would
require 61–92 Tt of CO2. The corresponding emission rate of c. 6.1–9.2 Gt yr−1 is improbably large
compared to the estimated rates of 0.3–2.0 Mt yr−1 for the Deccan Traps and 0.02–0.11 Gt yr−1 for long-
term global out-gassing (Leavitt 1982; Williams et al. 1992; Arthur 2000).

Equation 6.12 can also be used to calculate the amount of methane that would account for the isotopic
excursion: assuming δ13Cx =−60‰, a δ13Ccarbonate excursion of −2 to −3‰ would require
1.4–2.1 Tt C, which amounts to 1.9–2.8 Tt methane. A deep-water temperature increase from 11 to 15˚C
would move the upper stability depth for methane hydrates from c. 920 to 1460 m, assuming a hydrostatic
gradient of 10 kPa m−1 (Fig. 4.32). It is conservatively estimated that c. 14% of present-day methane
hydrates are located over this depth range, which corresponds to c. 2.9 Tt (Table 4.13). So the required
methane release is feasible, and its rate of release (0.29 Gt yr−1 over 10 kyr) is comparable to the
estimated modern agricultural release of c. 3.6 Gt yr−1 (Dickens et al. 1995).

There seem to be three phases to the bulk-carbonate isotopic excursion in Fig. 6.30a, which might be
considered to indicate a pulsed liberation of methane (Bains et al. 1999). However, high-resolution studies
involving isotopic analysis of a single, surface dwelling, foraminferal genus suggest a single, geologically
instantaneous, methane release (Fig. 6.30b; Thomas et al. 2002). The apparent discrepancy between
bulk and single-genus carbonate data arises because the bulk-carbonate data in Fig. 6.30a represents
the entire community of phytoplankton, the composition of which varied with depth and also as a result of
the warming event. These variations affect the averaged isotopic signature from bulk carbonate, apparently
accounting for the stepped excursion profile. Analysis of single genera from the Weddell Sea site (690)
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has indicated that the isotopic excursion was triggered firstly in the surface dwellers, then spread down to
the thermocline and only later reached the benthonic community (Fig. 6.30b; Kelly 2002; Thomas et al.
2002). In addition, there appears to have been an increase in surface-water temperature of c. 2˚C (a
decrease in δ18O, which is not seen in the bulk-carbonate data in Fig. 6.30) just before the C isotopic
excursion, possibly attributable to large-scale CO2 emissions from the North Atlantic igneous province.
Data from surface-dwelling foraminiferans suggest that the sea-surface temperature rose another 4˚C at
the onset of the C isotopic excursion. The recovery of δ13C to pre-excursion values took c. 200 kyr (Röhl
et al. 2000), and began in surface waters while the thermoclinic and benthonic foraminiferans were still
recording the isotopic excursion (Fig. 6.30b).

 A single surface-water δ13C excursion suggests a single rapid release of methane. It is possible,
therefore, that seismic activity or some other rapid process may have been the trigger for destabilization
of rich methane-hydrate deposits in a particular location, rather than the general warming of deep waters
(which is unlikely to have been synchronous throughout the oceans). The apparent downward propagation
of the excursion indicates that much of the methane reached the surface ocean/atmosphere. Such a
large injection of C into the oceans, involving oxidation of the methane to CO2 and subsequent equilibration
with bicarbonate, would cause the lysocline and CCD to shoal (see Box 5.7), and there is evidence for
the expected consequential dissolution of carbonate (Bralower et al. 1997).

6.4.3 Permo-Triassic boundary event

There was a drastic reduction in oceanic biomass at the end of the Permian, and a fern spike in the spore
record demonstrates that there was catastrophic deforestation, as at the KTB (Hsü & McKenzie 1990;
see Section 1.5.5). However, environmental stress on ecosystems appears to have built up over several
millions of years (Erwin 1993; Knoll et al. 1996; Hallam & Wignall 1997), so identifying a single cause and
linking it to the observed isotopic excursion is problematical (Bowring et al. 1998). Various causes have
been postulated, such as the emplacement of the Siberian traps, in flood-basalt eruptions that were quite
explosive and emitted large amounts of dust and aerosols into the atmosphere (Campbell et al. 1992;
Renne et al. 1995). This may have led initially to cooling and restricted primary production by reducing the
amount of solar energy reaching the surface, but subsequently to greenhouse warming under the influence
of the large quantity of CO2 emitted. A change in ocean chemistry and reduction in oxygenation levels
may also have contributed to the extinction event (Knoll et al. 1996; Isozaki 1997). Even a bolide impact
has been suggested (Becker et al. 2001). Based on a relatively expanded boundary section from East
Greenland, which contains both marine faunal remains and terrestrial palynomorphs, it has been suggested
that the collapse in marine and terrestrial ecosystems was synchronous, beginning just before a sharp
negative C isotopic excursion, and took 10–60 kyr (Twitchett et al. 2001). The final disappearance of the
Permian flora seems to have taken a further few hundred thousand years, with gymnosperms being
among the earliest departures.

Varied patterns of C isotopic excursions in carbonate and kerogen have been recorded in marine
sequences across the Permo-Triassic boundary, ranging from a single large, sharp, negative excursion
to complex patterns of rapid excursions (Magaritz et al. 1992; Bowring et al. 1998; Twitchett et al. 2001; de
Wit et al. 2002). Similar patterns have been observed in terrestrial sections. In all environments the
isotopic excursions appear to be superimposed on a gradual decrease in δ13C during the Late Permian,
which may be at least partly attributable to the isotopically light CO2 released upon uplift and oxidation of
Pangaea’s extensive peat deposits (Faure et al. 1995). The main C isotopic excursions are typically c. 5‰
(for both carbonate and kerogen), which is much greater than that at KTB (Raup & Sepkowski 1984;
Holser et al. 1989b; Magaritz et al. 1992). The multiple excursions in many sections suggest a series of
events, making it difficult to define their relationship to the extinction.
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Modelling of a coupled atmosphere-ocean system suggests that rapid injection into the ocean of methane
at a rate of 0.48 Gt yr−1 over 10 kyr (representing some 24–48% of the present-day, global, hydrate
reservoir) would produce atmospheric and oceanic δ13C excursions of the right order, which would be
reflected in similar excursions in kerogen and carbonate (Fig. 6.31; de Wit et al. 2002). A −12‰ excursion
for the atmosphere could be achieved by the same methane release if 5% of the gas escaped immediately
to the atmosphere, which is possible given that methanotrophes may well be overwhelmed by a sudden
large flux. The modelled results from five pulses of methane release, each of 0.96 Gt yr−1 over 1 kyr
periods at intervals of 10 kyr are also shown in Fig. 6.31. The net effect of the recovery periods between
each pulse is that the overall negative isotopic excursion is more gradual and slightly smaller.

6.5 Human influence on the carbon cycle

6.5.1 Deviation from the steady state system

The preindustrial carbon cycle in Fig. 6.1 is shown as a steady state system, with inputs balancing
outputs for each reservoir. Human activity, particularly since the industrial revolution in the mid-1700s,
has had a significant influence on the size of fluxes between some of the carbon reservoirs. Since
industrialization there has been an imbalance between uptake and release of CO2, as can be seen from
the averaged data for the 1980s represented in Fig. 6.32. This imbalance is mainly the result of human
(anthropogenic) contributions from burning fossil fuels (5.3 Gt C yr−1) and cement manufacturing (0.1
Gt C yr−1). The impact of agricultural practices such as deforestation (c. 2.0 Gt C yr−1) also contribute to
an increased flux of CO2 into the atmosphere from the terrestrial biota. Drying out, whether due to climatic
change or agricultural drainage practice and subsequent burning of tropical peatland, is also a potentially
major contributor to anthropogenic CO2 (Sorensen 1993). The widespread fires in Indonesia during the
1997 El Niño event are estimated to have released 0.81–2.57 Gt C, mostly from peat (Siegert et al. 2001;
Page et al. 2002). This contributed to the largest annual increase in atmospheric CO2 since records
began in 1957 of 6.0 Gt C (cf. the average for the 1990s of 3.2±0.1 Gt C yr−1; Houghton et al. 2001).

Measurements of atmospheric CO2 concentrations suggest that the gas is accumulating in the
atmosphere more slowly than the rate at which it is being supplied, so the carbon cycle has adjusted to
take up some of the excess anthropogenic generation. It appears that the oceans are absorbing c. 2 Gt

An isotopic excursion of c. 5‰ is difficult to explain
by a biotic collapse of the type seen at the KTB
(Magaritz 1989; Wang et al. 1994); it is more likely the
result of destabilization of methane hydrates (Erwin
1993), which is consistent with carbon-cycle
modelling. Biotic collapse and volcanic degassing may
have played subsidiary roles, but that atmospheric
CO2 levels would not have been excessively high, and
certainly not sufficient to account for the isotopic
excursion (Berner 2002). A palaeo-high-latitude
methane release has been suggested on the basis of
greater isotopic excursions at high latitudes (≥8‰ in
carbonates and ≥10‰ in kerogen from an East
Greenland section; Krull & Retallack 2000; Twitchett
et al. 2001). However, the isotopic excursion occurs
after the onset of the biotic collapse, so the
mechanism responsible for the isotopic excursion
cannot be the direct cause of the extinction event.
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Fig. 6.31 Modelled response of a coupled ocean-
atmosphere system to a single influx of CH4 to ocean
of 0.48 Gt yr−1 over 10 kyr (solid lines) and five pulsed
inputs of 0.96 gt yr−1 of 1 kyr duration at 10 kyr
intervals (after de Wit et al. 2002).
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yr−1 of the gas, with a 20:80 split between surface and deep water masses. In addition, a similar amount
may be taken up by terrestrial vegetation, as a result of the stimulation of photosynthesis by higher CO2
concentrations (commonly referred to as CO2 fertilization; Houghton et al. 1995; Keeling et al. 1996).
However, the precise effect of increased CO2 levels on the ability of terrestrial ecosystems to sequester
some of the extra atmospheric C in the long term is difficult to assess (Smith & Shugart 1993; Oechel et
al. 1994). In C3 plants the carboxylase activity of rubisco increases with CO2 concentration until the
saturation limit of 800–1000 ppm is reached, after which terrestrial plants become a less efficient sink for
the gas (Falkowski et al. 2000). However, net terrestrial primary production may level off at a much lower
CO2 concentration (550–650 ppm) because of nutrient limitation and higher soil microbial respiration
rates as temperature increases (Falkowski et al. 2000). So although photosynthesis may be stimulated
by rising CO2 levels, so too may C transfer between root systems and soil, leading to faster C cycling but
little long-term sequestration. Such limitations have been observed in grasslands (Hungate et al. 1997),
but boreal forests may offer more potential as a C sink (Jarvis & Linder 2000). Reforestation in temperate
latitudes may also help to take up some of the CO2 released by tropical deforestation (Dixon et al. 1994;
Fan et al. 1998).

Despite the increased uptake of CO2 by some of the surface reservoirs, the net annual surplus input of
CO2 to the atmosphere was c. 3.4 Gt during the 1980s (Siegenthaler & Sarmiento 1993; Houghton et al.
1996). As can be seen from Fig. 6.33c, the annual rate of increase of atmospheric CO2 varies somewhat.

6.5.2 Greenhouse gas sources and fluxes

In preceding sections we have considered the main greenhouse gases, which have natural as well as
anthropogenic sources: water vapour, carbon dioxide and methane. There are other naturally-occurring
gases that are present in the atmosphere in sufficient concentrations to influence the Earth’s thermal
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budget, such as nitrous oxide [nitrogen (I) oxide, N2O]
and ozone (see Section 7.2.1). Nitrous oxide is produced
naturally during denitrification (see Box 3.9 and Fig. 3.17),
but the increased use of nitrogenous fertilizers has
stimulated this production by c. 1–3 Mt N yr−1 (Vitousek
et al. 1997; Harvey 2000). As well as CO2 and CH4, carbon
also enters the atmosphere as carbon monoxide (CO).
Carbon monoxide is released into the air by natural
processes, such as atmospheric oxidation of methane,
and by anthropogenic processes, such as incomplete
combustion of fossil fuels. Ultimately, however, CO, like
CH4, is converted to CO2.

Table 6.2 Representative distribution of

anthropogenic sources of CO2 emissions in the UK

(after Aldhous 1990).

source % of total emissions

power stations 31

other industries 25

road transport 17.5

domestic 14

commercial/public services 6.5

refineries 4

shipping 2

Determining the precise anthropogenic contribution of greenhouse gases that also occur naturally is
difficult, but estimates are necessary if predictions are to be made of the likely associated climatic warming.
Data from trapped gases in ice cores and remote atmospheric monitoring stations have provided a sound
basis for estimating trends for the most abundant gases (Fig. 6.33). Carbon dioxide sources are reasonably
well understood, and the major anthropogenic source over the past two centuries has been fossil-fuel
combustion, particularly that related to power generation and transportation, as demonstrated by Table
6.2.

The size of the various natural sources of other gases are less well understood, making anthropogenic
contributions difficult to quantify. Table 6.3 shows estimates of the changes in tropospheric gas
concentrations between preindustrial times and 1985 and their influence on climatic warming.

(a) Methane

After CO2, CH4 can be seen from Table 6.3 to be the next most significant contributor to global warming
at present. As noted in Section 6.3.1, the major sink for atmospheric methane is oxidation by highly
reactive hydroxyl radicals (.OH). The life-time of methane in the atmosphere is, consequently, relative
short at c. 12 yr (Houghton et al. 2001). There is a variety of sources for methane entering the atmosphere,
both natural and anthropogenic, and the fluxes are poorly constrained, so the estimates given in Table
6.4 may prove to be inaccurate for some sources. For example, estimations of emissions from wetlands
range from 92 to 237 Mt CH4 yr−1 (Houghton et al. 2001), and the methane generated by enteric bacteria
in termites is extremely difficult to quantify (Whiticar 1990; Lelieveld et al. 1998).

Hydrothermal and mantle contributions of methane are not significant. Oceanic surface waters are
oversaturated with respect to methane, due to bacterial (methanogenic) activity in localized anaerobic
environments, such as the digestive tracts of zooplankton, resulting in a net flux of methane to the air.
Methane is similarly produced in freshwater environments. Deep ocean waters contain much lower methane

Table 6.3 Estimated changes in trace tropospheric gas concentrations and their contributions to

radiation trapping in preindustrial times compared to 1985 values (after Dickinson & Cicerone 1986).

1985 preindustrial

concn trapped heat concn trapped heat

(ppb) (W m−2) (% 1985) (% 1985)

carbon dioxide 345000 ~50 80 97

methane 1700 1.7 41 65

ozone 10–100 1.3 75–100 85–100

nitrous oxide 304 1.3 94 96
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concentrations than surface waters and the methane
generated within anaerobic sediments is mostly
oxidized by methanotrophes. Marine and lacustrine
environments as a whole do not make a large
contribution to the methane flux, but natural wetlands
do. The bacterial gases produced by these and other
anaerobic soils are dominated by methane but
contain other hydrocarbons (e.g. ethane and
propane).

Some biogenic sources of methane can be
considered primarily anthropogenic because of the
significant influence of human activities. An example
being methanogenesis in paddy fields under the
anaerobic conditions that develop during flooding,
although much of the methane produced appears
to be oxidized by methanotrophes. The amount of
methane reaching the atmosphere from this source

Table 6.4 Major sources of methane, their mean carbon

isotopic signatures and estimated contribution to total

methane flux entering the atmosphere (after Whiticar 1990).

δ13C flux into atmosphere

source (‰) (Mt yr-1) (% of total)

termites -70.0 40 7.4

rice paddies -63.0 110 20.4

ruminants -60.0 80 14.8

oceans -60.0 10 1.9

methane hydrates -60.0 5 0.9

wetlands -58.3 115 21.3

fresh waters -58.0 5 0.9

land-fill -55.0 40 7.4

natural gas -44.0 45 8.3

coal -37.0 35 6.5

vegetation burning -25.0 55 10.2

is seasonably variable; estimates lie in the range 5–25 mg m−2 h−1, and the mean gives a total annual flux
of 110 Mt (Whiticar 1990). Other important anthropogenic sources of methane arise from methanogenesis
in land-fill sites and from burning of vegetation during deforestation/land clearance. Often the combustion
of vegetation is incomplete so that CO2 is not the only product (e.g. CO and certain polycyclic aromatic
hydrocarbons are produced; see Section 7.3.1a). There is significant production of enteric methane by
ruminants, which can also be considered as anthropogenic because it arises mainly from domestic animals
(chiefly cattle), although it must be remembered that this source is offset by the disappearance of large
herds of wild ruminants (like bison) as a result of hunting and agricultural practices. The current ruminant
input accounts for c. 15–20% of the total methane flux into the atmosphere. Probably c. 2.0–2.5% of
natural gas is lost to the atmosphere during production, and methane is also emitted during incomplete
combustion of fossil fuels.

 The total annual input of methane from all sources to the atmosphere shown in Table 6.4 is 540 Mt,
while the estimated output from atmosphere to sinks is 500 Mt. The potential inaccuracies in flux data can
be seen by comparing the observed carbon isotopic signature of atmospheric methane of −47‰ with that
calculated from the data in Table 6.4 of c. −54‰ [the latter is actually equivalent to −58‰ upon correcting
for the kinetic isotope effect (see Box 1.3) that operates during the hydroxyl abstraction reaction]. There
are clearly major gaps in our understanding of the pathways of methane into and out of the atmosphere
and the fluxes involved, as there are for many anthropogenic substances (see Chapter 7).

As well as raising global temperatures by the trapping of thermal radiation, increasing methane
concentration in the atmosphere influences atmospheric chemistry in two further ways: first, by the increase
in amounts of oxidation products (H2O, CO and CO2); second, by the rapid abstraction of hydroxyl radicals,
which are important in a variety of oxidation processes and in ozone chemistry (see Section 7.2.1).

(b) Carbon monoxide

The chief anthropogenic source of CO is the incomplete combustion of fossil fuels, amounting to ≥450 Mt
yr−1 (Freyer 1979b). Natural sources, however, outweigh anthropogenic inputs; for example, atmospheric
oxidation of CH4 to CO, mainly by photolysis involving hydroxyl radicals, probably contributes ≥1500 Mt
yr−1. Microbial activity in ocean surface waters leads to a net transfer from sea to air of a further c. 100 Mt
yr−1 of CO. Despite these large inputs, atmospheric CO levels do not appear to be increasing, which
implies that various sinks are removing CO as fast as it enters the atmospheric reservoir. Among these
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sinks are oxidation to CO2 by soil bacteria and uptake of CO by plants, but the major sink appears to be
hydroxyl radical oxidation to CO2 (Freyer 1979b). In terms of its contribution to global warming, therefore,
it is convenient to consider anthropogenic CO as simply an additional source of CO2.

6.5.3 Atmospheric concentrations of carbon dioxide and methane

The level of CO2 in the atmosphere prior to the industrial revolution was probably 280–290 ppm (Freyer
1979a; Houghton et al. 2001). However, earlier agricultural practice and deforestation dating back to
Neolithic times (c. 10 ka) have also contributed to the rise in atmospheric CO2 concentration (Fig. 6.33a).
Burning timber during deforestation returns the carbon stored in woody tissue to the atmosphere as CO2,
while the crops that replace the forests probably provide negligible long-term storage capacity. When
these effects are taken into consideration, the level of atmospheric CO2 before humans made a significant
impact on the environment may have been c. 260 ppm (consistent with ice-core data). By 2000, the level
had risen to c. 370 ppm, suggesting human activities have contributed some 110 ppm of atmospheric
CO2 (1 ppm = c. 2 Gt C; Siegenthaler & Sarmiento 1993; Houghton et al. 1996). An indication of the
increase in atmospheric levels of CO2 and CH4 is shown in Fig. 6.33. Over the past century the
anthropogenic CO2 contribution has caused the δ13C of atmospheric and surface-ocean reservoirs to
rise by 1.2‰, but the isotopic composition of the deep ocean has yet to be affected because of its size
and the relatively slow rate of mixing with surface waters (Joos & Bruno 1998).

Figure 6.33a shows that CO2 and, more particularly, CH4 levels are higher now than at any time during
the Quaternary. From Fig. 6.33c it can be seen that CO2 levels have been rising steadily over the past
century, but there is a short-period cycle superimposed on the annual increase. This cycle exhibits maximum
amplitude at high northern latitudes but becomes attenuated towards the equator and is hardly discernible
in the southern hemisphere (inset, Fig. 6.33c; Conway et al. 1988; Keeling et al. 1996). In the northern
hemisphere the cycle exhibits a maximum during the northern summer and a minimum in the winter,
which is attributed to the influence of the seasonal growth of terrestrial vegetation and its preponderance
in the northern hemisphere, together with incomplete mixing of the atmosphere over relatively short time
scales. The lack of cyclicity in atmospheric CO2 concentrations near the equator reflects the absence of
seasonal variation in plant growth there. At the South Pole the small-amplitude cyclicity exhibits maxima
during the southern summer, under the influence of the less abundant southern hemisphere flora.

Figure 6.33b shows that there is also a seasonal variation in atmospheric CH4 concentration, but with
the maxima occurring during northern hemisphere winters. This is apparently primarily attributable to the
decay of higher plant detritus at the end of each growing season in the dominantly northern hemisphere
terrestrial environments. In contrast to CO2, the rate of increase of atmospheric CH4 is declining, but the
reasons are complex and relate to potential variations in the natural sources of the gas as well as its
destruction by hydroxyl radicals (see Section 6.3.1).

6.5.4 Climatic change and greenhouse gases

The warming effect of each greenhouse gas is difficult to determine accurately because it depends upon
a number of processes. For example, the atmospheric chemistry of many gases is complex and directly
affects their life-time (adjustment time; see Box 6.4) in the atmosphere as well as their transformation into
other compounds that may have their own greenhouse effect. For example, an increase in CO, which
exerts a relatively small direct warming effect, causes a decrease in hydroxyl radicals (see Section 6.5.2b)
and so increases the adjustment time of CH4 (because the main route for CH4 destruction, as for most
gases containing an H atom, is via attack by .OH; see Section 6.5.2a). In addition, CO is eventually
oxidized to CO2, which also causes warming (Isaksen & Hov 1987). It is possible to compare the warming
effects of individual greenhouse gases with an equal amount of CO2 over a given time period, using a
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parameter termed the global warming potential (GWP; Box 6.4). From Table 6.5 it can be seen that CO2
has the lowest direct GWP, whereas CH4 has a greater warming capability. There are many entirely
anthropogenic compounds that are much more potent greenhouse agents, some of which are included in
Table 6.5, but fortunately they are present in the atmosphere at very low levels (they are discussed in
Section 7.2.2).
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Fig. 6. 33 (a) Trends in atmospheric CO2 and CH4 concentrations for the past 2 kyr from ice-core data (after Stauffer et
al. 1985; Siegenthaler et al. 1988; Blunier et al. 1993, 1995; Neftel et al. 1994; Barnola et al. 1995; Etheridge et al. 1996,
1998, Chappellaz et al. 1997; Dlugokency et al. 1998; Houghton et al. 2001). (b) Globally averaged monthly CH4
atmospheric concentrations (annual means shown by broken line; magnified section shows mid-year decline; after
Dlugokency et al. 1998). (c) Mid-tropospheric CO2 levels at Mauna Loa (Hawaii) and, in inset, at a number of sites over
1990-1995 (after Keeling & Whorf 2002). Mauna Loa is favorable for analysing CO2 concentrations in undisturbed air
because local influences of vegetation and human activity are minimal and any effects of volcanic activity can be
corrected (see Keeling et al. 1982; Bacastow et al. 1985). There was a 17.4% increase in the mean annual CO2
concentration (shown by broken line) from 316.0 ppm (by vol.) of dry air in 1959 to 370.9 ppm in 2001; the largest
increase in annual growth rate (2.87 ppm) occurred in 1997–1998.
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Box 6.4 Warming potential of trace gases

The effects of increasing atmospheric concentrations of greenhouse gases on warming potential
are not the same for all gases. Radiative forcing (see Box 6.1) increases approximately linearly
with ozone concentration, with the square root of methane and nitrous oxide concentrations, but
only with the logarithm of CO2 concentration. Hence a doubling of CO2, regardless of initial
concentration, will result in an instantaneous direct warming of c. 4.0–4.5 W m−2 (see Box 6.1).

The data in Table 6.3 indicate the warming (i.e. trapped radiation) attributable to a given
concentration of a trace gas at a particular time, but the overall effect of a given amount of a
particular gas on global warming also depends on how long the elevated atmospheric levels persist
(the adjustment time), which is a function of its atmospheric chemistry. In addition, various chemical
transformations and feedbacks can amplify or attenuate the immediate warming effect. The
adjustment time is not necessarily the same as the steady-state residence time. For example, the
atmospheric residence time for CO2 is c. 4 yr (750/194.9 yr) from Fig. 6.32, but recycling processes
within soils and ocean surface waters rapidly return a large proportion of the gas to the atmosphere,
so it is generally considered meaningless to quote a single adjustment time for the gas (it is nominally
c. 150 yr; Houghton et al. 2001; Fuglestvedt et al. 2003). The adjustment time for CH4 is greater
than its atmospheric residence time, and actually increases with amount of CH4 because of the
feedback on .OH concentration (8.4 yr; Houghton et al. 2001). Methane and CO can both contribute
to tropospheric O3, which is also a greenhouse gas. A comparison of the decay times for pulses of
some greenhouse gases into the atmosphere is shown in Fig. 6.34.

The influence of variable atmospheric life-times on the warming effects of greenhouse gases
can be allowed for by using a parameter termed the global warming potential (GWP; Lashof &
Ahuja 1990; Rodhe 1990). This compares the radiative forcing of the same mass of each gas to
that of CO2 over a given period of time (Houghton et al. 1996). Carbon dioxide is arbitrarily assigned
a GWP of 1.0. Uncertainties in GWP values are quite high, at c. ±35% (Houghton et al. 2001), but
they still provide one of the best means of comparing the net greenhouse effects of different gases
(Fuglestvedt et al. 2003). The influence of adjustment time on GWPs is apparent in Table 6.5, with
N2O having a greater warming potential over a 100-yr than a 20-yr period, because its warming
effect accumulates over its adustment time of 114 yr. In contrast, methane exhibits the greatest
warming effect over the 20-yr period because its effects disappear after 12 yr. The GWPs in Table
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Fig. 6.34 Modelled decay rates of pulses of various
greenhouse gases (after Fuglestvedt et al. 2003).
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6.5 are for the direct effect of a gas; they do
not include indirect effects, such as any
influence on the abundance of other
greenhouse gases. A number of entirely
anthropogenic gases have considerably longer
adjustment times and greater GWPs than
naturally occurring greenhouse gases, as
shown in Table 6.5. The most potent
greenhouse gas known is SF6. It is a very
heavy, inert, non-flammable and non-toxic gas;
useful properties for a range of industrial
applications, particularly as an insulating gas
in electrical switch-gear (Maiss &
Brenninkmeijer 1998). Because of its stability

(continued)
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In absolute terms, anthropogenic additions of CO2 and CH4 to the atmosphere are relatively small,
and levels of the gases have varied widely throughout the Earth’s history (see Section 6.2.2). However,
the current rate of increase is exceptionally fast compared to all but catastrophic events such as the
extinction event at the Cretaceous-Tertiary boundary and the likely destabilization of methane hydrates
during the Paleocene-Eocene thermal maximum (see Section 6.4). Such rapid changes over the past
200 yr have led Nobel laureate Paul Crutzen to suggest that we are no longer in the Holocene epoch but
the ‘Anthropocene’. There is growing consensus that the climatic warming experienced over the past 50
yr is primarily attributable to human activities (Houghton et al. 2001). It would seem that, by 2005, the
mean surface temperature rise that is attributable to greenhouse warming will be towards the lower end
of the range predicted in the mid-1980s (1–5˚C; Dickinson & Cicerone 1986). Rather than warming the
atmosphere, much of the additional heat has been taken up by the oceans which, because of their vast
volume and heat capacity, have experienced only a small temperature rise (<0.1˚C when averaged over
the whole water column; Levitus et al. 2000, 2001; Barnet et al. 2001). Atmospheric concentrations of a
variety of greenhouse gases have been increasing over the past two centuries, but so have anthropogenic
emissions of SO2 (c. 100 Mt yr−1; Bolin et al. 1983), particularly from coal and oil burning, which have led
to increasing concentrations of sulphate aerosols and a cooling effect (Houghton et al. 2001). The effects
of rising mean temperature upon climatic patterns, cloud cover and ocean-current patterns make it
extremely difficult to predict local temperature changes, which may actually decrease in some areas
while increasing significantly in others. Shifts in climatic zones and rainfall patterns will affect the distribution

and recent introduction to the environment, it has been useful in studying mixing in the stratosphere
and ocean, and has even been deliberately introduced into the ocean for this purpose (Maiss et al.
1996; Watson et al. 2000).

Table 6.5 Direct global warming potential (GWP) of tropospheric gases (molecule for molecule) relative to CO2 (after

Highwood & Shine 2000; Jain et al. 2000; Houghton et al. 2001).

1998 1998 radiative radiative adjustment direct GWP

concn forcing efficiency time over time period

gas (ppb by vol.) (W m−2) (W m−2 ppb−1) (yr) 20 yr 100 yr 500 yr

carbon dioxide 365 1.46 variable variable 1 1 1

methane 1 745 0.48 3.7 x 10−4 12 62 23 7

nitrous oxide 314 0.15 3.1 x 10−3 114 275 296 156

sulphur hexafluoride (SF6) 0.0042 0.002 0.52 3 200 15 100 22 200 32 400

carbon tetrachloride (CCl4) 0.102 0.01 0.13 35 2 700 1 800 580

PFC-14 (CF4) 0.8 0.003 0.08 >50 000 3 900 5 700 8 900

perfluoroethane (CF3CF3) 0.0030 0.001 0.26 10 000 8 000 11 900 18 000

CFC-11 (CFCl3) 0.268 0.07 0.25 45 6 300 4 600 1 600

CFC-12 (CF2Cl2) 0.533 0.17 0.32 100 10 200 10 600 5 200

CFC-113 (CF2ClCFCl2) 0.084 0.03 0.30 85 6 100 6 000 2 700

Halon 1301 (CF3Br) 0.0025 0.001 0.32 65 7 900 6 900 2 700

HCFC-22 (CHF2Cl) 0.132 0.03 0.20 11.9 4 800 1 700 540

HCFC-141b (CH3CCl2F) 0.010 0.001 0.14 9.3 2 100 700 220

HCFC-142b (CH3CClF2) 0.011 0.002 0.20 19 5 200 2 400 740

HFC-23 (CHF3) 0.014 0.002 0.16 260 9 400 12 000 10 000

HFC-134a (CF3CH2F) 0.0075 0.001 0.15 13.8 3 300 1 300 400

HFC-152a (CH3CHF2) 0.0005 0.000 0.09 1.40 410 120 37
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of vegetation zones and the type of agriculture that will be possible (Karl & Trenberth 1999).
A warmer atmosphere holds more water vapour, so global warming will lead to an increase in the rate

of water flow through the hydrological cycle (Fig. 3.12). Climatic modelling suggests that half of the
overall warming that would occur upon a doubling of atmospheric CO2 concentration would result from
the associated increase in water-vapour content (Hall & Manabe 1999; Schneider et al. 1999; Held &
Soden 2000). Net evaporation occurs from the oceans at mid-latitudes in a high-pressure zone, and in
the northern hemisphere the north-easterly Trade Winds carry the water vapour towards higher latitudes,
where it is precipitated in the sub-polar low-pressure zone (Fig. 3.12). Increasing the amount of fresh
water precipitated at high latitude in the North Atlantic reduces the salinity of surface water which, together
with the general warming of surface waters, will lower surface-water density and hence reduce the rate
of, or even shut down, NADW formation (Broecker 1997, 1999). This could lead to cooling of northwest
Europe similar to that experienced during the Younger Dryas (Box 6.5).

Reduction of anthropogenic CO2 emissions is the most obvious means of ameliorating the effects of
greenhouse-gas induced climatic change. Consideration has also been given to stimulating phytoplanktonic
uptake by providing a key biolimiting nutrient, iron, in areas of the open ocean (primarily the eastern
equatorial Pacific and the Southern Ocean) where nitrate and phosphate levels are high but iron
concentrations and hence primary productivity are low (see Section 3.2.7 and Box 3.7). Although iron-
seeding experiments have proved successful, there is some doubt that a significant long-term sequestration
of atmospheric CO2 is possible (Boyd et al. 2000). Iron fertilization of the oceans is likely to fluctuate
without deliberate intervention, because the aeolian flux of iron from the continents is affected by land
use and the hydrological cycle (Fung et al. 2000). The flux may increase with increasing aridity or
evaporation, although an increase in precipitation in some areas may decrease the flux. Even if the
natural flux stimulated nitrogen fixation and hence marine primary production to the maximum, the
estimated reduction in atmospheric CO2 would be at most 40 ppm (Falkowski et al. 2000). This is not an
insignificant decrease, but because it would occur over centuries it would have minimal impact on the
current warming trend.

6.5.5 Eutrophication

On a localized basis, human activity can affect the carbon cycle indirectly by increasing the supply of
mineral nutrients to aquatic environments. A large nutrient supply supports high levels of primary
productivity by phytoplankton (algae and cyanobacteria), a process described as eutrophication. Under
natural conditions, eutrophication is usually seasonal outside the tropics, being related to the stratification
of the water column and the succession of phytoplankton (see Section 3.2.4). When nutrients are exhausted
in the upper layers of water in thermally stratified lakes the phytoplanktonic bloom, which can form a
substantial mat of material on the water surface, comes to an end. The cycle can only begin again when
light levels are adequate and sufficient nutrients have accumulated in the surface waters. The latter is
brought about by overturning of the water column when strong winds and cooling destroy the stratification
(see Section 3.2.2b). However, when a constant anthropogenic supply of nutrients is available a high
level of productivity can be sustained over longer periods, with seasonal variation in light levels probably
becoming the limiting growth factor. It has been estimated that the flux of fixed inorganic N from land to
the coastal zone, which is already causing some coastal eutrophication (Walsh 1991), will increase from
c. 20 to c. 40 Mt N yr−1 by 2050 (Kroeze & Seitzinger 1998). Denitrification in the coastal zone presently
prevents significant amounts of land-derived N from reaching the open ocean (Christensen et al. 1987;
Seitzinger & Giblin 1996).

Important anthropogenic sources of nutrients include leachates from agricultural applications (nitrates
and phosphates) and domestic waste water (which contains phosphates from cleaning agents). Degrading
organic detritus can also release large amounts of nitrate and phosphate, with important environmental
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Box 6.5 The Younger Dryas stadial

The present mild climate of the UK is attributable to the influence of the Gulf Stream/North Atlantic
Drift, a surface current that brings warm water from the Gulf of Mexico to the northwestern coast of
Europe. This current is intimately coupled to the formation of North Atlantic Deep Water (NADW;
see Box 3.2), because the surface water that sinks to form NADW off Greenland draws warm
surface waters from the south to replace it, via the Gulf Stream/North Atlantic Drift (Fig. 6.35;
Broecker 1997). Before surface water can sink its density must increase above that of the underlying
water bodies, which is achieved by cooling and an increase in salinity (see Box 3.2). If the density
of surface waters at high northern latitudes is lowered for any reason, NADW formation is likely to
weaken or even cease, and so will the flow of the Gulf Stream/North Atlantic Drift. The switching
off of the Gulf Stream is believed to be a key feature of the onset of glaciations in northern Europe
during the Quaternary.

The Earth emerged from the last glacial episode some 15 kyr ago, and the the warming during
the subsequent interglacial period resulted in increased iceberg shedding from glaciers around
the North Atlantic, and in particular the large Laurentide ice sheet covering much of North America.
The resulting melt-water produced a low-density freshwater lid, effectively switching off NADW
formation (Stocker 2000; Clark et al. 2001). This caused a sudden return to very cold conditions (a
stadial), known as the Younger Dryas, which lasted from c. 13 to 11.6 ka (see Fig. 5.41), and is
reflected in changes in the position of the boundary between cold surface waters of polar origin
and warm Atlantic waters, called the polar front. During most interglacials, the polar front seems to
run between Newfoundland and Iceland, but during the Younger Dryas it extended as far south as
Portugal.

Fig. 6.35 Surface currents in the North Atlantic and location of the polar front now and during the Younger Dryas (YD;
after Ruddiman & McIntyre 1981).
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inputs being discharges from sewage treatment plants and run-off of rain water that has leached agricultural
dung. The nutrients are then transported by rivers and streams to larger water bodies, and those in which
flow is relatively restricted and nutrients can accumulate may be particularly prone to eutrophication. Still,
freshwater bodies are likely candidates, but certain marine environments are also vulnerable. Densely
inhabited and industrialized coastal areas in the Mediterranean, such as the Adriatic, have suffered from
sporadic eutrophication (Cognetti et al. 2000). Aerobic decomposition of large amounts of detritus resulting
from phytoplanktonic blooms in still bodies of fresh water can lead to severe depletion of oxygen in the
water column, causing high mortality rates among fish. Eutrophication can even affect stretches of rivers,
usually in the summer in temperate regions, when light intensity is high, low water levels result in a
sluggish flow, and oxygen diffuses only slowly into the calm, warm water.

Some of the species involved in phytoplanktonic blooms are toxic and can pose a danger to humans.
Cyanobacterial blooms (e.g. Anabaena) resulting from eutrophication in lakes and other still waters in
late summer can release toxins into the water. Although cyanobacteria occur naturally in the succession
of phytoplanktonic species during a typical growth season (e.g. in the UK), eutrophication can cause a
population explosion. The development of suitable control methods requires an understanding of the
factors that affect the bloom. It is in the late summer that cyanobacteria grow vigorously, when competition
with other species for light is at its lowest. The demise of other species in the phytoplanktonic succession
(e.g. diatoms) is generally the result of depletion of silicate and nitrate within the epilimnion. Cyanobacteria
contain gas vacuoles to prevent their sinking out of the euphotic zone and they are not affected by low
nitrate levels because some species can fix nitrogen directly from the atmosphere (see Section 3.2.7).
Phosphate is, therefore, usually the biolimiting nutrient for cyanobacteria, so controlling anthropogenic
inputs of phosphate (and potential remobilization of sedimentary phosphate) will reduce the likelihood of
a bloom. Alternatively, if the dominance of cyanobacteria can be sufficiently delayed, peak density may
be diminished, so reducing potential toxicity problems. This may be possible if early summer conditions
can be prolonged artificially, permitting early species in the succession, which can compete effectively
against cyanobacteria, to persist for a longer period. For example, maintaining a supply of nutrients to the
epilimnion, particularly silicate, allows diatom growth to continue (Reynolds et al. 1983).


