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3 Production, preservation and degradation of organic matter

3.1 How and why organic-rich deposits form

Having considered the main biological sources of sedimentary organic matter and its general chemical
composition, it is time to examine the physical, chemical and geological processes that control the
production of organic matter and its subsequent degradation or preservation within sediments. The organic
carbon content of sedimentary deposits can range from zero up to almost 100% in coals, and very
occasionally has reached 20–30% in some marine settings (e.g. Holocene sapropel in the Black Sea,
and Neogene-Quaternary and Cretaceous sapropels in the Mediterranean; see Section 6.3.4a). In freshly
deposited marine sediments today organic carbon content rarely exceeds 2% (it very occasionally reaches
up to c. 15% locally) and over most of the ocean floor it is <0.25% (Pedersen & Calvert 1990). Organic-
rich sediments have not been laid down continuously throughout geological time, and to understand the
reasons for their deposition, it is necessary to examine the production and fate of organic material in
present-day environments.

There are some general conditions that favour the formation of organic-rich sediments. Firstly, a
sufficiently large amount of organic material is needed which, as we have seen in Section 1.5, is
predominantly derived (directly or indirectly) from the main primary producers: higher plants on land and
phytoplankton in aquatic environments. High primary productivity is, therefore, an important factor, providing
at least the opportunity for relatively large amounts of organic matter to reach and be incorporated into
the sediment, rather than being completely recycled within the water column. Secondly, a low-energy
depositional environment (e.g. low water current velocities and limited wave action) is needed if relatively
low-density organic material is to be deposited and accumulate over time, rather than being eroded
periodically. Thirdly, inputs of inorganic mineral matter should not overwhelm the organic matter and
dilute it significantly. Finally, conditions must favour preservation of organic matter within the sediment,
rather than degradation by detritivores and decomposers (see Section 1.5.1), and this appears generally
to be favoured by the development of anoxicity, which in turn is aided by high accumulation rates. The
following sections are concerned with the major factors controlling the production and the immediate fate
of organic matter in contemporary sediments within various depositional environments.

3.2 Controls on primary production

3.2.1 General controls on photosynthesis

Photosynthesis is thought to have been the most important form of primary production for at least the
past 3.5 Gyr (Schidlowski 1988; Section 1.4.1) and involves the conversion of carbon dioxide into cellular
organic material by utilizing light energy. Chemosynthesis (which uses chemical rather than light energy
for carbon fixation; see Boxes 1.9, 1.10) is globally far less important, although it may be locally significant
(Sorokin 1966). Light, then, is a critical factor in primary production. Water is vital for all life and provides
a ready source of the hydrogen needed for aerobic photosynthesis (Fig. 1.7). Most photosynthesizing
organisms are aerobes: vascular plants, macroscopic algae (seaweeds), unicellular algae (phytoplankton),
cyanobacteria and prochlorophytes. Water availability is obviously not a problem for aquatic organisms
but it can be an important factor controlling terrestrial primary production. Some of the most productive
areas, such as the tropical rain-forests (net annual primary production c. 15.3 Gt C; biomass c. 340 Gt C),
have a more than ample water supply, and it is likely that the great coal-forming forests of the past grew
in swampy areas maintained by high rainfall.

For a long period of the year at high latitudes water is present as ice and is, therefore, unavailable for
plant uptake. This is one reason for high terrestrial productivity being confined to the middle and lower
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latitudes under current climatic conditions. As well as this important indirect effect, temperature directly
affects photosynthesis because the dark reactions (see Box 1.10) are restricted to a certain temperature
range. Within this range the rate of dark reactions tends to increase with increasing temperature. However,
towards the top end of this range net production in C3 vascular plants tends to decline because of
elevated photorespiration (see Box 1.10) and because stomata are constricted to limit water loss by
evapotranspiration, which also restricts CO2 uptake. Excessively high temperatures inhibit photosynthesis
by destroying or altering enzymes and cellular components.

Temperature variations are less extreme in the marine environment (owing to the high thermal capacity
of water cf. air) and probably affect species diversity but not necessarily productivity (unless they affect
other important factors, such as causing a reduction in light intensity under opaque ice). This is because
organisms adapted to high or low temperatures are likely to have less competition from other species
and may consequently be more productive. Although the solubility of carbon dioxide in water decreases
with increasing temperature, the concentration of dissolved CO2 is usually high enough not to be a
limiting factor in aquatic primary production (but see Section 5.8.2).

The salinity of water bodies (Box 3.1) has an effect on the composition of primary producer communities.
Fresh water and seawater in typical open marine environments contain the greatest numbers (diversity)
of species. However, relatively few organisms can tolerate large fluctuations in salinity (e.g. where fresh
water meets seawater in estuaries) and hypersaline conditions. In hypersaline conditions (Box 3.1)
phytoplanktonic diversity is much reduced but the species adapted to these environments can produce
large amounts of organic material. In addition, herbivore abundance may be low and so much of the net
primary production may be available for incorporation into sediments. Cyanobacterial mat communities

Box 3.1 Salinity of seawater

Eight major ions account for almost 99% of the mass of salts present in seawater, as shown in
Table 3.1. The dominant ions are chloride (i.e. the anion Cl−) and sodium (the cation Na+). Virtually
all known elements have been detected in seawater, but most are at extremely low concentrations
(below the parts-per-million, or ppm, level).

The salinity of natural waters is a measure of the total mass of ions present. On average there
are c. 35 g of salts in 1 kg of seawater, or 35 per mil by wt, so the salinity is expressed as 35‰.
Fresh water is usually defined as having a salinity of <0.5‰, and hypersaline water a salinity of
>40‰. The salinity of oceanic surface-waters varies considerably, because it depends upon the

Table 3.1 Major ionic constituents of seawater (after

Harvey 1982 & other sources).

ion symbol % by wt concn (g l−1)

chloride Cl− 55.08 19.35

sodium Na+ 30.62 10.76

sulphate SO4
2− 7.72 2.67

magnesium Mg2+ 3.68 1.29

calcium Ca2+ 1.18 0.41

potassium K+ 1.10 0.39

bicarbonate HCO3
− 0.40 0.14

bromide Br− 0.19 0.07

total 99.97 35.08

balance between the removal of fresh water by
evaporation and its supply, mainly by
precipitation. It is highest at a latitude of c. 20˚
(high evaporation and low precipitation) and
decreases towards higher latitudes (primarily due
to low evaporation and high precipitation) and
towards the equator (primarily due to high
precipitation; see Figs. 3.3a, 3.12). Salinity can
be variable near the poles, again owing to the
addition or removal of freshwater, but via the
balance between the melting and formation of
sea-ice, rather than precipitation/evaporation
(see Box 3.2).
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tend to be successful in the shallow areas of such environments, and productivity can reach 8–12 g Corg
m−2 d−1 (Schidlowski 1988).

Table 3.2 compares the productivities of various environments. The most prolific ecosystems are the
oceanic surface waters (dominated by phytoplankton) and tropical rain-forests (dominated by woody
higher plants). Some other ecosystems are more productive by unit area, such as swamps and coral
reefs, but are not particularly extensive on a global scale.

The estimated primary production (in terms of C content) for various aquatic ecosystems is shown in
Table 3.3. Freshwater primary production, in lakes and streams, amounts to a little over 1% of total
aquatic primary production. Phytoplankton account for c. 95% of marine primary production, which totals
c. 40 Gt C yr−1, whereas coastal ecosystems make relatively minor contributions. Important macrophytes
in intertidal zones include Rhizophora in mangrove swamps, turtle grass (Thalassia) in tropical tidal flats,
and eelgrass (Zostera) and cordgrass (Spartina) in saltmarshes. Mangrove swamps are characteristic of
warm, wet climates, and saltmarshes can be considered their counterparts in cooler and/or drier coastal

Table 3.2 Estimated primary productivity and biomass (dry wt) for various natural environments

(after several sources, including Whittaker & Likens 1975; De Vooys 1979).

annual

plant net primary

area (A) biomass production (P) P/A

ecosystem type (106 km2) (Gt) (Gt yr−1) (g m−2 yr−1)

tropical rain-forest 17.0 765 37.4 2200

seasonal rain-forest 7.5 260 12.0 1600

temperate forest 12.0 385 14.9 1200

boreal forest 12.0 240 9.6 800

wood/shrub land 8.5 50 6.0 700

savannah 15.0 60 13.5 900

temperate grassland 9.0 14 5.4 600

tundra & alpine 8.0 5 1.1 140

desert scrub 18.0 13 1.6 90

swamp and marsh 2.0 30 6.0 3000

lake and stream 2.0 0.05 0.8 400

open ocean 332.0 1.0 41.5 130

upwelling zones 0.4 0.008 0.2 500

continental shelf 26.6 0.27 9.6 360

algal bed and reef 0.6 1.2 1.6 2700

estuary (open water) 1.4 1.4 2.1 1500

Table 3.3 Estimated aquatic primary productivity (after De Vooys 1979).

annual net primary production

type (Gt C yr−1) (% total) major organisms

kelps 0.02 0.04 laminarians

other weeds 0.01 0.02 fucoids

angiosperms 0.49 1.1 grasses, mangroves

estuaries 0.92 2.0 algae

ocean 43.5 94.9 phytoplankton

coral reefs 0.30 0.65 coraline algae

fresh water 0.58 1.3 phytoplankton
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areas. In these coastal ecosystems algae can be important primary producers, such as benthonic diatoms
and epiphytes growing on the vascular plants. In deeper water, kelp forests are important in cool temperate
regions (water < c. 20˚C). Coral reefs, although extremely productive on a unit area basis, account for
<1% of total aquatic, primary production, and are confined to latitudes <30˚ (water > c. 20˚C).

As well as CO2 and H2O, primary producers, and indeed all organisms, need a variety of elements
other than C, H and O (e.g. N, P, S and certain metals), as can be seen in Chapter 2. Bacteria play an
important role in the cycling of these essential elements, or nutrients (see Section 3.2.4), in both terrestrial
and marine environments. Light and nutrient availability are probably the main factors controlling primary
production in aquatic environments and they are considered in more detail in Sections 3.2.3 and 3.2.4.
However, the operation of these factors is affected by stratification of the water column and so we examine
this phenomenon first.

3.2.2 Stratification of the water column

In water bodies of sufficient depth, stratification can occur as a result of density differences related to
temperature and/or salinity. Stable thermal stratification arises when water warmed by solar radiation
(insolation) overlies colder, denser water. At the boundary between the two there is a layer of water in
which temperature changes rapidly, termed a thermocline. The associated sharp change in density in
the thermocline effectively isolates the warm layer of water from the cold body beneath (Fig. 3.1).

(a) Oceanic stratification

As a consequence of the general deep circulation of the ocean (Box 3.2), a permanent thermocline is
present in temperate and tropical oceans (at depths of c. 300 and 100 m, respectively). The permanent
thermocline persists throughout the year at middle and low latitudes but is absent at latitudes above c.
60˚ because the cooler climate and reduced insolation do not cause sufficient heating of the surface
water to produce an adequately steep thermal gradient (Fig. 3.1a).

Above the permanent thermocline at middle and low latitudes smaller diurnal (i.e. daily) and seasonal
thermoclines can develop, caused by the warming of surface waters by insolation on a daily or seasonal
basis. For example, a seasonal thermocline can be established at depths of c. 50–100 m in temperate
latitudes during spring and summer, when winds are light, but it is destroyed by general cooling of surface
waters and the turbulent effects of strong winds (the effects of which can extend to 200 m depth) as
winter approaches, resulting in mixing of the water column down to the permanent thermocline. There is
insufficient seasonal contrast in insolation in the tropics for a seasonal thermocline to form, and
consequently the permanent thermocline is nearer the surface (see Fig. 3.1). However, a shallow diurnal
thermocline can develop in calm tropical waters.
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Fig. 3.1 (a) Generalized thermal
stratification of the oceans;
(b) corresponding nomenclature
for lakes (in which the thermocline
can be termed the metalimnion).
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Box 3.2 General oceanic circulation

Deep currents and the permanent thermocline
The water in the ocean behaves as though it is made up of discrete bodies which lie at depths
dictated by their densities. In the North Atlantic and off Antarctica surface waters become sufficiently
dense to sink to the bottom of the ocean. This is achieved by a combination of wind-induced
cooling, and an increase in salinity brought about by evaporation and sea-ice formation (salt is left
behind in solution when water molecules crystallize as ice, a process termed brine rejection).
These bottom-water masses flow over the floor of the ocean, as depicted in Fig. 3.2a, under the
influence of the Earth’s rotation. The general deep-water flow is from north to south Atlantic, and
finally to the north Pacific via the Indian Ocean (e.g. Chester 2000). Waters of intermediate density
are also formed (e.g. Antarctic Intermediate Water and the warm but high-salinity Mediterranean
water which enters the mid Atlantic at c. 1000 m depth; Fig. 3.2b). Freshly formed dense bottom
water displaces older bottom water, which has incorporated some overlying, less dense water.
The result is a general upward percolation of relatively cold water, offsetting the convective downward
transfer of heat from warm surface waters at middle and low latitudes (where insolation is greatest).
This creates thermal stratification, involving a layer of water, termed the main or permanent
thermocline, in which temperature rapidly decreases with depth (often exceeding 5˚C per 100 m
over a range of c. 15 to 5˚C). As the name implies, the permanent thermocline is a constant
feature at latitudes below c. 60˚ (Fig. 3.1) and beneath it water temperature decreases steadily
down to 2˚C or less. The whole system of water recycling in the world’s oceans is termed the
thermohaline circulation, owing to the dominant mode of deep-water formation by cooling of
waters with elevated salinity.

Surface winds and currents
Surface currents in the oceans mostly result from the frictional stress imposed by wind action and,
because of the inertia of water, there is a relatively constant circulation pattern broadly reflecting
the main prevailing winds. These winds include the Trade Winds, predominantly north-easterlies
in the northern hemisphere and south-easterlies in the southern hemisphere. They blow from the
subtropical high-pressure belts at c. 30˚ in both hemispheres towards the equatorial low-pressure
system [Doldrums or Intertropical Convergence Zone (ITCZ)]. The westerlies are another important
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Fig. 3.2 (a) Simplified, schematic representation of oceanic deep water circulation (after Broecker 1997). (b) Water
masses in the Atlantic (after Stowe 1979). AABW = Antarctic Bottom Water; AAIW = Antarctic Intermediate Water;
AIW = Atlantic Intermediate Water; med = Mediterranean Water; NADW = North Atlantic Deep Water.

30˚60˚ 0˚ 30˚ 60˚

AIW

AAIW

AABWNADW

surface                    water

S
N

0

2

4

6

de
pt

h 
(k

m
)

latitude

med

(a) (b)

(continued)



Killops & Killops
Introduction to Organic Geochemistry 81

Chapter 3
version 040801

set of winds, related to air movement from the subtropical highs towards the subpolar lows at c.
60˚ in both hemispheres (Fig. 3.3a). At still higher latitudes are the polar easterlies, which result
from the deflection of air moving from the polar highs to the subpolar lows.

The different relative movements of water bodies cause various convergences and divergences
at the surface. At a divergence surface waters in adjacent bodies move away from each other
and are replaced by water welling up from depth. The converse occurs at a convergence: the
more dense of the two colliding water bodies sinks. The permanent thermocline is affected in
these areas, being nearer the surface at divergences and deeper (e.g. 300–400 m) at convergences
(see Fig. 3.1).

The movement of water and air masses over the Earth is subject to the Coriolis effect, which
results from the fact that the velocity of the Earth’s surface in the direction of spin (eastwards) is
greatest at the equator and decreases to zero at the poles. Consequently, as water moves away
from the equator at the western margins of the main oceans (where it is piled up by the action of
the Trade Winds), it moves progressively faster than the Earth’s surface in an easterly direction. In
the northern hemisphere its motion is turned progressively clockwise, while in the southern
hemisphere the imposed direction of motion is anticlockwise. With continental masses acting as
barriers to the east and west the result is the formation of two large, roughly circular, surface
circulation cells, or gyres, in both the Atlantic and Pacific Oceans between c. 10˚ and 50˚ latitude

Fig. 3.3 (a) Generalized atmospheric pressure,
wind and precipitation patterns on an ocean-
covered Earth (N.B. sphere is elongated to aid
clarity of wind patterns). (b) Idealised major
oceanic surface current systems in the Pacific
and Atlantic oceans. The Coriolis effect is
responsible for disruption of the meridional
circulation cells between 30˚ and 60˚ in (a).
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When stratification arises from large differences in salinity, the resulting boundary layer of high salinity
gradient is termed the halocline. Because temperature and salinity affect density, a rapid change in
density is associated with thermoclines and haloclines and is termed a pycnocline. Solid material suspended
in the water can also create density gradients, leading to pycnocline formation, and is important in glacial
lakes and lakes fed by rivers with large suspended sediment loads.

(b) Lacustrine stratification

Thermal stratification can occur in lakes as well as the ocean. Lakes can be classified according to their
mixing regimes, as described in Box 3.3. The warm, oxygenated and less dense layer above the thermocline
(or metalimnion) is called the epilimnion (Fig. 3.1b). The lower layer is termed the hypolimnion and
contains colder denser water which may become depleted in oxygen. Circulation within each layer is
independent; it is likely to be more sluggish in the hypolimnion because it is not affected by wind action.

When the water column reaches a uniform temperature (and hence density) from top to bottom it is
susceptible to mixing (over-turn), which is usually caused by wind action. The unusual density behaviour
of water is a controlling factor. In contrast to normal seawater, which exhibits a continuous increase in
density with decreasing temperature because of the salt content, the density of fresh water reaches a
maximum at 4˚C (i.e. while it is still a liquid), which causes ice to float. We can examine the consequences
of this property by considering a typical temperate dimictic lake (one that mixes twice a year). In winter,
under ice, the water temperature generally increases with depth, from 0˚C just under the ice to 4˚C within
1–2 m, and stays much the same to the bottom. In spring, the surface water warms until it reaches its
maximum density at 4˚C and the entire water column is at about the same temperature and density.
Strong winds can then mix the lake from top to bottom in all but very deep lakes. As the season proceeds
the winds become lighter. Most of the Sun’s energy is absorbed in the top few cm, so the surface water
warms above 4˚C and becomes less dense than the insulated water below, initiating stratification. Eventually
the epilimnion is mixed to a depth of c. 5–6 m. By early summer the lake is stratified and the epilimnion
continues to mix in strong winds, to a depth of c. 5–6 m. The well developed thermocline, which is c. 2 m
thick, prevents deep mixing. In the hypolimnion temperature falls slowly, possibly down to c. 4˚C at the
bottom. As autumn approaches nights become cooler and days shorter. The surface water cools and
becomes more dense than the underlying warmer water, so it sinks, forming convection currents. Cooling
of the epilimnion continues until the entire water column again attains a uniform temperature and density.
The autumn turn-over can occur without wind, but strong winds accelerate the process and cause over-
turn in just a few hours. Mixing ceases once the lake surface has become covered with ice.

Under abnormal conditions there are times when there is not enough wind to force over-turn in a
dimictic lake, or moderate winds cause incomplete or partial over-turns. A lake with a relatively small
fetch (small or sheltered surface area) requires strong winds to produce currents extending to the bottom,
and often only the upper waters are mixed. The proportion of water in the hypolimnion depends upon the
lake depth; a lake only a few metres deep would not develop a thermocline and hypolimnion, so some

(Fig. 3.3b). Only a single gyre is present in the Indian Ocean because it lies mostly within the
southern hemisphere. The northern subtropical gyres have a clockwise circulation and the southern
subtropical gyres an anticlockwise rotation, reflecting the movement of air around centres of high
pressure (anticyclones) that generally overlie these regions. The Coriolis effect is also responsible
for cyclonic and anticyclonic air circulation at mid latitudes (which disrupts the meridional circulation
cells, or Hadley cells, shown in Fig. 3.3a).
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Box 3.3 Lake classification

The following classification of lakes is based on their mixing patterns (after Hutchinson & Löffler
1956).

Amictic lakes
Never mix, are usually ice covered year round, and so are found in polar regions or high mountains
where the temperature is mostly below freezing.

Meromictic lakes
Mix incompletely, once or more annually (e.g. they can be dimictic). Even when the temperature is
uniform throughout, mixing occurs only in the upper layer, because the large density contrast
between it and the deep layer resists mixing. Over time the deep water layer reaches very high
density by accumulating dissolved material, and the thickness of this layer also increases.

Holomictic lakes
Mix completely at least once annually, and there are four types:

(a) Oligomictic – Relatively rare, and mostly in the tropics. The poor degree of mixing is irregular
or sporadic, and usually of short duration. These lakes are generally warm throughout, but
the surface waters are even warmer, so stratification can develop. The opportunity for
mixing is only provided by infrequent cooling of surface waters.

(a) Polymictic – Many mixing periods, with some lakes mixing nearly continuously all year.
They are often small and shallow, and located in the tropics or at high altitude. Diurnal
variations in surface temperature are often more important than seasonal changes.
Circulation in some lakes occurs mostly at night by the action of convection currents rather
than wind.

(c) Monomictic – One regular period of mixing annually in cold (cold monomictic) or warm
(warm monomictic) climates. Cold monomictic lakes are generally at high latitudes; they
freeze over during the long winter but are ice-free in summer. Because the surface water
does not warm much above 4˚C in summer, frequent mixing may occur during that relatively
short season. These lakes would be defined as amictic in years of continuous ice cover.
Warm monomictic lakes are typically subtropical and have the opposite cycle to cold
monomictic lakes: they have a long summer and short winter, and stratification exists
most of the year but for a short period in winter it breaks down and mixing can occur.

(d) Dimictic lakes – Represent the average temperate lake. They have two mixing periods,
spring and autumn, when the temperature (and hence density) of the water column becomes
uniform throughout, enabling strong winds to effect an over-turn.

shallow lakes can mix entirely during the summer whenever winds are sufficiently strong.
The density of fresh water does not change uniformly with temperature; it decreases progressively

more rapidly as temperature rises. For a given temperature difference between epilimnion and hypolimnion,
more energy is required to mix the water masses in a stratified lake at higher temperatures because the
density difference is greater. Consequently, stratification is more readily achieved in tropical than in
temperate lakes.
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The surface layer of water in which light intensity is
sufficient for photosynthesis to be possible is termed
the euphotic zone (or photic zone). Water clarity is
dependent on the amount of suspended and dissolved
material in the water column, which can adsorb or
scatter light, so reducing the depth of the euphotic
zone. In exceptionally clear oceanic water the euphotic
zone can extend down to c. 200 m, while in some
estuaries light may only penetrate a few centimetres

3.2.3 Light

The quantity (number of photons) and quality (wavelength) of light affects the rate of photosynthesis and,
therefore, primary production. The rate of photosynthetic production varies with the intensity of light and
this is demonstrated in Fig. 3.4, which shows three distinct phases: a linear phase, a saturation plateau
and a photo-inhibition phase. Each phase has different limiting factors: the linear phase is probably
limited by insufficient light intensity; the saturation plateau is probably limited by the rate of dark reactions
(see Box 1.10); and during the inhibition stage the high light intensity may limit photosynthesis by damaging
enzymes and possibly also cell structure. Most phytoplankton live just beneath the water surface to avoid
cell damage and destruction of chlorophyll by excessive exposure to UV radiation. The variation in efficiency
of light utilization with wavelength for different classes of phytoplankton is shown in Fig. 3.4.

A certain amount of photosynthetic production is needed to offset phytoplanktonic respiration before
there is any surplus energy that can be channelled towards growth and reproduction. The level of light at
which the photosynthetic rate is balanced by the rate of respiration is called the compensation light
intensity.

In terrestrial ecosystems the amount of light available for photosynthesis is limited by factors such as
day length, the angle of incidence of sunlight (both functions of latitude and season), and by shading of
individual leaves by the rest of the canopy. The importance of light availability is demonstrated by the
short growing season and relatively low productivity at high latitudes.

There are similar restrictions on aquatic primary production (including self-shading when phytoplanktonic
numbers are very high), but there is the additional effect of water depth and clarity on light penetration.
The water depth at which the rate of oxygen consumed by phytoplanktonic respiration equals that produced
by photosynthesis is known as the compensation depth, and the depth at which the amount of respiration
in the water column above is equivalent to the gross primary production is the critical depth (Fig. 3.5).
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because of the large amount of suspended material.
Typical average depths for the euphotic zone in the
open ocean and in coastal areas are 150 m and 30 m,
respectively. In general, then, the euphotic zone lies
above the permanent and seasonal thermoclines.

The maximum depth of the euphotic zone would be
significantly shallower if only chlorophyll-a was involved
in light adsorption. Accessory pigments, such as
carotenoids, enable organisms to gain maximum use
of the available light at greater depths (see Box 2.9).
Much of the ocean floor lies at a depth of c. 3700 m
(the abyssal plains, Fig. 3.6) and so is below the
euphotic zone, but in coastal regions where light can
penetrate down to the sediment surface, benthonic
plant communities can be significant primary
producers on a localized basis. For example, benthonic
diatoms can be prolific producers in estuaries, while
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productive macrophyte communities include seagrass (Thalassia) meadows in shallow coastal waters
(down to c. 15 m) and forests of kelp (e.g. Laminaria, Macrocystis, Ascophyllum) in deeper coastal waters
(c. 20–40 m depth).

3.2.4 Nutrients

The rate of growth and reproduction of organisms depends not only upon the availability of carbon, water
and energy but also upon a variety of essential mineral nutrients. In Chapter 2 a number of elements can
be seen to be important, such as N in chlorophyll and amino acids, P in ATP and phospholipids, Si in
diatom tests and Ca in coccoliths. Some of these essential elements (e.g. N, P, Ca and Si) are generally
abundant, and so can be termed macronutrients, whereas others (e.g. Fe and Mg) are required by
organisms in only trace amounts and are called micronutrients.

Nitrogen, phosphorus or silicon availability can limit primary production in the ocean. These three
elements are, therefore, termed biolimiting (Table 3.4). More recently, iron availability has been postulated
as an important control on production in certain parts of the oceans (Behrenfeld et al. 1996), so iron can
be added to the list of biolimiting nutrients. The biolimiting elements, their main assimilable forms in the
environment and some of their important biochemical roles are listed in Table 3.5. Phosphorus limitation
has been demonstrated in freshwater lakes, with any nitrogen deficiency being made up by nitrogen-
fixing cyanobacteria (Schindler 1976; Hecky & Kilham 1988), whereas terrestrial primary production is

Table 3.4 Classification and availability of essential elements in the ocean.

category element ambient concentration

biolimiting P, N, Si, Fe can be almost totally

elements depleted in surface waters

biointermediate Ba, Ca, C, Ra partially depleted

elements in surface waters

nonlimiting B, Br, Cs, Cl, show no measurable

elements F, Mg, K, Rb, depletion in

Na, Sr, S surface waters
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mostly controlled by the availability of nitrogen, and to a lesser extent by phosphorus. Phosphorus is
utilized by phototrophes as phosphate, silicon as silicate and nitrogen mainly as nitrate but also sometimes
as ammonium (by some terrestrial plants) and nitrite. In terrestrial ecosystems these and other mineral
nutrients are obtained in solution from the soil via root systems, whereas in aquatic ecosystems they are
absorbed directly from solution into the bodies of phytoplankton. The availability of nutrients can depend
on factors like pH and Eh (Box 3.4), which affect the chemical form and solubility of nutrients. Although
phosphate and silicate are the major, commonly occurring forms of P and Si, nitrate can be converted to
volatile ammonia or oxides of nitrogen which are readily lost from terrestrial ecosystems to the atmosphere
(see Box 3.9). In both terrestrial and aquatic ecosystems recycling of mineral nutrients, involving the
microbial decomposers, is highly important (see Fig. 1.11) and is considered in more detail in Section
3.3.2. Inputs of fresh nutrients are derived from weathering of continental crust and by nitrogen-fixing
microorganisms.

In aquatic systems stratification of the water column has significant effects on nutrient availability and
the timing of bursts of primary productivity. It is convenient to consider these effects in the oceans in
terms of the latitudinal variations in stratification. Overall, due to the sinking of detritus out of the euphotic
zone and the deep circulation pattern (Fig. 3.2), there is a flux of nutrients towards the deep Pacific.

(a) Low-latitude oceans

At low latitudes there is a permanent thermocline, but because a seasonal thermocline does not develop
the surface and nutrient-rich deeper waters remain unmixed. Consequently the euphotic zone, which lies
above the permanent thermocline, becomes depleted in nutrients. Continued primary production is
dependent upon the release of nutrients from detritus in surface waters. Productivity is, therefore, relatively
low in tropical oceans but it is fairly constant, due to a year-round warm climate and ample sunlight (Fig.
3.7a).

(b) Mid-latitude oceans

Increasing light intensity during the spring allows phytoplankton to assimilate the available nutrients
resulting in a marked increase in productivity, giving rise to a spring phytoplanktonic bloom. As the seasonal
thermocline becomes fully established, at depths approximately corresponding to the base of the euphotic
zone (c. 50–100 m), mixing between the water layers above and below it ceases. One or more biolimiting
nutrients become depleted in the euphotic zone and phytoplanktonic production falls to a level dictated
by the rate of nutrient recycling within the surface layer. While most organic material is recycled within the
euphotic zone some can sink below the seasonal thermocline, in the form of dead organisms and faecal

Table 3.5 Biolimiting nutrients.

element major substrates important biochemical forms

N nitrate (NO3
−); nitrite (NO2

−); amino acids, proteins, nucleotides, chlorophylls

ammonium (NH4
+)

P phosphate (mostly phospholipids, ATP/ADP, NAD/NADPH, co-enzymes

orthophosphate HPO4
2−)

Si silicate (mostly silicate tests (diatoms, radiolarians, silicoflagellates)

orthosilicic acid H4SiO4)

Fe hydroxyoxides (FeOOH); ferredoxins, cytochromes, nitrogenase

 organic-Fe(III) complexes
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Box 3.4 Eh and pH

Redox potential (Eh)
Oxidation and reduction can be considered solely in terms of electron transfer (see Box 1.5). The
electrons liberated during the oxidation of one chemical species must be taken up by another
species, resulting in its reduction. Therefore, oxidation and reduction must occur together in what
is termed a redox reaction (see Box 1.5). The chemical species that is oxidized gives up electrons
and so is termed a reducing agent. Conversely, the species that is reduced accepts electrons and
so is an oxidizing agent. This relationship can be seen in the oxidation of Fe(II) by oxygen, which
is the sum of two half-reactions:

                  4Fe2+ → 4Fe3+ + 4e− [Eqn 3.1a]
    4H+ + O2 + 4e− → 2H2O [Eqn 3.1b]
___________________________
4H+ + 4Fe2+ + O2 → 4Fe3+ + 2H2O [Eqn 3.1c]

In this reaction Fe(II) loses electrons and is oxidized, while oxygen gains electrons and is reduced.
Oxidation can also be defined as the addition of oxygen or the loss of hydrogen, although the
above electron transfer still operates. For example, when organic matter is oxidized by oxygen in
aerobic environments the carbon is oxidized to CO2 while the oxygen is reduced to H2O.

The tendency for a redox reaction to occur is reflected by the tendency for electrons to flow and
produce an electrical current, which can be measured as a voltage, the redox potential (Eh). At the
oxic/anoxic boundary in sediments Eh = 0, and conditions become more oxidizing (i.e. organic
matter is more vigorously attacked by oxygen) as Eh becomes increasingly positive. Conversely,
conditions become more reducing as Eh values increase in negative value. The value of Eh depends
on temperature (T), the number of electrons involved (n) and the concentrations of oxidants and
reductants, according to the Nernst equation:

(where E0 = standard electrode potential, R= universal gas constant, F = Faraday constant and
square brackets represent concentration).

Acidity (pH)
In Box 2.5 an acid was defined as a substance that donates H+ ions. The greater the concentration
of hydrogen ions in a solution, the more acidic it is. The acidity of a solution can be expressed in
terms of its pH, which is defined in terms of the hydrogen ion concentration ([H+]) as:

pH = −log10[H+] [Eqn 3.3]

Strictly speaking, hydrogen ion activity should be substituted for [H+], but effectively the latter is
sufficiently accurate. Water is considered to be neutral, but it is partially ionized into H+ and OH−

ions. The concentration of H+ ions in pure water is 10−7 mol dm−3, so a neutral solution has pH =
7. Below this value a solution becomes increasingly acidic as pH falls, while above it conditions
become increasingly alkaline as pH rises.

Eh = E0 + loge
RT [oxidized species]
nF [reduced species]

[Eqn 3.2]



Killops & Killops
Introduction to Organic Geochemistry 88

Chapter 3
version 040801

es
tim

at
ed

 p
rim

ar
y 

pr
od

n

es
tim

at
ed

 p
rim

ar
y 

pr
od

n
es

tim
at

ed
 p

rim
ar

y 
pr

od
n

es
tim

at
ed

 p
rim

ar
y 

pr
od

n

bi
om

as
s

month month

bi
om

as
s

month month

J M M J S N
bi

om
as

s
bi

om
as

s
F A J A O D J M M J S NF A J A O D

J M M J S NF A J A O D J M M J S NF A J A O D

(a) equatorial
oceans

(b) northern
Atlantic

(d) northern
polar oceans

(c) northern
Pacific

Fig. 3.7 Approximate annual standing biomass profiles for phytoplankton (solid lines) and zooplankton (broken lines)
in various regions of the oceans. Estimated phytoplanktonic production is indicated by dotted lines (after Heinrich 1962
Parsons et al. 1977).

material from zooplankton, which exacerbates the shortage of nutrients. Nutrients are, however, abundant
beneath the euphotic zone because they are released during bacterial decomposition of detritus, but
their assimilation rates are relatively low in the absence of phototrophes.

In the autumn the surface water begins to cool, reducing the strength of the seasonal thermocline and,
therefore, the density difference between the water layers on either side of it. Nutrients are once again
brought into the euphotic zone as the seasonal thermocline breaks down and circulation occurs to greater
depth in surface waters, giving rise to a second bloom. This bloom is usually smaller than that in the
spring because the light level and nutrient supply are slightly lower. During the winter, rough conditions
result in complete disappearance of the seasonal thermocline and mixing down to the permanent
thermocline is reestablished, renewing the nutrient supply in surface waters ready for the next spring
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bloom.
In the northern Atlantic the two phytoplanktonic blooms are reflected in two peaks in biomass because

there appears to be a lag between the onset of rapid primary production and increase in herbivorous
zooplanktonic numbers (Fig. 3.7b). During the summer the zooplankton graze down the phytoplankton
and their numbers decline before the second algal bloom occurs, whereupon zooplanktonic reproduction
again follows the bloom (Barnes & Hughes 1988). In contrast, in the northern Pacific phytoplanktonic
biomass appears relatively constant, although there is the same overall pattern of estimated primary
production as in the Atlantic (Fig. 3.7c). The absence of a spring maximum in phytoplanktonic biomass
seems to arise because of a different strategy employed by the major Pacific herbivorous zooplankton
(copepods), which use reserves of food stored over the winter to enable them to breed before the spring
bloom. Consequently, large numbers of zooplankton are present and effectively graze down the
phytoplankton as they appear (Barnes & Hughes 1988). Zooplanktonic numbers decline somewhat in the
late summer with the exhaustion of the initial phytoplanktonic bloom, resulting in the autumn bloom
showing up as a slight increase in phytoplanktonic biomass.

(c) High-latitude oceans

In polar regions sufficient light intensity for photosynthesis is only available for five or six months of the
year. There is no permanent thermocline at latitudes above 60˚ because there is insufficient insolation to
create a significant vertical temperature gradient. As a result, nutrients are constantly being replenished
in the euphotic zone, leading to a single large algal bloom during the summer (Fig. 3.7d).

(d) Stratified lakes

In temperate lakes phytoplanktonic blooms occur in response to the seasonal availability of nutrients,
which is controlled by stratification of the water column (see Section 3.2.2b). The situation is, therefore,
similar to seasonal thermocline development and decline in temperate oceans. During summer stratification
nutrients in the epilimnion become depleted. During the spring and autumn over-turns, nutrient-rich (and
oxygen-deficient) waters of the hypolimnion mix with the epilimnion and fuel phytoplanktonic blooms,
primarily in the spring.

We have seen in Section 3.2.2b that, when fully developed, thermal stratification is very stable in
tropical lakes. Consequently, overturning of the water column depends upon wind strength. Over-turn is
a rare event in oligomictic lakes (Box 3.3), so nutrient levels in the epilimnion are low, productivity is low,
and the lakes can be desribed as oligotrophic. In contrast, winter winds are sufficiently strong to cause
over-turn in warm monomictic lakes (Box 3.3), and nutrient levels are replenished in surface waters.

In very deep tropical and temperate lakes, mixing seldom occurs to the very bottom. Lake Tanganyika
(East Africa) and Lake Baikal (Siberia) are examples of such meromictic lakes (Box 3.3). Lake Baikal is
the deepest (1620 m) and largest freshwater lake in the world, containing >10% of the total standing
fresh water, and it is well oxygenated to at least 500 m depth. In contrast, the waters below c. 200 m in
Lake Tanganyika, which is only slightly less deep at 1400 m, are permanently anoxic. The great depth of
these lakes arises from their position over extensional axes in continental crust (see Box 3.11).

In shallow lakes at mid and low latitudes it is not possible for a steep density gradient to become
established and so if any stratification occurs it is weak and readily broken down, sometimes on a diurnal
basis, during nightly cooling. In such polymictic lakes (Box 3.3) nutrient supply is virtually constant, so
other factors, such as light and temperature, control any variations in phytoplanktonic production. Primary
production can be higher in these lakes than in those where nutrients are immobilized within the hypolimnion
for long periods.
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3.2.5 Spatial variation in marine primary production

The previous sections have given a general idea of aquatic primary productivity. However, production is
not uniform over the surface of the oceans because of the effect of upwellings and downwellings on
nutrient availability (see Box 3.5), which leads to some areas being particularly productive while others
are the oceanic equivalent of deserts. The general pattern can be seen in Fig. 3.8, and it has important
implications for the likely location of the deposition of organic-rich sediments. Estimates of global marine
primary production can be achieved by satellite monitoring of light absorption by chlorophyll-a.

The centres of the main subtropical gyres (see Fig. 3.3b) correspond to convergences (Box 3.2),
where nutrient supply is limited and primary productivity extremely low, as can be seen in Fig. 3.8. Such
nutrient-depleted areas are termed oligotrophic (as for lakes). Conversely, in areas of divergence,
phytoplanktonic production is fed by nutrient-rich waters welling up from depth. These eutrophic areas
are extremely productive, as can be seen from Table 3.1, although their total area is limited. Among the
most productive of these areas are the upwellings associated with the eastern boundary currents of the
subtropical gyres (Box 3.5).

It can be seen that the shape of the ocean basins and the distribution of continental masses have an
important effect on currents and the location of high productivity zones. The degree of flooding of continental
margins, which is controlled by the relative volumes of ocean basins and seawater, is also important in
terms of the area of productive coastal waters. Nutrient supply from land, via rivers, can contribute to the
productivity of shelf seas.

50–125 gC m−2<50 gC m−2 >125 gC m−2

60˚ 120˚ 180˚ 120˚ 60˚ 0˚

60˚

30˚

30˚
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Fig. 3.8 Estimated annual production in the oceans (after several sources, including FAO 1972; Koblenz-Mishke et

al. 1970).
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Box 3.5 Oceanic upwelling and downwelling

The subtropical gyres (Fig. 3.3b) tend to draw warm surface water towards their centres, resulting
in a convergence that depresses the main thermocline to as deep as 400 m (Fig. 3.1) and prevents
nutrients from deep water coming to the surface (see Box 3.2). In contrast, there are also smaller
subpolar gyres in the northern hemisphere, underlying the subpolar low-pressure belt, in which
surface water moves outwards, forming a divergence.

Large divergent or convergent frontal zones can form in continental boundary currents. For
example, where the subtropical gyral currents travel towards the equator along roughly north-
south trending western coasts – such as the Peru Current in the Pacific and the Benguela Current
in the Atlantic (Fig. 3.8) –  the prevailing winds in both hemispheres cause a net transport of warm
surface water offshore (a divergence; Fig. 3.9a), due to the influence of the Coriolis effect (Box
3.2). This causes upwelling of deep, cool, nutrient-rich water (from up to c. 500 m depth; Fig.
3.9b). Another example is the Antarctic Divergence, which supports vast stocks of krill. On the
western boundary currents of the subtropical gyres, where water flows away from the equator, the
Coriolis effect causes a convergence, in which warm, nutrient-poor water accumulates (major
coral reefs are often associated with such convergencies).

Other large frontal zones can form where two water masses meet. Divergence at the front
between surface currents at the equator results in an upwelling that supports the high productivity

Fig. 3.9 Upwelling induced by divergence at eastern
boundary currents of subtropical gyres. (a) Plan view
showing forces involved; (b) cross section showing
movement in water column.

wind
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land

landwind

Coriolis
effect

land
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equator

(a) (b)

tongue seen extending westward across the
Pacific from the Americas in Fig. 3.8. A major
convergence between surface waters occurs
at the Antarctic Polar Front (at c. 58˚S), which
is the source of Antarctic Intermediate Water
(Fig. 3.2b).

Frontal systems can also develop at shelf
breaks, where shallowing and the associated
increase in current velocity can result in
upwelling and high primary productivity.
Smaller frontal zones can be produced in the
wake of islands, resulting in upwelling and
elevated productivity (e.g. Hawaii and Scilly
Isles).

3.2.6 Variation in phytoplanktonic populations

The main classes of phytoplankton are given in Table 3.6 and most are represented in both seawater and
fresh water, although species vary between the two environments. In the oceans, the prochlorophytes
and cyanobacteria (picoplankton) are numerically very important. In addition, aerobic photoheterotrophic
bacteria (see Box 1.10) may account for 5–10% of all marine bacteria (Kolber et al. 2001). Among the
nanoplanktonic classes, most of the Haptophyceae are marine, whereas the Chrysophyceae are mainly
freshwater. The Euglenophyceae are also predominantly found in fresh water.

There are latitudinal variations in the major families of phytoplankton responsible for marine primary
production. Diatoms appear particularly important at high latitudes and along the equatorial belt, but in
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intermediate latitudes dinoflagellates and coccolithophores are more important. Cyanobacteria and the
related prochlorophytes appear to make a major contribution within 40˚ of the equator. There can also be
variations in phytoplanktonic communities with depth. For example, in the subtropical mid-Pacific diatoms
are responsible for c. 80–90% of total algal production in the surface waters (where their production is
probably nutrient-limited), but in deeper waters (although still above the thermocline at c. 85–180 m)
coccolithophores are the largest group of primary producers (their activity is probably light-limited; Venrick
1982). The prochlorophytes congregate at depths of 100–200 m, where the wavelength range of penetrating
sunlight is efficiently harvested by their divinylchlorophylls (chlorophylls a2 and b2, Fig. 2.27; Partensky et
al. 1999).

Planktonic cyanobacteria can be very important in eutrophic lakes, particularly in the tropics. Eutrophic
lakes and tropical lakes in general tend to contain mainly larger species (e.g. Euglenophyceae and
Chlorophyceae), whereas cold lakes and oligotrophic lakes tend to be dominated by small flagellates
(e.g. Chrysophyceae).

In estuaries phytoplankton are generally less important than benthonic and littoral (shoreline; Fig. 3.6)
communities, but benthonic diatoms can be important. The larger plants (macrophytes) of saltmarshes
and mangrove swamps may host a significant community of attached microalgae (epiphytes). The flow
rate of rivers is generally too great to support major phytoplanktonic communities.

During phytoplanktonic blooms in seasonally stratified water bodies the major families of algae present
change as the season progresses, a process known as succession. In dimictic lakes the first to appear
are the faster-growing diatoms, which later decline as silicate becomes depleted. They are followed by
other algal classes which require a different balance of nutrients, and finally, if stratification persists,
nitrogen-fixing cyanobacteria may form dense blooms (Reynolds 1984). A simpler succession occurs in
temperate oceans, with diatoms being followed by dinoflagellates. The succession probably results from
varying requirements for light, temperature and specific nutrients between each family and also from
grazing pressure. Within each family a succession of species can also be observed. Such successions

Table 3.6 Phytoplankton classes.

class description and occurrence1

Bacillariophyceae diatoms [M + F]

Bangiophyceae subclass of Rhodophyceae [M]

Chlorophyceae green algae [M + F]

Chrysophyceae chrysomonads, or golden algae (include silicoflagellates) [M + F]

Cryptophyceae cryptomonads [M + F]

Cyanophyceae2 cyanobacteria [M + F]

Dinophyceae3 dinoflagellates [mostly M]

Euglenophyceae green flagellates [F + B]

Eustigmatophyceae similar to xanthophytes [mostly F]

Haptophyceae yellow-brown algae (e.g.prymnesiophyte coccolithophores) [mostly M]

Prasinophyceae prasinomonads, similar to chlorophytes [M + F]

Prochlorophyceae picoplankton related to cyanobacteria [M]

Raphidophyceae chloromonads, similar to dinoflagellates [M]

Xanthophyceae yellow-green algae [mostly F]

1M = marine, F = freshwater, B = brackish. 2Although bacterial, this class is sometimes included among the algae due to its

previous classification as blue-green algae. 3Only some dinoflagellates are strictly autotrophic, c. 50% possess no chloroplasts

and are strict heterotrophes, and some are capable of both forms of production. Aerobic photoheterotrophic bacteria are not

included in this table (see Box 1.8).
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are influenced by the presence of trace chemicals released by preceding species, some of which (e.g.
vitamins) act as promoters, while others inhibit the growth of potentially competing species (Barnes &
Hughes 1988).

3.2.7 Biolimiting nutrient variations in the oceans

The question of which nutrient controls the overall primary productivity of the oceans is vigorously debated.
Geochemists have tended to consider that phosphate is the main biolimiting nutrient over geological
periods (Box 3.6), not least because its primary source is the weathering of continental rocks, whereas
nitrogen can be fixed by a few types of cyanobacteria (especially Trichodesmium) as well as being

Fig. 3.10 Feedback between redox-controlled phosphate
recycling in the oceans and atmospheric oxygen levels.
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Box 3.6 Phosphorus as the ultimate oceanic biolimiter

If nitrate were the biolimiting nutrient, there is no reason why oceanic primary production should
not vary significantly over geological periods, depending upon changes in the supply of nitrate
from the continents and in situ nitrogen fixation by cyanobacteria (see Box 3.9). Large increases in
nitrate supply would lead to enhanced primary production and increases in atmospheric oxygen
concentrations. Conversely, the periodic exposure and oxidation of large deposits of pyrite and
organic-rich sediments would lower atmospheric oxygen concentrations. Without obvious stabilizing
feedback mechanisms, oxygen levels could vary dramatically, but throughout the Phanerozoic
they seem to have remained close to present-day levels (Fig. 1.8). This is thought to be due to the
stabilizing mechanism of a negative feedback involving phosphate bioavailability (Fig. 3.10; van
Cappellen & Ingall 1996).

Although the main source of phosphate is the weathering of continental rocks, the efficiency of
phosphate recycling within the oceans plays a key part in the availability of phosphate to
phytoplankton. As primary production increases and atmospheric oxygen builds up, the oceanic
water column (and most importantly bottom water) becomes more oxidizing, causing an increase

in the amount of Fe(III) hydroxyoxides, which
readily complex with the phosphate and
precipitate. The resulting decline in available
phosphate gradually (over the time-scale of
oceanic turn-over) provides a negative feedback
on primary productivity, so atmospheric oxygen
levels reach a maximum and then decline, as
respiration and other oxygen-depleting
reactions outweigh photosynthetic generation.
As the oxygen content of bottom waters falls,
aerobic respiration can bring about reducing
conditions more readily, resulting in the
liberation of phosphate from reactive sediments,
eventually stimulating higher levels of primary
production and causing atmospheric oxygen
levels to rise once more. This model
demonstrates the coupling of the carbon,
phosphorus, oxygen and iron cycles.
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transported from the land as nitrate in river outflows. However, biologists have demonstrated that N is
biolimiting in large areas of the ocean. This can be seen from the atomic N:P ratio (known as the Redfield
ratio) of 16:1 in plankton (and also in early degradation products), whereas deep waters exhibit a ratio
closer to 15:1 (Falkowski 1997). The apparent paradox may be explained by the interaction of communities
of nitrogen-fixing cyanobacteria and major non-N-fixers, such as diatoms. Under conditions of abundant
nitrate the cyanobacteria are at a competitive disadvantage because nitrogen fixation is more energy
intensive (see Box 3.9): the numbers of cyanobacteria fall and levels of available nitrate effectively decline
until equilibrium between N and P is reestablished. If phosphate increases in concentration relative to
nitrate, the proportion of N-fixers increases, again reestablishing the N:P equilibrium. So, although N may
be the proximate limiter of primary production, P is likely to be the ultimate limiter (Tyrrell 1999). The
dependence of nitrogen fixation on iron availability introduces a complicating factor (Wu et al. 2000).

Three oceanic regions have been distinguished with regard to macronutrient status and apparent
productivity (Dugdale & Wilkerson 1992):

(a) HNHC – high nutrient, high chlorophyll (i.e. high productivity, eutrophic);
(b) LNLC – low nutrient, low chlorophyll (oligotrophic);
(c) HNLC – high nutrient, low chlorophyll.

Box 3.7 Iron as a biolimiting element

Iron is a vital component of the proteins involved in photosynthesis, respiration and nitrogen fixation,
but under oxic conditions it is predominantly found in its extremely low solubility Fe(III) form and so
is not readily available for uptake by organisms. Unlike anoxic environments, in which soluble
Fe(II) is generally abundant, the well oxygenated surface waters of the open oceans can contain
as little as 10−8 g l−1 of dissolved iron. In oceanic surface waters, inorganic Fe(III) is present as
hydroxyoxides which, with increasing age, undergo dehydration and crystallization, decreasing
the bioavailability of the iron. However, >99% of the element in these waters is bound to organic
compounds which are as yet poorly characterized (Hutchins et al.1999), but are known to bind
particularly strongly with Fe(III), maintaining its solubility and potential bioavailability.
Microbes and higher plants release a range of organic compounds (siderophores) into aerated
soils to sequester Fe(III); an example of a fungal siderophore is shown in Fig. 3.11. Siderophores
can be termed chelators, because each molecule surrounds one ferric ion and forms several
bonds to it, mostly via hydroxamate, catecholate and hydroxycarboxylate units. Marine heterotrophic
bacteria and cyanobacteria have been found to synthesize siderophores (see Fig. 3.11 for
examples), although production is only activated under conditions of extreme iron depletion, due
to the high energy requirements and the potential loss of siderophores in the open ocean. Iron
complexes with siderophores bearing an alkyl chain, like the aquachelins (Fig. 3.11), are amphiphilic
and can spontaneously form membrane-like vesicles (Martinez et al. 2000; see Box 1.7). The iron-
siderophore complexes are transported into bacterial cells where they undergo reductive decoupling
to release Fe(II).

No conclusive evidence has been found for siderophore synthesis by algae (i.e. eukaryotic
phytoplankton), although they appear to be able to obtain iron from chelated forms via a non-
specific ferrireductase system on the exterior of the cell membrane (Hutchins et al.1999). This
system is more effective for iron porphyrins (possibly originating from zooplanktonic detritus), in
which the square-planar chelated iron is more accessible than in the octahedrally chelated
siderophores (compare Figs 2.27 and 3.11).

(continued)
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Fig. 3.11 Major iron(III)-chelating groups in siderophores and structures of some siderophores.
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All phytoplankton can assimilate the more labile forms of dissolved inorganic Fe(II) and Fe(III),
and this is the main assimilation mode for bacteria under iron-replete conditions (Granger & Price
1999). Extracellular bioreduction is an important route to these labile forms, but the photoreductive
dissociation of Fe(III) chelates in oceanic surface waters may play a major role in sustaining
phytoplanktonic productivity (Sunda & Huntsman 1995), as has been proposed for the aquachelins
(Barbeau et al. 2001).

The differences between prokaryotic and eukaryotic phytoplanktonic uptake of iron must affect
competition and hence the composition of primary producer communities (Hutchins et al.1999).
The rate of transport of iron into cells depends upon the number of receptors on the membrane
surface, so low iron concentrations favour growth of the picoplankton, which have a large surface
area to volume ratio.
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The HNLC areas were enigmatic until the discovery of the role of iron in phytoplankton production. In the
three main HNLC areas – the equatorial Pacific, subarctic Pacific and Southern Ocean – the phytoplanktonic
communities are generally dominated by picoplankton. There are also periodic diatom blooms, from
which a large proportion of the detritus sinks out of the euphotic zone, so silicate levels are also often low
(Dugdale et al. 1995). Iron concentrations are very low, which in the subarctic Pacific and Southern
Ocean may be due to the low aeolian contribution in the form of continental dust (Martin et al. 1991).

The biolimiting effects of iron (Box 3.7) have been demonstrated by the large-scale addition of soluble
iron to areas of surface water in the equatorial Pacific (IronExI, Martin et al. 1994; IronExII, Coale et al.
1996) and the Southern Ocean (Boyd et al. 2000). Addition of iron, whether artificially or via natural
processes such as upwellings, causes a shift in the dominant phytoplanktonic members, from picoplankton
to the larger types of diatoms (Chavez et al. 1991). This is believed to be because the picoplankton have
a larger surface area to volume ratio, and so have a competitive advantage in nutrient-poor waters. The
main grazers are protozoans, which can respond rapidly to changes in picoplanktonic production, so
organic carbon is efficiently recycled in the HNLC regions via grazing. However, a transient flux of biolimiting
nutrient favours large diatoms, which can store nutrients in vacuoles for later use (Chavez et al. 1991).
The resulting blooms can produce a significant amount of detritus that sinks out of the euphotic zone.
This detritus mostly escapes the attention of the grazers because the larger zooplankton involved have
larval growth stages, so there is a lag of a few days between the onset of the bloom and the appearance
of large numbers of the grazing forms (Falkowski et al. 1998). The HNLC areas are, therefore, probably
the result of the interplay of at least three factors: – grazing, iron limitation and nutrient export in sinking
particulates – which control primary productivity and the composition of the phytoplanktonic community
(Chisholm & Morel 1991).

3.2.8 Variations in higher-plant populations

Because light levels (which control temperature, total productivity and the duration of seasonal growth
outside the tropics) and rainfall exhibit latitudinal variations (Fig. 3.12), it is not surprising that the distribution
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of the major higher-plant associations on land (biomes) are arranged in broadly latitudinal belts, as
shown in Fig. 3.13. The general trends are modified by factors such as altitude, mountain rain-shadows
and the thermal influence of oceanic currents. For example, the southern limits of boreal and temperate
forest in North America occur at lower latitude than in western Europe because of the warming effect of
the North Atlantic Drift. Superimposed on the generalized regional pattern in Fig. 3.13, factors such as
soil condition (and the related nutrient availability) play an important role in determining the local composition
of plant assemblages.

The biome pattern is somewhat more complex than the obvious climatic tropical, arid, temperate and
polar zonation. Another representation is given in Fig. 3.14, which shows the influence of mean annual
precipitation and temperature, and can be used to predict terrestrial biome types present under the
various climatic regimes. For example, rain-forests in the tropics could disappear if mean temperatures
were to increase by a few degrees.

Terrestrial biomes are not static assemblages; succession of species is a common theme, reflecting
the ability of plants to infiltrate newly created open spaces and compete against each other. The primary
colonizers are generally out-competed by later arrivals, during an increase in diversity, but eventually
diversity decreases as a relatively few species dominate in the climax populations. At any time in a forest
the entire succession is likely to be represented, as older trees die off and pioneer plants move in. Larger
open areas can be created by climatic or other environmental changes, such as fires. When pasture is
removed from grazing the most competitive grasses dominate, but gradually scrub takes over and eventually
woodland. A dramatic demonstration of a tundra to grassland, to boreal forest, to temperate forest
succession can be found in the pollen record for the end of the last glacial episode in the northern
hemisphere. Grasses and herbs were succeeded by birch (pioneers among the trees), then by pines,
and subsequently deciduous trees: hazel and elm at first and finally oak, lime and alder (Bennett 1983).
It is assumed that the temperate forest species migrated northward from refuges during the rapid warming,

Fig. 3.13 Terrestrial biomes (after Cox & Moore 1993).
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at rates determined by factors such as the age at which reproductive maturity is reached and the range
of seed dispersal.

3.3 Preservation and degradation of organic matter

3.3.1 Fate of primary production in the water column

Much of the organic material produced by phytoplankton is consumed within the euphotic zone by
herbivorous zooplankton. The most important members of the marine zooplankton are the copepods,
which belong to the macroplankton (Fig. 1.9). However, herbivorous protozoa also exist, which are members
of the microplankton (Fig. 1.9), comprising chiefly ciliates in fresh water and rhizopods (mainly radiolarians
and foraminiferans) in the oceans. These protozoa can be significant sources of sedimentary material, an
example being the deep-sea calcareous oozes to which foraminiferans such as Globigerina may be
major contributors. A simplified representation of carbon flow through microorganisms in the marine
water column is shown in Fig. 3.15. It can be seen that viruses play a role in regulating bacterial populations.

Detritus, comprising the remains of various planktonic organisms and zooplanktonic faecal pellets,
sinks down through the water column. Zooplanktonic faecal pellets, being larger, fall more quickly through
the water than the phytoplanktonic remains (c. 160 m d−1 for faecal pellets cf. 0.15 m d−1 for
coccolithophores). However, the phytoplanktonic remains tend to form fluffy aggregates of ‘marine snow’,
which settles more rapidly than the remains of individual organisms. Differences in exposure time to
degradation in the water column are likely to influence the amount of organic matter reaching the sea
floor, with large faecal pellets and ‘snow flakes’ (>200 µm diam.) being relatively more important in the
formation of organic-rich sediments (Suess 1980). There is evidence in continental margin settings that
the pelagic snow undergoes some disaggregation and recombination with terrigenous detrital material at
or near the sea floor before its final incorporation into marine sediments, which may affect the degree of
preservation of the organic matter (Ransom et al. 1998). Zooplanktonic grazing can be less efficient
during phytoplanktonic blooms (particularly diatom blooms; see Section 3.2.7), and proportionally more
organic matter may reach the sediment than in times of lower productivity. Particulate organic matter
export from the base of the euphotic zone can reach c. 200 mg C m−2 d−1 in upwelling regions, which is
almost an order of magnitude greater than generally observed in open oceanic areas (Martin et al. 1987;

Fig. 3.14 Approximate correlation of
terrestrial biomes with temperature
and precipitation patterns (after
Whitaker 1975).
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Wefer & Fisher 1993).
The particulate material is colonized by bacteria

which further break down the organic matter, releasing
dissolved organic compounds and nutrients that can
be assimilated in the euphotic zone by phytoplankton.
Some dissolved organic matter (DOM) is adsorbed
on to clay and other mineral particles and is
transported to the sediment. Most of the nutrients and
organics are recycled within the water column
(Wakeham et al. 2002), and details of the degradation
of some lipid classes are considered in Section 5.3.2.
The rate of decline in organic matter abundance and
of change in lipid compositions with water depth
appear to be similar for a wide range of primary
production rates (e.g. there is a characteristic
exponential decline in planktonic remains; Wakeham
et al. 1997). Consequently, the amount of organic
material that reaches the sediment is dependent on
the depth of water through which it passes and the
amount of primary production in the euphotic zone.

Fig. 3.15 Simplified carbon flow through microorganisms
in the marine water column (after Fenchel 2001).
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The deeper the water, the longer the residence time and the longer the particles are exposed to degradation.
Generally, the amount of organic material that reaches the bottom decreases by a factor of c. 10 for every
10-fold increase in water depth.

The flux of particulate organic C seems to be linked to that of biominerals (silicate and carbonate) in
the deep ocean, and suggests that the minerals present in various phytoplanktonic classes provide some
protection to the organic matter during zooplanktonic herbivory and also aid transportation to the sea
floor (Armstrong et al. 2002). It might be expected that the bulk composition of organic matter falling
through the water column would change significantly, given that systematic changes are observed in
lipids and other identifiable components, and that 98% of the organic matter is degraded (Wakeham et al.
2002). However, bulk compositional data from 13C nuclear magnetic resonance (NMR) analyses reveal
little change in the overall composition, and amino-acid-like material is a major component throughout
the water column (Hedges et al. 2001). This seems to suggest that degradation of the organic matter is
not selective of particular compound classes, and that the material that is not degraded undergoes only
relatively minor chemical alteration, which could reflect a degree of protection within inorganic matrices.

A significant proportion (c. 80%) of the organic matter that accumulates in sediments resists molecular
characterization by existing analytical techniques (Hedges et al. 2000). Identifiable molecules constitute
c. 80% of the organic C in phytoplankton and particulates sinking from the euphotic zone, but only c. 25%
in deep-water particulates and generally only c. 20% in surface sediments in the equatorial Pacific
(Wakeham et al. 1997). In feeding experiments it has been found that a chemically uncharacterized, but
relatively stable, component of diatoms is concentrated in copepod faecal pellets (Cowie & Hedges
1996). The isotopic similarity of marine particulate organic carbon to extractable lipids suggests the
material is derived predominantly from lipid-like macromolecules (Hwang & Druffel 2003). An
uncharacterized fraction of organic matter is ubiquitous in marine sediments, soils and natural waters.
Another poorly characterized component of sedimentary organic matter that may be important in many
environments is recalcitrant black carbon (which seems to be produced by varying degrees of charring of
terrestrial organic matter; Masiello & Druffel 1998; Hedges et al. 2000).



Killops & Killops
Introduction to Organic Geochemistry 100

Chapter 3
version 040801

(a) Dissolved organic matter

It is important to consider dissolved organic matter (DOM) in a little more detail because it is quantitatively
very important and, as is seen in Section 3.3.4b, may make a significant contribution to the organic
matter preserved in sediments. The dissolved organic carbon (DOC; see Fig. 3.15) in the DOM is the
single largest carbon pool in the oceans: at c. 700 x 1015 g it represents c. 96% of total marine organic C
(Hedges 1992), although the accuracy of its measurement has been questioned (Suzuki 1993). DOM
comprises truly soluble material and colloids (≤0.45 µm diam), and up to 50% may be high-molecular-
weight (>1000) colloids (Lee & Wakeham 1992). However, most of it – apart from a minor proportion in
the euphotic zone – seems to be refractory and is several thousand years old (Carlson & Ducklow 1995).
It is poorly characterized and has been termed Gelbstoff (‘yellow substances’, synonymous with humic
material; see Section 4.2). In common with soils and surface sediments, the organic nitrogen in marine
DOM appears to be predominantly in the form of amides, which suggests a biotic origin, possibly with a
major contribution from the peptidoglycans of eubacteria (McCarthy et al. 1998; Hedges et al. 2000;
Ogawa 2001; see Section 2.2.2).

Photolysis in surface waters may transform a part of this recalcitrant DOM into low-molecular-weight
compounds that are available for microbial uptake (Mopper et al. 1991; Hedges 1992). Manganese oxides
have also been reported to oxidize humic substances spontaneously, forming some simple compounds
such as acetaldehyde and pyruvate, which are readily assimilable by microorganisms (Sunda & Kieber
1994).

3.3.2 Sedimentary fate of organic material

(a) Aerobic decomposition

When detritus and colonized particles are deposited in sediment (whether aquatic sediments or soils),
their fate depends on the rate of burial and amount of oxygen present at the sediment surface and within
the interstitial spaces. Where there is sufficient oxygen, organic material is assimilated by the benthonic
community of detritivores: deposit feeders and, additionally in subaquatic environments, suspension
feeders. The detritus that escapes the deposit feeders passes to the decomposers: aerobic heterotrophic
bacteria and fungi in the oxic zone. The organic matter excreted or partially disseminated by the detritivores
has a high surface area to volume ratio and so is more readily available to the decomposers, which use
extracellular digestive enzymes. Decomposers inevitably form part of the diet of deposit feeders, being
ingested with the detritus upon which they are working. The action of burrowing detritivores (e.g. polychaete
worms) mixes the sediment (bioturbation) and aids oxygenation (see also Section 3.3.4a).

After death, cells self-destruct (the process of autolysis) under the influence of hydrolytic enzymes
which, in life, aided the recycling of cellular components. This process makes proteins and other
components more readily available to the decomposers. Bacteria and fungi preferentially remove the
more labile components from detritus and the residue becomes increasingly refractory. Much of the
soluble products of the microbial breakdown of organic matter diffuses upward within pore waters to the
sediment-water interface and is returned to the water column. Bacteria are important in all environments,
but fungi are relatively more important in the degradation of plant material on land than they are in the
decomposition of planktonic remains. Single-celled forms (yeasts) dominate aquatic fungi (although the
filamentous Cladosporium is common in fresh water, and various oomycetes and chytridiomycetes are
present in fresh water and soils), whereas colonial types are most important on land, producing the
familiar fruiting bodies found in woodlands (many ascomycetes and basidiomycetes, together with fungi
imperfecti such as Aspergillus and Geotrichum).

Decomposition of organic material (mineralization) occurs rapidly under aerobic conditions. The rate
of oxygen supply to the sediment is a critical factor and is influenced by sedimentary particle size. The
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restricted size of pores in fine-grained silts and clays results in rapid reduction of water circulation within
the sediment with increasing depth and, ultimately, oxygen can only enter pore waters by diffusion (Box
3.8). The amount of organic matter in the sediment affects the balance between the rate of oxygen
consumption during aerobic degradation and the rate of diffusion of oxygen into sedimentary pore waters.
Pore waters in open marine (pelagic) sediments in which oxygen consumption is low are often oxygenated
to depths of 0.5 m or more (Murray & Grundmanis 1980). In contrast, oxygenation is often limited to the
top few millimetres of fine-grained shelf sediments, although oxygen penetration can extend to a few
centimetres as a result of bioturbation and in the walls of well ventilated burrows (Revsbech et al. 1980).

As oxygen levels fall within the sediment and conditions become dysaerobic (see Box 1.5) bioturbation
ceases. If oxygen demand outstrips supply the sediment and sometimes the overlying water column
become completely anoxic. In eutrophic lakes anoxicity usually develops within the hypolimnion (Fig.
3.1). Under such conditions the activity of bacteria that are obligate (i.e. strict) aerobes (e.g. actinomycetes,
which can form up to one third of soil bacteria, and certain species of Bacillus, Pseudomonas,
Corynebacterium and Flavobacterium) is severely restricted.

(b) Anaerobic decomposition

Mineralization of organic matter continues under anoxic conditions, due to the activity of various anaerobic
bacteria (the main group being the Clostridia), but the overall rate is slower. As well as obligate anaerobes
(e.g. Clostridium), these bacteria include aerotolerant anaerobes (e.g. Lactobacillus) and facultative
anaerobes (i.e. bacteria that are usually aerobes but can function anaerobically, e.g. Escherichia).

Some bacteria (e.g. species of obligate anaerobic Clostridium and facultatively anaerobic Bacillus)
break down the macromolecular components of detritus into simpler molecules by hydrolytic and
fermentative processes. These products are the substrates used by other groups of anaerobic heterotrophic
bacteria that complete the mineralization of organic matter. The most important of these bacteria are the
denitrifiers (which include dissimilatory nitrate and nitrite reducers), sulphate reducers and methanogens
(methane producers). While the term fermentation is sometimes applied to all anaerobic degradation
processes, strictly it only describes reactions in which an internal source of electron acceptors is used,
not an external source like nitrate or sulphate. An example is fermentation of glucose to carbon dioxide
and ethanol, which can be considered to involve an internal redox reaction whereby part of the substrate
is oxidized (to CO2) and part reduced (to CH3CH2OH). A further example is shown in Eqn 1.17. Organic
substrates cannot be fermented further than acetate (Fenchel et al. 1998).

Box 3.8 Diffusion

Diffusion is a process caused by the random motion of molecules in a fluid, resulting in the net
movement of the molecules of a particular compound from regions of higher to lower concentration
of that compound. At constant temperature all the molecules share the same average kinetic
energy (1/2mv2), so the molecules of smallest mass have the highest mean velocities and will
diffuse at the fastest rate. For ideal gases (see Box 1.11) the ratio of the rates of diffusion of two
different types of molecules (a and b) is expressed simply by Graham’s Law:

va √mb

vb √ma
= [Eqn 3.4]
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Hydrolysis of macromolecular components releases sugars, amino acids and long-chain fatty acids,
which undergo fermentation to yield a relatively limited range of compounds upon which subsequent
bacterial metabolism is based, as summarized in Fig. 3.16. The main products are short-chain volatile
acids (e.g. formate, acetate, propionate, butyrate, lactate and pyruvate), together with alcohols (e.g.
methanol and ethanol), methylated amines, carbon dioxide and water. Acetate (CH3COO−) is an important
substrate and is produced, together with hydrogen and carbon dioxide, from other short-chain acids by
acetogens. Some acetogenic bacteria can convert H2 and CO2 to acetate (e.g. some species of Clostridium
and Acetobacterium):

2CO2 + 4H2 → CH3COOH + 2H2O [Eqn 3.5]

In the absence of molecular oxygen certain anaerobes oxidize the products of fermentation by using
various inorganic oxidizing agents (which act as terminal electron acceptors): manganese(IV), nitrate,
iron(III), sulphate and bicarbonate. These processes release less energy to decomposers than the complete
aerobic degradation of organic matter to carbon dioxide and water. Oxidizing agents in anaerobic
degradation tend to be utilized in order of decreasing energy return, as listed above (Nedwell 1984;
Nealson & Saffarini 1994). The most important of these processes are dissimilatory nitrate reduction (i.e.
denitrification), sulphate reduction and methanogenesis.

Denitrification generally follows rapidly upon depletion of oxygen and yields, ultimately, carbon dioxide,
water and nitrogen (via nitrite, NO2

−; Box 3.9). These denitrifiers (e.g. species of Escherichia,
Pseudomonas, Bacillus, Micrococcus and Thiobacillus) are facultative anaerobes and use oxygen when
it is in sufficient supply (production of the enzyme nitrate reductase is inhibited by O2). Nitrate reduction
provides greater energy returns than sulphate reduction from the same carbon-containing substrates,
and the dentrifiers have lower thresholds (i.e. have a lower minimum abundance requirement) for the
substrates, so they generally out-compete sulphate reducers. However, the vertical extent of the
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Box 3.9 Nitrogen cycle

A summary of the nitrogen cycle is shown in Fig. 3.17. Nitrogen fixation, which converts N2 into
NH4

+, is performed by a restricted number of eubacteria and archaebacteria (sometimes in symbiotic
associations). Anaerobes such as the photosynthetic bacteria, together with some species of
Clostridium and sulphate reducers, can perform the process. However, the most important nitrogen-
fixing bacteria are aerobes: the cyanobacteria (e.g. Oscillatoria) in aquatic environments and
Rhizobium in plant root nodules in soils (free-living soil bacteria such as Azotobacter are less
prolific N-fixers). Because the nitrogenase enzyme is easily oxidized, many aerobic N-fixers actually
perform better at under low O2 levels, deeper within soils and sediments or in O2-depleted waters.
The ammonia (which rapidly forms the ammonium ion in the presence of water) produced by N-
fixation in vascular plant roots is taken up by glutamate to yield glutamine, which acts as a carrier
of the amino group and can pass it on to many other α-ketocarboxylic acids to produce various
amino acids (Fig. 3.18).

Upon decay of organic matter the nitrogen is released first as ammonium (the process of
ammonification) and then is either recycled by organisms or tends to become oxidized to various
oxides of nitrogen. Nitrification, the conversion of ammonium to nitrate via nitrite, is carried out by
the combined action of two groups of aerobic chemosynthesizers. In soils the first step (NH4

+ to
NO2

−) is primarily performed by Nitrosomonas and the second step (NO2
− to NO3

−) by Nitrobacter.
Some fungi can also carry out nitrification at low pH.

The nitrate produced by nitrification diffuses downwards into the upper layers of anoxic sediment
where it is used by denitrifiers (sometimes called nitrate reducers, but this term can lead to confusion
between dissimilatory and assimilatory nitrate reduction) for the oxidation of organic matter, with
nitrite as the byproduct. Nitrate can also be converted into organic-N, by the process of assimilatory
nitrate reduction, which is performed by many bacteria, fungi and algae. Under anaerobic conditions
there are many genera of facultative anaerobes (e.g. Escherichia, Bacillus, Pseudomonas, Vibrio
and Nocardia) reduce NO3

− to NO2
−, and subsequently NO2

− to NO or N2O. Other denitrifying
bacteria, such as Thiobacillus denitrificans, can take the reduction all the way to N2, although often
this final step is incomplete (Fenchel et al. 1998). In soils the main denitrifiers are Pseudomonas

Fig. 3.17 Summary of the nitrogen cycle (oxidation states of nitrogen shown in parentheses). Ammonium assimilation
and ammonification can occur in oxic and anoxic environments, as can nitrogen fixation (although the most prolific
bacteria are aerobes).
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denitrification zone is usually very limited in marine sediments because the nitrate concentration in pore
water is typically very low (only a few tens of µmol l−1) and is rapidly depleted.

Sulphate reduction becomes important when nitrate is depleted; its products are carbon dioxide, water
and hydrogen sulphide (Box 3.10). Sulphate reducers (e.g. Desulfovibrio, Desulfotomaculum,
Desulfobacter, Desulfobulbus) are generally obligate anaerobes, mostly belonging to the proteobacteria,
but there are also members among the Gram-positive eubacteria and the thermophilic archaebacteria.
As a group, these bacteria can tolerate wide ranges of pH, pressure, temperature and salinity. Their
growth is generally limited by the rate of sulphate supply (by diffusion of fresh sulphate into sediment
pore waters and/or bacterial oxidation of sulphide; Box 3.10), so the sulphate reduction zone may be
relatively shallow in organic-rich areas, where sulphate is rapidly depleted, but can occupy several metres
in pelagic sediments with lower organic content. Acetate is the most important substrate (accounting for
>60% of total sulphate reduction; Winfrey & Ward 1983), and is completely oxidized to CO2 by the group
of sulphate reducers that utilize the citric acid cycle (e.g. Desulfobacter; see Section 2.2.2):

2H+ + CH3COO− + SO4
2− → 2CO2 + 2H2O +HS− [Eqn 3.6]

Some sulphate reducers do not have a citric acid cycle (e.g. Desulfovibrio) and use other substrates,
such as lactate [CH3–CH(OH)–COO−], which yields acetate (Hines et al. 1994).

Methanogens are also obligate anaerobes and synthesize methane from the smallest fermentation
products. Carbon dioxide and hydrogen are important substrates (e.g. for Methanobacillus,
Methanococcus), with CO2 being the electron donor in the reaction:

Fig. 3.18 Amino group transfer (ammination of α-ketoglutarate; after Woodall et al. 1996). Pi = inorganic phosphorus.
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and Alcaligenes. Although denitrification occurs predominantly under strictly anaerobic conditions,
it can also occur under mildly oxidizing conditions. The enzymes responsible for dissimilatory
nitrate reduction (nitrate reductases) are bound to the bacterial membrane and their action is
inhibited by oxygen, in contrast to the assimilatory nitrate reductases. [Dissimilatory processes
do not result in the incorporation of substrate (e.g. N) into the cellular material, whereas assimilatory
processes do.] Nitrogen can also be formed by anaerobic oxidation of ammonia by nitrite (the
anammox reaction), probably by planctomycete bacteria in the water column and sediments. This
process may account for 30–50% of oceanic N2 production (Devol 2003).
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Box 3.10 Sulphur cycle

A summary of the sulphur cycle is shown in Fig. 3.19, incorporating important geological pathways
as well as major biologically mediated processes. In organisms thiol groups are the dominant form
of sulphur, as in the amino acids cysteine and methionine (see Fig. 2.11) and various co-enzymes.
Consequently, S-incorporation into organic tissue generally requires assimilatory sulphate reduction
to form sulphide (see e.g. Erlich 1995). The largest reservoir of sulphate is in the oceans. Direct
uptake of sulphide is unfeasible for most organisms because H2S is toxic. This problem is avoided
during assimilatory sulphate reduction by the immediate reaction of the sulphide with an acceptor
(e.g. serine, producing cysteine; see Fig. 2.11).

Decomposition of organic matter results in sulphide (and some thiol) generation through the
action of desulphydrases. This process of desulphuration is analogous to ammonification in the N
cycle. In the marine environment a major product is dimethylsulphide (DMS; see Section 6.3.1d).
The sulphides are oxidized to sulphate, the dominant volatile forms (H2S, DMS and thiols) mostly
via photo-oxidation in the atmosphere. Hydrogen sulphide may be microbially oxidized under aerobic
conditions by chemosynthesizers or under anaerobic conditions by photosynthesizers.

Aerobic and anaerobic communities are, to a large extent, interdependent and their relative
positions in the water column and sediment reflect their reliance on particular substrates as well as
oxygen levels. For example, photosynthetic bacteria such as the green and purple sulphur bacteria
(Chlorobium and Chromatium, respectively) live just within the anaerobic zone, where there is
sufficient light penetration for them to make use of the products of anaerobic degradation processes
(e.g. H2S and CO2). These phototrophic sulphur bacteria oxidize S2− to elemental sulphur (during
the process of anoxygenic photosynthesis), but have only limited ability to oxidize the S to SO4

2−,
so S accumulates. This S can be oxidized to SO4

2− by Thiobacillus denitrificans, a chemosynthetic

Fig. 3.19 Summary of the sulphur cycle (oxidation states of sulphur are shown in parentheses).
Solid lines show major microbial pathways; broken lines show geological processes involving
sedimentary organic-S, calcium sulphate (gypsum/anhydrite) and iron(II) sulphide (pyrite).
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2CO2 + 4H2 → CH4 + 2H2O [Eqn 3.7]

This equation is similar to Eqn 3.5, and suggests that there could be competition for substrates between
certain methanogens and acetogens. The acetogenic reaction liberates less energy than the methanogenic
reaction, but the acetogens compensate in general by using a broader range of substrates, and they are
also more tolerant of low pH. Another group of methanogens can perform what is effectively a fermentation
of acetate (see Eqn 1.17). Some methanogens can use simple compounds that are either C1 compounds
(e.g. methanol and formate) or readily yield C1 units (methylated amines). In freshwater sediments c.
70% of methane generation may result from utilization of acetate (produced by acetogens), with the
remainder deriving from CO2 and H2. Methanogens have a lower utilization efficiency and higher thresholds
for H2 (i.e. require higher minimum amounts of H2) than sulphate reducers, so generally do not compete
well against sulphate reducers until sulphate is well depleted.

Compounds containing a single C atom, usually in the form of a methyl group, can be oxidized back to
carbon dioxide by methylotrophes (e.g. Methylomonas, which are obligate aerobes). The
methanotrophes, a subgroup of the methylotrophes, use only methane as their carbon and energy
source (Hanson & Hanson 1996). All methylotrophes were once thought to be aerobes, but recently
some methanotrophes have been implicated in anaerobic methane oxidation (Fig. 3.16). The anaerobic
route appears to be important in the recycling of a significant proportion of methanogenic methane back
into sedimentary organic matter (some 90% of methane is recycled within sediments), via the action of
bacterivorous ciliates, in methane-rich, anoxic, marine environments, and is associated with sulphate
depletion (Reeburgh 1980; Jørgensen 1983a). This can be likened to a reversal of methanogenesis,

bacterium that is unusual for Thiobacillus species in being a facultative anaerobe (a nitrate reducer).
The S can also be reduced to S2−, for example by Desulfuromonas acetoxidans, which lives in
syntrophic association with Chlorobium (Kuenen et al. 1985).

At the oxic-anoxic boundary a group of chemosynthesizers (e.g. species of Thiobacillus,
Beggiatoa, Thiothrix), all obligate aerobes, converts the S2− produced by dissimilatory sulphate
reduction back into SO4

2−. If the water immediately overlying the sediment is anoxic, conversion of
S2− to SO4

2− often does not occur, and when it does it is minor and due entirely to the activity of
anaerobic photosynthesizers. Under such conditions there is a build-up of S2− and an increase in
acidity which results in the decalcification of calcareous tests and shells.

The fluids emanating from deep-sea hydrothermal vents are enriched in H2S and S, and some
hyperthermophilic archaebacteria can reduce S with H2 to produce more H2S (e.g. Thermoproteus,
Pyrobaculum and Pyrodictium; Fischer et al. 1983). Where the vent fluids meet oxygenated seawater
various eubacteria (e.g. Beggiatoa) harvest energy from oxidation of the reduced S forms (Jannasch
& Mottl 1985).

If iron is present within sediments it can combine with S2− to form insoluble pyrite, removing
sulphur from the system. If iron is not available sulphur can be deposited, a process that can occur
during the formation of carbonate sediments. Sulphate can be precipitated from saline waters as
the calcium salts gypsum or anhydrite under suitable conditions (evaporite deposition). Subduction
of S-containing sediments leads to emission of SO2 during volcanism, which can be oxidized in
the atmosphere to sulphate. The sedimentary reservoirs of gypsum and pyrite amount to c. 2.47 Pt
and 2.47 Pt of S, respectively, while some 1.28 Pt of S is present as oceanic sulphate (Holser et al.
1989a).
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involving a consortium of methane-oxidizing archaebacteria and sulphate reducers (Hoehler et al. 1994;
Hinrichs et al. 1999; Boetius et al. 2000; Orphan et al. 2001; Werne et al. 2002; see Section 5.8.5). The
methane that escapes into the aerobic zone is efficiently oxidized by other methylotrophes. The carbon
dioxide produced by the various methylotrophes may be reintroduced into the biological cycle by
phototrophes and chemotrophes.

Reliance of one group of bacteria on the products of another group is a general feature of bacterial
communities (consortia), involving photosynthetic and chemosynthetic bacteria as well as members of
the decomposer system. This interdependence is vital, because any single group of bacteria would
eventually be poisoned by a build-up of their own by-products. Perhaps the best example is the sulphate
reducers, the main product of which, H2S, is extremely toxic to most organisms (it poisons the metal-
containing groups of cytochromes) but is oxidized by anaerobic photosynthesizers (Fig. 3.19). Figure
3.16 provides a general idea of the interrelationships within bacterial consortia, and readers are referred
to specialized texts for a more detailed discussion (e.g. Atlas & Bartha 1998; Fenchel et al. 1998). From
Fig. 3.16 it can be seen that the carbon, nitrogen and sulphur cycles are interlinked through bacterial
activity. The aerobic and anaerobic respiration processes of bacteria release nitrogen and sulphur from
detritus and convert them into forms assimilable by plants. Phosphorus is also released for uptake but
remains in the form of phosphate throughout its cycle. The nitrogen and sulphur cycles are considered in
more detail in Boxes 3.8 and 3.9, respectively.

The availability of substrates and the competition for them between various anaerobes is important.
Sulphate is plentiful in marine environments (c. 28 µmol l−1) and so sulphate reduction is the dominant
anaerobic process (Jørgensen 1982) and accounts for c. 50% of carbon oxidation in marine shelf sediments
(cf. c. 3% by denitrifiers). The H2S liberated during sulphate reduction may partially inhibit denitrification
in marine environments and sometimes a denitrification zone may not be present (Jørgensen 1983b). It
also appears that methanogens do not compete effectively with denitrifiers or, more importantly, with
sulphate reducers for the main substrates (H2, CO2 and CH3COO−). Consequently, methanogens are
largely confined to the area below the sulphate reduction zone, but even in marine environments
methanogenesis may be significant in the overall reworking of organic matter because it can extend to
considerable depth. Sulphate levels are usually low in freshwater lakes and soils, resulting in methanogens,
and also denitrifiers, being more important than sulphate reducers.

Anaerobic and aerobic degradation reactions probably proceed at about the same rate under identical
conditions (e.g. fresh organic matter and unlimited supply of electron acceptors), but anaerobic degradation
often appears slower because most of the labile organic components have already been removed leaving
mainly recalcitrant material, and because electron acceptors (e.g. sulphate for the sulphate reducers)
become depleted. In addition, some organic matter (e.g. lignin; see Section 3.3.3c) may be more resistant
towards biodegradation under anaerobic conditions (Canfield 1994). The remains of dead bacteria also
contribute to the organic material present in the sediment and are degraded, or preserved, in the same
manner as the rest of the detritus. Total microbial numbers decrease with increasing depth in the sediment
and, eventually, all biologically mediated degradation must cease, an important factor being the decreasing
energy returns from oxidation of the increasingly recalcitrant organic matter. Significant bacterial populations
can be found in sediments 500 m below the sea floor (Parkes et al. 1990), but the depth limit has yet to be
established. Thermal degradation of organic matter liberates acetate that may stimulate sulphate reducer
activity even at depths associated with oil generation (at temperatures possibly as high as 150˚C; Wellsbury
et al. 1997). Various communities of anaerobic heterotrophic thermophilic eubacteria and hyperthermophilic
archaebacteria have been isolated from deep boreholes (L’Haridon et al. 1995). Many of these communities
are supported by sedimentary organic matter but others, particularly those discovered in igneous rocks,
are not (Krumholz 2000). The primary producers in the latter appear to be lithotrophes (mainly methanogens
and acetogens) that harvest energy from the H2 generated by the interaction of water with iron-bearing
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minerals in basalt, with mantle-derived CO2 presumably serving as the carbon source.
The composition of bacterial communities depends on a number of factors such as acidity and salinity,

in addition to the availability and type of organic substrates and terminal electron acceptors. Bacterial
species can be active over a wide temperature range (e.g. c. 0–45˚C for most methanogens and
Desulfovibrio), although most microorganisms exhibit optimum growth rates within the range 20–35˚C.
Bacterial activity is generally suppressed when pH falls below c. 5 (the exception being archaebacterial
acidophiles, which grow at pHs <2; Fenchel et al. 1998) and, as a result, fungi are more important than
bacteria in acidic soils. The role and interactions of bacteria in sedimentary environments are complex
and not fully understood at present (e.g. Kaeberlein et al. 2002). Some types can grow in both aerobic
and anaerobic environments and are able to carry out more than one of the functions shown in Fig. 3.16,
and different species of the same genus may carry out markedly different processes.

3.3.3 Degradation of biopolymers

The size of the largest biopolymers dictates that decomposition can only take place in the presence of
extracellular enzymes, because the molecules are too large to enter microbial cells. Hydrolytic enzymes
are common, which reverse the dehydration step used in many biopolymerization reactions, such as the
condensation of glucose to give cellulose, and they are specific to a particular substrate. Fungi and
bacteria secrete a range of enzymes to hydrolyse most biopolymers (e.g. cutinase, chitinase, proteases,
cellulases, amylases, pectinases). It is the presence of microbial communities in their gut that permits
terrestrial herbivores to digest higher plant material.

DNA degrades in tissue shortly after death unless protected by dehydration, and it is inevitably modified/
degraded after deposition in sediments and certainly is not preserved in any significant amounts over
millions of years. It is far more sensitive to hydrolytic and oxidative processes than most other
biomacromolecules.

(a) Proteins and amino acids

Proteins are readily hydrolysed by microbial enzymes, and their preservation requires desiccation, freezing
or pickling, to retard microbial action. The key degradation step is peptide-bond hydrolysis, which is
temperature dependent. The more highly ordered and cross-linked proteins – such as keratin, fibrinogen
(in silk and mollusc-shell matrix) and collagen (comprising triple α-chains) – are insoluble and so less
accessible to extracellular enzymes. Proteins within a mineral matrix, such as bone and shell, are protected
to an extent from contact with microbial proteases. The mineral matrix may also reduce the conformational
flexibility of a protein (i.e. the degree to which it can bend and twist to permit close approach of enzymes
to peptide linkages) lowering the rate of hydrolysis. Even this protection is unlikely to result in protein
preservation for more than a few million years.

Over time water can leach the amino acids and small peptides released by hydrolysis, but it may also
introduce amino acids, such as the major metabolic by-product serine (Mitterer 1993). The introduced
amino acids are likely to be dominated by the L enantiomers characteristic of living organisms (Section
2.3.1), whereas the leached amino acids are likely to experience racemization (Section 2.1.3). The more
functional groups there are in an amino acid the more reactive it is, so neutral amino acids are the most
stable and tend to dominate in older fossils, but even their concentrations decrease over a few Myr and
their degree of racemization increases. Fossils of greater than Neogene age from deep-sea sediments
and high latitude continental environments may contain some of their original amino acids, but those
from low- and mid-latitude continents are unlikely to (Mitterer 1993).
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(b) Polysaccharides

In the absence of enzymes, polysaccharide hydrolysis is relatively slow (Table 3.7), with the α-linked
polymers (e.g. amylose) being slightly more stable than their β-linked counterparts (e.g. cellulose and
chitin). It appears that glycosidases can accelerate hydrolysis by a factor of c. 1017 (Wolfenden et al.
1998).

Cellulose is attacked by several types of fungi and bacteria, with basidiomycetes (fungi) being the
major degraders in wood and litter at the soil’s surface. The cellulose degrader assemblage is affected by
pH: at pH <5.5 filamentous fungi dominate, whereas at pH ≥7 bacteria belonging to Vibrio species as well
as fungi are important. Under aerobic conditions fungi and aerobic and facultatively anaerobic bacteria
degrade cellulose, but under anaerobic conditions Clostridium (obligate anaerobes) dominate.
Hemicelluloses (e.g. xylans, mannans and galactans) are degraded by fungi and bacteria (e.g.
actinomycetes and Bacillus), and appear more susceptible than cellulose (Hedges et al. 1985).

The important bog moss Sphagnum contains the acidic polysaccharide sphagnan, which resembles
the pectins of higher plants, but in addition to residues of galacturonic acid and neutral sugars it also has
side chains with residues of D-lyxo-5-hexosulouronic acid (which can also be called 5-keto-D-mannuronic
acid; see Section 2.2.1). Under mildly acidic conditions the cross-linking formed by the 5-keto-D-mannuronic
acid residues spontaneously hydrolyse, slowly releasing sphagnan, which represents 55% of cell-wall
polysaccharides (known as holocellulose). The released sphagnan can undergo polymerization reactions
with amine groups on other fragments to form melanoidins (see Section 4.1.3) with powerful chelating
capabilities (see Box 3.7). Sphagnum appears not to be degraded by bacteria for a combination of reasons:
the low pH in the bog (c. 3–5); the fact that the plant is very efficient at removing all available nitrogen; and
because the various extracellular digestive enzymes are deactivated by irreversible binding to holocellulose.

Among other polysaccharides, chitin, the annual production of which is estimated at c. 1011 t – mostly
from arthropods – is degraded by fungi and bacteria (again actinomycetes are important). It is protected

to a degree in arthropod cuticles by a wax coating and a protein
complex that is cross-linked by catechol and aspartic/histidyl
moieties (Briggs et al. 1998), but nevertheless it is still mostly
decomposed. Agar, which is produced by many marine algae,
is decomposed by relatively few species of bacteria (which often
occur as epiphytes).

Lipids are hydrolysed; for example, wax esters are converted
into their constituent fatty acids and alcohols. The less soluble
components tend to exhibit the greatest inhibition to ingress of
hydrolytic enzymes, and so are the most stable towards
biodegradation. The waxy components forming the cuticles of
plant leaves and stems are among the best preserved
biomacromolecules over geological periods (see Section
4.4.1a). The transformations of lipids are examined in more
detail in Chapter 5.

Table 3.7 Comparison of stabilities of

biopolymers towards hydrolysis in the absence

of enzymes (after Wolfenden et al. 1998;

Thompson et al. 1995). Protein values are

based on glycine-glycine units; see Box 5.4 for

explanation of half-life.

half-life

(25˚C)

RNA 4 yr

proteins 460 yr

DNA 140 kyr

β-glucopyranosides 4.7 Myr

α-glucopyranosides 12 Myr

(c) Lignin

Lignin, the major component of woody tissue (see Section 2.5.1), is degraded by a much smaller range
of microbes than other major biopolymers and is one of the most resistant. Its degradation, which appears
to involve non-specific oxidases, offers some insight into the preservation potential of sedimentary organic
matter in general (see Section 3.3.4). Most lignin degradation is achieved by white-rot fungi, among
which the basidiomycetes are the most numerous group as well as the most efficient of the lignin degraders.
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The white-rot fungi also comprise a few species of ascomycetes (e.g. Xylaria, Libertella and Hypoxylon),
but they do not appear to degrade the vanillyl lignin of gymnospermous wood and preferentially attack
the syringyl units of angiospermous lignin (see Fig. 2.30). As yet, there is little evidence from simple
culture enrichment experiments to suggest that significant lignin biodegradation occurs under anaerobic
conditions (e.g. Odier & Monties 1983). Laboratory studies suggest that aerobic bacteria (e.g.
actinomycetes) are not particularly efficient lignin decomposers either, although bacterial consortia may
be more effective than single species, particularly when presented with smaller lignin fragments (Kirk &
Farrell 1987).

Decomposers do not seem to be able to use lignin as their only source of C or energy; they consume
polysaccharides at the same time. For example, although lignin degradation occurs during soft-rot wood
decay by some species of ascomycetes and fungi imperfecti, polysaccharides are preferentially degraded
(Kirk 1984). The basidiomycetes that are responsible for brown-rot wood decay also mainly decompose
cellulose and hemicelluloses, but they seem to require the presence of lignin. They do cause some
relatively minor degradation of lignin, through limited hydroxylation of aromatic rings and some ring
cleavage. Although the brown-rot basidiomycetes have a minimal effect on the framework of lignin they
are capable of causing significant demethylation of the methoxy groups on aromatic rings (Kirk 1984),
leading to an initial increase in OH group content (Filley et al. 2002).

Some lignin linkages are unstable, such as those involving the αC (Fig. 2.30), which degrade slowly
without microbial intervention at elevated temperature or in acidic or alkaline environments. In contrast to
most polysaccharides and proteins, the structure of lignin is random and its formation does not involve
simple dehydration condensation reactions. This structural complexity dictates that the initial stages of
lignin biodegradation must involve a variety of non-specific enzymes that are also not generally hydrolytic.
The oxidative changes to lignin brought about by the white-rot basidiomycetes include aromatic-ring
cleavage (Higuchi 1985) and progressive depolymerization, releasing a wide range of smaller fragments.
The range of enzymes involved include ligninases, manganese peroxidases and phenol-oxidizing enzymes
(De Jong et al. 1992). Oxygen availability is a key factor in the generation by hydrogen peroxide-producing
enzymes of the H2O2 required by the ligninases (Tien & Kirk 1983, 1984), which alternatively can be
called lignin peroxidases (and contain a haem-like unit). All the lignin-degrading enzymes cause a
comparatively simple one-electron oxidation of susceptible aromatic nuclei to give unstable cationic radicals
(see Box 2.10), which in turn undergo a variety of non-enzymatic reactions, yielding a diverse range of
products (e.g. Hammel et al. 1986).

Phenol-oxidizing enzymes, such as laccase (which contains copper) and manganese peroxidase (which
contains a haem-like protein), oxidize the phenolic residues in lignin to phenoxy radicals. The resulting
one-electron oxidation causes: αC oxidation; limited demethoxylation; aryl–αC bond cleavage; and, in
phenolic syringyl units, cleavage of the αC–βC bond (Higuchi 1985). The one-electron oxidation of phenolic
compounds might be expected to result in extensive repolymerization, but such reactions appear to be
limited during lignin degradation, as discussed in Section 4.3.2b.

Ligninases act on the aromatic nucleus of non-phenolic units; whether the aromatic nucleus is oxidized
depends upon the effect of its substituents. Strong electron-withdrawing groups like an αC-carboxyl group
tend to deactivate the aromatic nucleus, whereas an alkoxy group activates it towards ligninase attack
(see Box 2.10). The type, position and number of groups are important. The position of alkoxy groups in
lignin precursors is fixed, but the number varies from one to three; the more groups the faster the oxidation
rate, which consequently increases in the order p-hydroxyphenyl < vanillyl < syringyl (see Fig. 2.30). The
lower stability of syringyl units has been observed during natural decomposition of hardwoods (Hedges
et al. 1985). The nature of the substituents on the aromatic nucleus also affects the subsequent reactions
of the cations produced by the initial oxidation step, which include nucleophilic attack (see Box 2.10) by
H2O or internal OH, loss of an acidic proton at αC and αC–βC cleavage. The wide range of possible



Killops & Killops
Introduction to Organic Geochemistry 111

Chapter 3
version 040801

O

O
H

H
O

H
O

O

A

B O
C

H
3

O
H

H
O

H
O

H
O O

H
O

O

O
C

H
3

O
C

H
3

O
C

H
3

O
C

H
3

O
C

H
3

O

H
O

O

A

B O
C

H
3

O
C

H
3

O
C

H
3

O
OO

A

A

B

B

B
B

B

B

B

B

B
B

B

O
C

H
3

O
C

H
3

O
O

A

O
C

H
3

O
C

H
3

H
O

O
H

O
H

O
H

A

O
C

H
3

O
C

H
3

O

A

A

A

O
C

H
3

O
C

H
3

O
C

H
3

H
3C

O

F
ig

. 3
.2

0 
O

xi
da

tio
n 

of
 a

 β
-O

-4
 m

od
el

 li
gn

in
 c

om
po

un
d 

by
 li

gn
in

as
e/

H
2O

2 
(a

fte
r 

K
irk

 &
 F

ar
re

ll 
19

87
). 

A
 &

 B
 o

n 
ar

ro
w

s 
sh

ow
 w

hi
ch

 r
in

g 
is

 o
xi

di
se

d;
[ ]

 =
 p

os
tu

la
te

d 
in

te
rm

ed
ia

te
s.

β-
O

-4

H
O

A

O
C

H
3

O
H

O

O
C

H
3

H
O

OO

A

B

O
C

H
3

O
C

H
3

H
3C

O

O

B O
C

H
3

H
O

H
O

A

O
C

H
3

O
C

H
3

O

B O
C

H
3

O

O
O

H
O

H
O A

O
C

H
3

O
C

H
3

H
O

A

O
C

H
3

O
C

H
3

OO

A

O
C

H
3

O
C

H
3

O
C

H
3

O
O O

O

O

α

β
4



Killops & Killops
Introduction to Organic Geochemistry 112

Chapter 3
version 040801

HO

HO

A

B

OC2H5

OH

OCH3

OCH3

O

O

O

O

Fig. 3.21 Ligninase/H2O2 mediated oxidation of a β-1 model lignin compound (after Kirk & Farrell 1987).
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reactions generates a variety of intermediate products, as shown in Fig. 3.20 for the dominant β–O–4
linked units and in Fig. 3.21 for the less common β–1 linked units, demonstrating the non-specific nature
of the oxidation. No ring-cleavage products have been observed from the decomposition of model
compounds. One lignin degradation product from Phanerochaete chrysosporium is veratryl alcohol (Fig.
3.22), which stimulates the synthesis of lignin peroxidase and so exerts a positive feedback on the
degradation process (Carlile et al. 2001). It is not yet clear whether ligninase oxidation alone accounts for
the large reduction in methoxy group content after partial degradation of lignin by white-rot fungi. Although
anaerobic decay has yet to be proven to be important, synthetic compounds that model aspects of the

lignin structure have been found to undergo significant demethoxylation with
ligninase under anaerobic conditions (Miki et al. 1986).

The overall effect of fungal attack of lignin is: decrease in methoxy, phenolic-
OH and aliphatic-OH content; cleavage of aromatic nuclei forming aliphatic
carboxyl-containing residues; creation of new αC-bonded carbonyl and carboxyl
groups; formation of alkoxyacetic acid, phenoxyacetic acid and phenoxyethanol
structures (Higuchi 1985). Many of these reactions can be mediated by ligninase,
but some cannot, suggesting other oxidases are involved.

3.3.4 Factors affecting sedimentary preservation of organic matter

(a) Organic-rich sediments

Our ideas about the factors responsible for the preservation of organic matter in sediments have largely
focused on the conditions under which organic-rich petroleum source rocks are likely to have formed. In
this context the relative importance of productivity (Pedersen & Calvert 1990) and anoxicity (Demaison &
Moore 1980) has been hotly debated. Although most organic-rich sediments appear to be associated
with anoxicity there are certainly examples of good preservation of organic matter in oxic sediments. As
we saw in Section 3.3.1, the flux of organic carbon to the seafloor is approximately proportional to primary
production and inversely proportional to water depth (Suess 1980), so sufficiently high productivity is
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clearly important if organic material is to reach the sediment in any quantity and stand a chance of
preservation (e.g. during algal blooms).

Organic-rich (and particularly lipid-rich and hence hydrogen-rich), fine-grained sediments are generally
finely laminated (i.e. non-bioturbated), consistent with anoxicity in sediments and bottom waters. However,
this anoxicity may be as much a consequence of the degradation of large amounts of organic matter,
aided by stratification of the water column, as a prerequisite for organic preservation. The activity of
detritivores is probably a key factor: firstly, they comminute organic detritus, which increases its surface
area and facilitates microbial degradation; secondly, they bioturbate sediments, which tends to keep the
organic matter in the oxidized surface layer (Hartnett et al. 1998). Anoxicity drastically reduces the degree
of reworking of sedimentary organic matter by detritivores, even if the extent of bacterial degradation is
not significantly affected. It is likely, therefore, that the formation of organic-rich sediments is influenced
by both anoxicity and the level of primary productivity. In addition, pore waters in fine-grained sediments
generally become isolated from exchange with the oxygenated water column more rapidly during burial
and compaction than coarser-grained sediments. The clays in fine-grained sediments can bind and
inactivate the extracellular digestive enzymes of bacteria, increasing the preservation potential of organic
matter.

Most soils are oxygenated and the organic matter they contain is efficiently recycled by organisms of
the detrital food chain, resulting in little long-term preservation of organic material in soil. However, water-
logging aids the development of anoxicity and also the build-up of acidity, and hence the preservation of
organic matter as peat (Dean & Gorhan 1998).

In both marine and lacustrine environments oxygen consumption increases with depth under areas of
high primary productivity, mainly due to microbial respiration during the degradation of organic matter. In
oceanic environments an oxygen-minimum layer (OML) may be produced beneath the euphotic zone,
where oxygen demand is greater than supply and there is a maximum in carbon dioxide and nutrient
concentrations because of the absence of phototrophic assimilation. In the present-day oceans the OML
generally forms within a depth range of c. 300–1500 m. When upwelling occurs nutrients from this zone
are taken up into the oxygenated euphotic zone, increasing phytoplanktonic production. The intensity of
oxygen depletion within the OML is dependent on the residence time of this layer within the water column
and the productivity of the overlying euphotic zone. Where the OML intercepts the continental slope, the
bottom waters and sometimes the sediment become anoxic (Fig. 3.23). An example is the accumulation
of organic-rich sediments under the Peru upwelling. OMLs are not always directly related to high rates of
in situ degradation of organic matter, and can be found at intermediate depths in parts of the open ocean
well away from coasts, due to advection (the horizontal movement of water bodies) resulting from oceanic
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Fig. 3.23 Important oxygen-depleted environments (shaded areas) associated with deposition of organic-rich sediments
(after Brooks et al. 1987).
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circulation patterns (Box 3.2). Oxygen will slowly diffuse into the OML from surrounding water bodies
(Box 3.8), but it can be removed by relatively moderate levels of aerobic respiration.

At present, bottom waters and the upper layer of sediment throughout most of the oceans are
oxygenated, as a result of the deep-water circulation pattern (see Box 3.2). The oxygen content of the
deep oceans is controlled mainly by the balance between oxygen supply in downwelling areas (primarily
the main zones of deep-water formation) and oxygen consumption during oxidative decomposition of
organic matter (Sarmiento et al. 1988). Anoxia in deep water could occur if: (a) the amount of dissolved
oxygen supplied by downwellings was reduced sufficiently (i.e. the rate of ventilation declined); (b) nutrient
supply increased, fuelling primary production and so increasing the rate of organic decomposition; or (c)
nutrient utilization increased (it is presently poor in high-latitude oceans; see Section 3.2.7). At the present
oceanic ventilation rate, phosphate level and Redfield ratio (which control primary production and organic
decomposition; see Section 3.2.7), the maintenance of deep-water oxygenation requires a minimum
dissolved oxygen concentration in downwelling surface waters of c. 5 mg l−1 (Sarmiento et al. 1988). It is
presently about double this value.

Rapid burial can aid the development of anoxicity in sediments but can lead to the dilution of organic
matter by large amounts of inorganic material. If the energy of the water system is too high, deposition of
fine-grained material is limited and any organic matter present is susceptible to erosion and degradation.
This can be the fate of much sedimentary organic matter in productive areas, such as estuaries.

 Among the most prolific primary producers are mangrove swamp and saltmarsh communities (see
Table 3.2), and anoxicity can develop in the sediments trapped by the root systems of the macrophyte
stands. However, the formation of organic-rich sediments in these environments is hindered by dilution
with clastic material, a limited vertical extent of accumulation (if sea level remains constant) and subaerial
exposure. Similar limitations can apply to the preservation of organic-rich sediments in freshwater swamps
and marshes. Accumulation of significant thicknesses of organic-rich sediments in these areas requires
a gradual rise in water level (see Section 3.4.2).

Coral reefs are also productive areas, but are confined to oligotrophic waters, where the depth of light
penetration is at its maximum and coral polyps are not choked by detrital material. However, all nutrients
are effectively recycled within the living reef system, and the high energy, well-oxygenated environment
again limits the potential for formation of organic-rich sediments.

To summarize, in the modern oceans it is likely that <1% of primary production reaches the sea floor to
be preserved in sediments (Müller & Suess 1979). However, the preservation potential of this marine
organic matter can be enhanced by high primary productivity, an intensified OML, accelerated sinking
rates of detrital particles and rapid burial (Emerson & Hedges 1988). It appears that the accumulation of
organic-rich sediments in general is mostly associated with relatively high productivity in low-energy,
oxygen-depleted environments, some examples of which are shown in Fig. 3.23. Basins are important
sites for the potential large-scale accumulation of sedimentary organic material because anoxicity can
develop in bottom waters during the degradation of large amounts of detritus and thick sedimentary
deposits can form (Box 3.11). Among such depositional settings are large eutrophic lakes and marginal
marine basins in which the inflow of oxygenated bottom waters is obstructed by a sill or similar barrier
(Fig. 3.23).

(b) General controls on the organic content of marine sediments

At present, only c. 6% of all the organic carbon being deposited in marine sediments is accumulating
under high productivity (and low oxygen) zones and <1% in anoxic basins (see Table 3.8). The bulk (c.
90%) is accumulating at lower concentrations in coastal margin sediments, and understanding the
conditions responsible for its preservation will provide an insight into the conditions under which the low
levels of finely disseminated organic matter found in ancient sedimentary rocks probably accumulated.
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Box 3.11 Basins and accommodation space

A sedimentary basin is a depression in the Earth’s crust, usually the result of subsidence over a
considerable period of time, forming a depositional site where a large thickness of sediment can
accumulate. Lithospheric movement is involved (Fig. 3.24), resulting from thermal and tectonic
(crustal plate movement) processes. There are three main causes:

(a) thermal subsidence, caused by the contraction of cooling lithosphere (e.g. as newly-formed
oceanic lithosphere moves away from the constructive ridge);

(b) crustal thinning by extensional tectonics, causing fault-controlled subsidence (e.g. rift basins
like the North Sea, and strike-slip basins as formed along the San Andreas fault zone);

(c) flexural loading adjacent to mountain ranges (where compressional forces thrust up a
mountain range, the mass of which down-warps the lithosphere ahead of it, creating a
foreland basin as in the Basin and Range Province of western North America) and adjacent
to subduction zones (where the mass of the magmatic arc and the drag exerted by the
descending slab result in a fore-arc basin).
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Fig. 3.24 Major mechanisms of basin formation.
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Combinations of the above mechanisms
can be involved in basin formation. For
example, the crustal thinning caused by
extension is generally associated with higher
temperatures than in surrounding areas of
normal crustal thickness due to the rise of hot
asthenosphere nearer to the surface (see Box
1.2). As tectonic activity subsides, cooling
(thermal relaxation) results in crustal sagging
and basin formation. Another example is
erosion and subsequent subsidence during
cooling of a crustal bulge caused by a local
hot spot in the mantle. On a more localized
scale, sediment loading where a river delta
progrades on to adjacent oceanic crust can
cause the development of a depression. There
is a variety of classification systems for the
basin types that can be formed (e.g. Klemme
1980). The degree of lithospheric stretching
in a basin is often represented by the β factor,
which is the ratio of the length of a zone after
extension to that before (or, conversely, the
thickness of a unit before extension to that
after).

Regional tectonic processes exert a major
control on the room available for sediment to
accumulate (accommodation space) by
causing either subsidence, which permits
continued deposition of sediments, or uplift,
which halts deposition and potentially leads

(continued)
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to erosion of exposed deposits. Accommodation space in marine basins is also affected by global
sea-level (eustatic) changes, which result from changes in the volumes of both the ocean basins
and the seawater they hold. The former are tectonically related and potentially can have the greatest
effect. When the total length of mid-ocean ridges and the spreading rate are high, a large proportion
of the sea floor is elevated (thermal subsidence occurs further from the ridge axis than at less
tectonically active times), and sea-level can rise 600 m (as during the Cretaceous), leading to
widespread marine transgressions. The volume of water is mainly controlled by variations in the
size of continental ice sheets and thermal expansion of surface waters, which can cause a eustatic
change of up to c. 200 m.

This finely disseminated material accounts for most of the organic carbon present in the Earth’s crust
(some 15 Pt).

The sedimentary organic matter that is preserved in coastal marine sediments is intimately associated
with mineral surfaces (Mayer 1994), with c. 83% being apparently irreversibly adsorbed (Mayer’s comment
on Hedges & Keil 1995). Away from deltas the abundance of this organic material appears to be directly
related to the surface area of sedimentary minerals. It is equivalent to a monolayer coating of the mineral
surfaces (c. 0.86 mg Corg m−2), although much of it may be located within small pores (<10 nm diam.),
preventing access by hydrolytic enzymes (Mayer 1994). Strong adsorption is capable of protecting even
labile components such as amino acids and sugars (Henrichs 1992), slowing remineralization rates by
up to five orders of magnitude (Keil et al. 1994). Strong adsorption involving alkylammonium cations may
account for the enrichment of the non-protein amino acids β-alanine and γ-aminobutyric acid in the oxidized
surface layer of abyssal sediments (Whelan 1977). The presence of an adsorbed monolayer would suggest
that the organic material had originally been in solution (as DOM; see Section 3.3.1a), but adsorption
must have been rapid and irreversible for the most labile organic compounds, such as polyunsaturated
fatty acids, to be preserved, because continual desorption and readsorption would result in complete
degradation of such compounds in <1 kyr (Lee 1994). Sorption is likely to promote condensation reactions,
producing more refractory macromolecules as diagenesis progresses, and the polymers would also be
able to bind to more adsorption sites.

Deltaic settings are generally characterized by concentrations of organic matter significantly less than

Table 3.8 Approximate proportions of

sedimentary organic carbon accumulating in

various present-day marine depositional

environments (based on a total Corg burial

rate of 160 Mt C yr−1; after Hedges & Keil

1995, based on Berner 1989).

environment %

delta 44

shelf & upper slope 42

shallow-water carbonate 4

high-productivity slope 4

high-productivity pelagic 2

low-productivity pelagic 3

anoxic basin <1

that required to form a complete monolayer; this probably simply
reflects a deficiency in the supply of organic matter relative to the
very large amounts of mineral matter (Mayer’s comment on
Hedges & Keil 1995). The proportion of terrestrial organic material
within deltaic sediments decreases away from the shore, and
appears to be replaced by marine organic matter. A possible
explanation is that the concentration of terrestrial DOM in seawater
is very low, which promotes desorption of the terrestrial organic
matter from particulates and partitioning of the more plentiful
marine DOM on to the available adsorption sites (Henrich’s
comment on Hedges & Keil 1995). Terrestrial organic matter
seems slightly more recalcitrant than its marine counterpart in
deltaic settings (e.g. Amazon delta), although both types are fairy
efficiently degraded (≥70% and ≥90% respectively). The
degradation efficiency can be attributed to the intense and large-
scale physical reworking of the sediments by currents and waves,
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creating a massive, fluidized bed, which subjects the organic matter to repeated cycling from oxic to
anoxic conditions (Aller 1998).

The sediments of the abyssal plains contain <10% of the amount of organic matter needed to form a
monolayer on mineral grains, although there should be sufficient pelagic supply of organic matter to
provide full monolayer coverage. It appears that oxidative degradation is responsible, either directly by
the action of molecular oxygen or mediated by Fe3+ and Mn4+ (Mayer’s comment on Hedges & Keil
1995). Evidence for such oxidation is found in shelf/slope sediments redeposited on to the abyssal plains
as turbidites (accumulations of sediment, often thick, that have been transported down-slope in the form
of a sediment-water slurry, also called a density flow; Hedges & Keil 1995). The upper layers of the
turbidites are highly oxidized, with depleted organic content, but below the sharp redox gradient there is
little sign of oxidative degradation or of significant sulphate reduction, and organic matter content is
equivalent to that of the parent shelf/slope sediments. The degradation appears to be generally non-
selective, similar to the oxidation of lignin, and so may be the result of small oxidants such as H2O2,
which would be able to access small pores. The preservation of a monolayer-equivalent of adsorbed
organic matter appears to be related to oxygen-exposure time, which is least on the shelf and greatest on
the abyssal plain (Hedges & Keil 1995).

Overall, primary production is important in determining the sedimentary preservation of organic matter;
it must be high enough for sufficient organic matter to reach sediments. The length of time for which the
organic matter is exposed to oxygen plays a secondary role, which is modified by the degree to which
adsorption of the organic matter on to mineral surfaces protects it from microbial degradation. Whether
the detrital organic matter on mineral grains forms a smooth monolayer or a more patchy distribution has
yet to be established, and the potential contribution to it from bacterial biofilms should not be overlooked
(Parkes et al. 1993). However, a general sorption model is consistent with the approximately constant
Corg:S wt ratio of c. 2.8 observed in marine sediments (Berner 1984). This coupling between carbon and
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Fig. 3.25 Inverse relationship between carbon content
of sediments (normalised to grain surface area) and
exposure time to oxygen (after Gélinas et al. 2001).
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sulphur could arise from the preferential sorption of
both iron hydroxyoxides (see Box 3.7) and organic
matter on fine-grained sedimentary minerals, and
conversion of the iron to pyrite by the H2S from
sulphate reduction (Hedges & Keil 1995). The organic
matter in organic-rich sediments may be present as
discrete packages or as multiple layers adsorbed on
to mineral surfaces. The latter seems to dominate in
marine sediments, and it would be expected that the
strength of adsorption would decrease as the number
of layers increases. Under such circumstances the
upper layers would be more prone to degradation, so
the protection afforded by anoxia may be particularly
important (Hedges & Keil 1995).

From the negative correlation between the organic
C content of sediments and exposure time to oxygen
in Fig. 3.25 it appears that the development of anoxicity
aids the preservation of sedimentary organic matter
in all marine environments. The degree of
concentration of organic matter is significantly greater
in coastal areas – where burial rate and hence the
duration of exposure to oxygenated pore waters is
restricted – than in deep-sea settings with very low
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sediment depositional rates. In addition, the
concentration of non-protein polymethylenic material
(e.g. algaenans; see Section 2.4.2b) seems to be
favoured by low levels of exposure to oxygen (Gélinas
et al. 2001). As this material is believed to be the main
precursor of oils (see Section 4.4.3a), it appears that
the long-held belief that anoxic diagenesis aids the
development of oil potential is correct.

(c) Feedbacks to atmospheric oxygen

As we saw in Section 1.4.2, the amount of oxygen in
the atmosphere is linked to the amount of organic carbon
buried in sediments. If organic monolayer coverage of
mineral surfaces is the dominant process in preservation
of sedimentary organic carbon, and the surface area of
sedimentary minerals has remained fairly constant
during the Phanerozoic, it could help to explain the
apparent stability of atmospheric oxygen levels (Hedges
& Keil 1995, and Berner’s comment). However, this is

Fig. 3.26 Negative feedback between oxidation of
sedimentary organic matter and atmospheric oxygen
levels (after Harnett et al. 1998).
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an extremely conjectural proposition. Less controversial is the influence of oxygen exposure time on the
degradation of organic matter in deep-water sediments and its potential negative feedback, and hence
stabilizing influence, on atmospheric oxygen levels (Harnett et al. 1998), as shown in Fig. 3.26.

3.4 Depositional environments associated with accumulation of organic matter

In the earlier parts of this chapter we considered factors directly related to the production, degradation
and preservation of organic matter. This section is concerned with a more detailed examination of some
of the environments where organic-rich sediments accumulate.

3.4.1 Lacustrine environments

Lakes contain only 0.02% of the water in the hydrosphere, yet their deposits of organic-rich sediments
can be important sources of petroleum. There is a great diversity of lake types and sizes but an important
feature of all lakes is that they are ephemeral, on geological time-scales, and conditions in individual
lakes may change over relatively short periods. This can lead to a variety of organic facies (see Box 1.1)
in ancient lake basins reflecting different communities of organisms (i.e. autochthonous sources),
allochthonous contributions and depositional conditions. An example of such a complex lake system is
the ancient Green River Formation of Utah, Wyoming and Colorado, which contains huge reserves of oil
shales. The major source of organic matter is usually phytoplankton (see Section 3.2.6), but there can
also be significant contributions from terrestrial higher plant material.

Small lakes can have a variety of origins: they can be formed by volcanic or glacial action, by river
meandering (ox-bow lakes) or by coastal processes (lagoons). Lakes formed in areas adjacent to glaciated
regions (pluvial lakes) are now found in present-day dry belts (e.g. Salt Lake, Utah, USA) and were
formerly much larger than at present. Very large-scale lakes are tectonic in origin (see Box 3.11) and are
formed either in active tectonic areas such as extensional rift valleys (e.g. East African Rift) or as
intracratonic sag basins (i.e. within a stable continental plate, e.g. Lake Chad, Africa).

Lake size and morphology influence the thermally induced stratification of the water column and its
stability, as there is a relationship between the depth of the seasonal thermocline and the maximum fetch
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of the water body: the longer the fetch (i.e. the distance over which wind acts on the water), the deeper
the thermocline. The potential effects of stratification on productivity and anoxicity have been discussed
in Sections 3.2.2–4 and 3.3.4.

Lake sedimentology is dependent on the size of the lake, its water chemistry and the amount of
allochthonous, river-derived, clastic material (Kelts 1988). Organic material found in lakes ranges from
microbial (i.e. algal and bacterial) remains through to degraded terrestrial material. Lakes can be classified
according to whether there is a through-flow of water: they are hydrologically open if they have an outlet
and are hydrologically closed if they lack one. However, some lakes have been both closed and open
during periods of their history (e.g. Lake Kivu, Africa).

(a) Open lakes

Open lakes are characterized by having fairly stable shorelines, because inflow and precipitation are
balanced by outflow and evaporation. Most of the allochthonous material in hydrologically open lakes is
transported there by rivers. This input is, therefore, controlled by river drainage (or catchment) areas and
the climatic influence on run-off. During the early summer the load can be heavy, but during the winter it
may be only very minor, if much of the precipitation is held as snow and ice on higher ground. These
conditions give rise to layered sediments, which are discussed more fully below. Examples of depositional
elements in a hydrologically open, freshwater lake are shown in Fig. 3.27.

In large lakes siliciclastic sediments (see Box 3.11) are normally concentrated around river mouths as
beaches, spits and barriers fashioned by wave and current action. Deltas may also be present in relatively
deep, freshwater lakes and resemble those found in marine environments. Nearshore deposition is
characterized by accumulations of terrestrial plant material, deposited on delta tops, which can form
peats (see Section 3.4.2). Decomposer communities may actively rework the higher plant material
deposited within the delta, their remains augmenting the organic material (particularly the lipids). Delta
fronts can become over-steep and collapse, depositing turbidites in deeper water. While this results in
conditions suitable for preservation of organic matter, dilution by large volumes of clastic material tends
to occur (see Box 3.11).

In offshore regions, clastic sediment is deposited by pelagic rain (i.e. fall-out of material from the water
column) and by various forms of sediment gravity flow (e.g. slides and slumps as well as turbidites;
Reading 1986). Organic material can be mostly autochthonous, of planktonic origin. It may be deposited
in anoxic or poorly oxygenated bottom waters, due to water column stratification, in which bioturbation is
inhibited. This often results in the formation of organic-rich shales and marls, which may be of great
thickness and have a very high organic carbon content (Powell 1986). Large permanently stratified lakes
with anoxic bottom waters are mainly associated with tropical climates (see Section 3.2.2b and Box 3.3).
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Fig. 3.27 Generalised depositional components in a hydrologically open, freshwater lake (after Eugster & Kelts 1983).
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The offshore deposition of many lakes is characterized by rhythmical sedimentation of alternating
layers (or varves; Reading 1986). Varves arise because fine-grained sediment may be suspended for
long periods in stratified lakes, depending on the degree of circulation and the availability of flocculating
agents. The coarser-grained layers of sediment result from fluvial summer deposits and the fine-grained
layers from fall-out during the winter. The thickness and nature of the layers depend on the proximity of
the inflowing river.

Sedimentary lamination is also caused by the deposition of calcium carbonate and is important in
most freshwater lakes where the clastic input from rivers is low. Carbonate deposits may be chemical or
biogenic (see Box 1.1). As with phytoplanktonic production, the abiogenic (chemical) precipitation of
calcium carbonate is seasonal, occurring during the warmer months. During this period carbon dioxide is
removed from the water by planktonic photosynthesis, which causes water acidity to decrease and calcium
carbonate to precipitate. From the equilibrium in Eqn 3.9c (Box 3.12) it can be seen that if the amount of
CO2(aq) decreases, more CO2(aq) and carbonate are produced from bicarbonate, which increases the
concentration of carbonate and promotes its precipitation. Subsequently, the water becomes more acidic
and no longer supersaturated with respect to calcite (the main form of crystalline calcium carbonate),
resulting in cessation of precipitation. In large, deep, seasonally stratified, anoxic lakes this seasonal
variation gives rise to laminated organic-rich sediments showing annual couplets. The lighter laminae
represent the spring and summer production of carbonate with low magnesium content following
phytoplanktonic blooms, whereas the dark, carbonate-poor, organic-rich layers arise from the settling out
of organic material (particularly diatom remains) during winter (Allen & Collinson 1986). Most organic
material in these lakes is preserved as carbonate laminates in the offshore lacustrine depositional region.
Moving shorewards into shallower water, biogenic carbonate may form, consisting of shells or algal
carbonates.

(b) Closed lakes

Hydrologically closed lakes can be divided into perennial saline lake basins and ephemeral salt-pan
basins. Changes in water level in lakes with closed drainage cause substantial fluctuations in shorelines
and much reworking of sediment in the nearshore zone. However, pelagic, organic-rich, carbonate
laminates, interbedded with evaporitic minerals, can form in the centre of perennial saline lake basins
when anoxic conditions exist due to stratification at times of high water levels (Eugster & Kelts 1983). The
stratification results from salinity differences, and the water below the halocline becomes depleted in
oxygen.

In ephemeral continental sabkhas, evaporitic minerals (e.g. high magnesium calcite and gypsum)
form on the edges of the water body, and during periodic rains they may be washed into the lake and
deposited. The organic-rich facies of these lakes may be formed during more arid periods, when the
growth of cyanobacteria is favoured. Mat-forming communities at the water line, dominated by
cyanobacteria, can be highly productive in hypersaline environments and form considerable thicknesses
of laminated stromatolitic deposits, because desiccation discourages colonization by grazing invertebrates.
As well as colonial genera of cyanobacteria (e.g. Lyngba, Microcoleus, Oscillatoria) many other microbes
are present. For example, diatoms are present in the upper layers, along with cyanobacteria, but lower
down there are photosynthetic purple and then green sulphur bacteria, and towards the bottom anaerobic
respiration by sulphate reducers and methanogens occurs (van Gemerden 1993). Heterotrophes are
found in the uppermost layer and methane and sulphur oxidizers are also present, leading to efficient
nutrient recycling by the microbial consortia (e.g. Canfield & Des Marais 1993), which form a complex
syntrophic community. The greater part of the energy flow occurs in a surface layer <1 cm thick, driven
primarily by the rapid turnover of cyanobacterial biomass.
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Box 3.12 Alkalinity of seawater and dissolved carbon

When atmospheric CO2 dissolves in water, a sequence of equilibria are involved, which can be
represented by:

The distribution of the carbon-containing species (carbonic acid, bicarbonate and carbonate)
depends upon pH, as shown in Fig. 3.28 (see Box 3.4). Seawater is slightly alkaline, and its pH
rarely falls outside the range 7.5–8.5 owing to the buffering effect of the equilibrium between
bicarbonate and carbonate ions. Consequently, seawater contains negligible carbonic acid, and
OH− ions are more abundant than H+, so the main equilibria can be represented by Eqns 3.9a and
3.9b, which are combined to give Eqn 3.9c:

CO2 + H2O        H2CO3        HCO3
− + H+        CO3

2− + 2H+

carbonic acid bicarbonate carbonate

[Eqn 3.8]

CO2(aq) + OH−        HCO3
−

CO3
2− + H2O        HCO3

− + OH−

CO2(aq) + H2O + CO3
2−        2HCO3

−

[Eqn 3.9a]

[Eqn 3.9b]

[Eqn 3.9c]

(continued)

The concentration of the positive charges
for the cations Na+, K+, Mg2+ and Ca2+

present in seawater is slightly greater than
the total concentration of the negative
charges from the anions Cl−, SO4

2− and Br−.
This excess positive charge is balanced
primarily by bicarbonate and carbonate
anions, which can be considered to derive
from the weak acid carbonic acid.

Alkalinity may be defined as the excess
of anions of weak acids in seawater, so it is a
measure of the ability to react with H+ ions:
the higher the alkalinity of a solution, the
greater its capacity to react with H+. There
are also minor contributions to alkalinity from
anions of other weak acids such as borate,
silicate and phosphate. Water can be
considered a weak acid; its contribution to

Fig. 3.28 Summary of the approximate equilibration of
carbonic acid, bicarbonate and carbonate in water of
varying pH. (DIC = dissolved inorganic carbon.)
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alkalinity is the difference between the hydroxyl and proton concentrations. Total alkalinity can be
defined as:

Talk = [HCO3
−] + 2[CO3

2−] + [H2BO3
−] + [H3SiO4

−] + [H2PO4
−] + 2[HPO4

2−]
+ 3[PO4

3−] + [OH−] − [H+] [Eqn 3.10]

where [ ] denotes concentration.
Because bicarbonate and carbonate are by far the most abundant of the anions in Eqn 3.10,

alkalinity (A) can be simplified to:
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3.4.2 Coal-forming mires

Coal is a carbonaceous material formed by compaction and induration of plant remains that were most
likely originally deposited as peat. Coal seams date back to the Middle Devonian, when extensive
development of land plants occurred (see Section 1.5.4), but the first economic deposits originate from
the Early Carboniferous. The number of peat-forming plant varieties was small until the Early Cretaceous,
when a great increase in species diversity occurred. Although most peats are autochthonous, some are
thought to have an allochthonous element and are associated with enhanced mineral content. The latter
peats may be formed from reworked peats or from vegetation that has been transported, often by rivers
and wave action, and the coal formed under these conditions is termed detrital. However, there is debate
about whether detrital deposits have been correctly identified and whether such deposits are mostly
autochthonous but reflect particular environmental conditions during peat formation.

(a) Peat formation

A variety of terms is used for the depositional setting of peats – bogs, swamps and mires – but mire is
used in this section. Accumulation of peat in a mire requires the following conditions (Stach et al. 1982):

a gradual and continuous rise in the groundwater table;
protection of the mire against flooding by sea and rivers;
a low-relief hinterland limiting supply of fluviatile sediments.

To create favourable peat-forming conditions the water balance must be right, with precipitation and
inflow exceeding evaporation and outflow. Although compaction produces some accommodation space
(see Box 3.11), there generally needs to be a continuous rise in the groundwater, keeping it at or above
the sediment surface, if accumulation of peat is to continue. If the water table rises too rapidly the mire
drowns and peat formation ceases. Marine transgressions are often associated with an increase in sulphur
content towards the top of a coal bed and the presence of overlying sands. If the water table falls the peat
already formed dries out and is subject to erosion and, eventually, subaerial oxidation. Peat deposition
may be cyclical, related to fluctuations in relative sea level. Figure 3.29 summarizes conditions associated
with coal-forming mires during the Holocene.

A = [HCO3
−] + 2[CO3

2−] [Eqn 3.11]

Total dissolved carbon is usually represented by by the term ΣCO2, and is dominated by bicarbonate
and carbonate (dissolved CO2 and organic C are minor components), so its concentration can be
approximated by:

[ΣCO2] = [HCO3
−] + [CO3

2−] [Eqn 3.12]

Subtracting Eqn 3.10 from 3.11 gives:

[ΣCO2] = A − [CO3
2−] [Eqn 3.13]

Removal of dissolved C does not affect the amount of cations in seawater, so alkalinity (A) remains
constant and Eqn 3.12 indicates that the concentration of carbonate ions will increase. Dissolved
CO2 levels decrease as both salinity and temperature increase (Weiss 1974) and, ultimately,
seawater can become supersaturated with respect to calcium carbonate. Removal of CaCO3 affects
both alkalinity (because of the decrease in Ca2+ ions) and dissolved C concentrations.
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Clearly, the rate of production of plant material must exceed its rate of decay if peat is to form, but this
is effectively a function of the water table. Water-logging and stagnation allow anoxia to develop rapidly
due to the activity of the decomposers and, as noted in Section 3.3.3c, woody tissues are far less readily
degraded under anaerobic conditions.

Climatic factors play an important role in peat formation because plant production and decay both tend
to increase with rising temperature and humidity. So although productivity is higher in tropical than temperate
mires (Fig. 3.29), peat accumulation rates can be significantly lower because of elevated decay rates
(Table 3.9). At present, large peat deposits are forming under cool conditions at latitudes >45˚ in high
moors and raised bogs. This is because plant growth is less dependent on temperature than is bacterial
decay. Bryophytes (mosses) are particularly important in such areas, especially Sphagnum. The acidity
of bog pools creates an unfavourable environment for the decomposer bacteria (see Section 3.3.2b) and
results from moss exudates as well as the by-products of the limited bacterial activity that does occur. In
tropical regions, such as the Mahakam Delta (Borneo, Indonesia), peat preservation results from the
extremely high rainfall, leading to water-logging and anoxia.

Peat deposited in paralic (i.e. marginal marine) environments, such as river floodplains and deltas,
needs protection by bars and spits from major marine inundations and by levees from river floodwaters.
Peat formation can be halted by the deposition of excessive fluviatile sediments (Fig. 3.29): the siliciclastic
material is responsible for the ash formed during coal combustion, and ash content of c. 20% seems to
be the upper limit for coal formation. Consequently, peat formation is favoured by a river hinterland of low
relief (and hence low energy), which reduces the sediment load of rivers.

A variety of peat types can be identified according to the main plant genera present. These include
reed/sedge types (e.g. Cladium, sawgrass), woody types (e.g. Taxodium distichum, swamp cypress;

Table 3.9 Comparison of peat-forming environments (after Bend 1992).
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Rhizophora mangle, mangrove) and moss types (e.g. Sphagnum). Not only does the flora contributing to
peats vary with environmental factors (particularly climate) and over geological time, it also varies with
time during the evolution of a mire. Succession of plant communities can occur in mires as a consequence
of changing environmental factors that control the level of the water table relative to the height to which
the substrate of dead plant material has built up. Initially, therefore, water plants such as reeds may
dominate. As the ground builds up and dries out herbs and then scrub, characteristic of drier ground, can
develop and eventually trees become established. If this succession occurs over the entire area of a mire,
the mire disappears and peat accumulation ceases. However, different patches of a mire can be at
different stages in this cycle and, overall, peat accumulation continues. Horizons can then be recognized
in the peat due to formation from different plant types. A rapid rise in the water table can cause drowning
of the mire and again peat deposition stops.

(b) Mire types

Mires can be classified according to the hydrological regime as ombrotrophic, where the water supply is
primarily rain, and rheotrophic, where groundwater is the main supply. Ombrotrophic mires are associated
with surface doming, forming a raised mire (or bog), which is low in nutrients (oligotrophic) but is also
removed from the influence of major influxes of inorganic minerals and so produces coals with very low
ash contents. Persistent heavy rainfall is responsible for maintaining water saturation within raised mires,
which lie above the regional water table. The surfaces of raised mires grow up to 10 m above the coastal
plain in the Mahakam Delta. Rheotrophic mires are generally rich in nutrients and minerals, and tend to
yield high-ash coals. This type of mire produces a more uniformly low-lying swamp, or planar mire, in
which the surface is at or below the water table most of the time (e.g. Florida Everglades).

The major areas of peat formation today are raised mires, which are found in the tropics (e.g. Malaysia
and Indonesia) and the temperate zone of the northern hemisphere. The boreal raised mires are dominated
by moss (Sphagnum), whereas their tropical counterparts bear trees. As the raised mires develop, plant
diversity decreases; for example, the dipterocarp Shorea albida is often the only tree on raised mires in
NW Borneo.

 The planar mires (swamps) of modern tropical and subtropical deltas (e.g. Mississippi and Niger) do
not seem to be good models for ancient coal-forming environments because they contain too much
inorganic mineral matter and experience seasonal fluctuations in water level that either prevent much
peat accumulating or result in its oxidation. Most Permian, Carboniferous and Tertiary coal deposits have
a low ash content, and so appear more akin to raised mires. However, they occupied a much larger area
than present-day peat-forming environments (modern boreal raised mires are mostly sited in depressions
formed by Quaternary glaciation). The ancient coal-forming environments appear to be associated with
high and rising sea level (see Section 4.6.1), which generally leads to relatively low rates of supply of
terrigenous clastic material from smaller subaerial sources, so a conventional planar-mire setting cannot
be discounted.

The Okefenokee swamp of south Georgia, USA, is believed to be similar to planar mires existing in the
Tertiary. It covers c. 1500 km2 and has peat deposits up to 5 m deep, which are accumulating at c. 0.5 mm
yr−1. Beneath the peats are Pleistocene sands and muds, which originally formed the bed of a shallow
lagoon at a time when the Atlantic reached much further inland, but the swamp is now 30 m above sea
level. There are two distinct environments: forests (covering most of the swamp) and open-water marshes
(called prairies).

The prairies are rarely flooded to >30 cm and only dry out during major droughts (at c. 25 yr intervals).
The fibrous peat in the prairies is thickest where it overlies depressions in the sands and muds of the
ancient lagoon, and is mainly formed from the roots, leaves and stems of the abundant water lilies. Marsh
gas can cause large areas of peat (batteries) to rise to the surface. Water plants on these batteries die as
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the surface dries out and are replaced sequentially by grasses and sedges, then shrubs and finally large
trees (mainly cypress), which form tree houses anchored by tree roots to the underlying peat. The fringing
growth of maiden cane and sedges rots away quickly and contributes little to the peat.

Eventually tree houses may merge and form expanses of forest. Because these areas are relatively
dry, oxygen is generally available for the degradation of litter, although a granular peat still accumulates
(c. 1 m thickness), formed mostly from cypress remains (needles and wood). Major droughts can cause
the surface of the prairies to dry out and the peat may even then ignite. The existence of prairies, therefore,
is due mainly to fires that halt forest establishment, leaving charcoal behind as evidence. The relative
abundance of prairies and forests can be seen in the vertical profile of repeating sequences, grading
upward: cypress peat, charcoal zone, fibrous water lily peat.

3.4.3 Marine environments

Oceanic environments can be divided into areas according to water depth: continental shelf, 0–200 m;
continental slope (which includes the continental rise), 200–4000 m; abyssal plain, 4000–5000 m (see
Fig. 3.5). Deeper areas are present – the trenches associated with subduction zones (destructive plate
margins) – but they are of relatively minor area and importance. Shelf, slope and continental rise are
collectively termed the continental margin and, as we have seen, primary productivity is at its highest in
this area of the oceans (Fig. 3.8). Basins on continental margins in which water exchange with the open
sea is restricted by physical barriers are important settings for the formation of organic-rich sediments,
together with upwelling areas (Fig. 3.23).

(a) Marine shelf deposits

Mud-dominated, but not necessarily organic-rich, offshore shelf deposits are abundant in the sedimentary
record. Currently, thick shelf deposits are forming in areas that have low wave and current energies and
where suspended sediment is at high concentrations. The type of sediments deposited is dependent
upon climate, latitude, major wind belts and tidal energies.

Major periods for the widespread formation and preservation of organic-rich sediments in shelf deposits
include the mid part of the Cambrian, the early Mid-Ordovician, the Devonian, Early and Late Jurassic
and the mid and Late Cretaceous (see Section 6.3.4a). These periods may have coincided with large
global (eustatic) rises in sea level resulting in marine transgressions and the extensive deposition of
organic-rich, shallow, marine mudstones as the oceanic mid-water oxygen-minimum layer impinged on
large, epicontinental, shelf areas. Such transgressions can release large amounts of nutrients into epeiric
(shallow inland) seas, enhancing primary productivity and generating large quantities of organic detritus.
It is likely that areas of the flooded shelves had restricted water circulation, providing the potential for the
development of anoxia and the preservation of sedimentary organic material. In the present-day marine
environment, shelves are also the setting for upwelling currents, which off the Namibian coast result in an
oxygen-deficient zone measuring 340 km long by 50 km wide. Sediments deposited in upwelling zones
have distinctive features including laminated non-bioturbated muds, phosphorites and uranium minerals
(Allen & Allen 1990). Uranium is an unusual metal in that salts of its higher oxidation state are soluble, but
those of its lower oxidation state are insoluble. Consequently, uranium enrichment in sediments is generally
associated with anoxicity and often elevated organic content.

The coastal shelf area has an intimate association with the land at the deltas of major rivers (e.g.
Mississippi and Amazon). Peat and lignite formation is often a feature of the delta plain, although freshwater
phytoplankton and bacteria that rework detritus may be locally important in lakes, swamps and abandoned
channels. Brackish conditions may also occur, favouring those bacteria that rework organic debris (chiefly
from higher plants) and giving rise to organic-rich sediments with a high wax content. On the seaward
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slopes of the deltas a large proportion of organic material is of terrestrial origin and at least partially
oxidized. Nutrients are abundant and productivity may be high, but preservation of organic material in
high concentration is not favoured because it is often greatly diluted by organic-poor fluvial sediments
derived from a hinterland that is not covered with lush vegetation. However, organic-rich sediments are
presently forming in the tide-dominated portion of the Mahakam Delta plain. This is because there is a
large amount of fine-grained organic-rich sediment in the delta which is derived from the fluvially dominated
part of the delta plain that supports rich equatorial forests of mangrove and palm (Elliott 1986).

Deposition of organic-rich sediments further down the shelf and on to the continental slope and rise
often occurs as a result of turbidite flows, redistributing organic-rich sediments from delta fronts or from
further up the shelf and slope (Summerhayes 1983). While there is a certain amount of pelagic
sedimentation, primary production decreases away from the coastline as nutrient levels decline, and
detritus is largely recycled before it settles to the sea floor. However, this may not always have been so in
the past, when the thermohaline circulation (Box 3.2) did not operate and there may have been widespread
anoxia in bottom waters, aiding preservation of sedimentary organic matter (e.g. Cretaceous oceanic
anoxic events; Section 6.3.4a).

In hot arid areas where the continental shelf meets the land, marine sabkha-type environments exist.
For example, on the Trucial coast of Abu Dhabi shallow marine carbonate sediments are reworked and
bound by microbial mats. In the upper intertidal zone these mats are virtually undisturbed by predators
and can grow and be preserved, eventually forming extensive organic-rich deposits (stromatolites; see
Section 3.4.1).

(b) Enclosed and silled basins

Apart from nearshore areas and deltas, continental shelves are not important as sites of organic-rich
sediment accumulation except where basins are present. Whether or not such a basin will contain organic-
rich sediments depends on factors such as climate, water depth (200–1000 m is ideal) and hydrology.
The nature of water exchange with the open sea is important when establishing whether a restricted
basin has the potential to accumulate organic-rich sediments. A negative water balance occurs in arid
hot climates, where surface seawater flows in to make good losses due to both evaporation and the
sinking of hypersaline water which then flows out of the bottom of the basin. The bottom waters of the
basin are, therefore, oxygenated and depleted in nutrients, providing unfavourable conditions for the
formation of organic-rich sediments. Examples of such basins are the Red Sea, the Mediterranean Sea
and the Persian Gulf.

When the water balance is positive the outflow of relatively fresh water exceeds the inflow of denser
saline water. The latter tends to be relatively rich in nutrients but depleted in oxygen (due to the decay of
organic matter sinking out of the overlying water column). A pronounced salinity gradient often occurs in
the water column of the basin, allowing stratification to occur and the development of anoxia in the lower
layers. Nutrients are often trapped in such basins, potentially resulting in high productivity and preservation
of sedimentary organic matter in oxygen-poor conditions. Examples of such basins are the Black Sea,
the Baltic Sea and Lake Maracaibo (Venezuela) (Demaison & Moore 1980).

(c) Production and preservation of organic matter in the Black Sea

The Black Sea is often used as a model for the preservation of organic-rich sediments of the type that
can yield petroleum. It is the largest body of anoxic marine water in the world. Productivity is high in
surface waters and degradation of the resulting detritus leads to anoxicity in the deep water of the isolated
basin. Preservation of organic carbon is consequently high; the estimated production and preservation
rates of organic matter are given in Table 3.10. Primary production is largely attributable to phytoplankton,
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but there are also small allochthonous inputs of detrital
organic matter to the euphotic zone from rivers.
Photosynthetic and chemosynthetic bacteria also make
significant contributions to autochthonous organic matter.
Most of the photosynthetic production and allochthonous
inputs are recycled within the euphotic zone, while sulphate
reduction accounts for most of the anaerobic degradation.
However, c. 4 g C m−2 is preserved in sediments annually.

Some interesting changes seem to have occurred in the
water column of the Black Sea in recent years (Repeta et
al. 1989). The hydrogen sulphide interface (which is also
termed a chemocline, because the sulphide concentration
increases rapidly across it) has moved up into the euphotic
zone, at c. 80–100 m depth. Concentrations of
bacteriochlorophyll-e (Fig. 2.27) and bacterial aromatic
carotenoids (e.g. isorenieratene; Fig. 2.23) reach a
maximum at this depth, providing evidence for anaerobic

Table 3.10 Sources and fate of organic carbon in

the Black Sea over the last 2000 years (data after

Tissot & Welte 1984).

annual flux

(g C m−2)

inputs

photosynthesis 100

chemosynthesis ~15

rivers 5

Azov and Marmara Seas 2

outputs

aerobic respiration ~100

Azov and Marmara Seas 3

sulphate reduction 10

dissolution 5

sedimentary preservation 4

bacterial photosynthesis by Chlorobium in this region of the water column. The biomass of photosynthetic
bacteria (estimated at c. 0.5 g m−2) may amount to half that of the phytoplankton, suggesting that the
Black Sea has the largest and deepest community of photosynthetic bacteria presently in existence.
There is evidence that shoaling of the chemocline, leading to euxinic conditions in the lower euphotic
zone, has occurred periodically over at least the past 6 kyr (Sinninghe Damsté et al. 1993c). It seems
likely that anaerobic bacterial photosynthesis has been important in similar ancient environments (see
Section 6.3.4a).


